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ABSTRACT
Stable isotope compositions of hydrogen and oxygen for continental condensates are determined foremost by equilibrium
and kinetic isotope fractionation during evaporation at the oceanic source regions. Subsequently they are modified by
a series of in-cloud processes, which include condensation and possible admixture of vapour from evaporation and
transpiration over the continents. The effects of vapour admixture from evaporation and transpiration on the isotope
compositions of hydrogen (δ2H) and oxygen (δ18O) for local precipitation are discussed in this paper. Using a modified
Rayleigh fractionation model, the effects are described for both constant and stepwise evaporation and transpiration
fluxes. Further, deuterium (d)-excess values are employed to estimate the evaporation ratio and the slopes of δ–T
polynomial regression curves are used to estimate the transpiration ratio. Finally, the influence of sea surface temperature
on isotope compositions in condensates is modelled and its effect on d-excess and regression equations is examined.

1. Introduction

A fundamental physical principle in isotope hydrology is
Rayleigh fractionation. This mechanism describes the evolu-
tion of isotope compositions of water vapour and condensates
in an air mass during in-cloud condensation processes (e.g.
Dansgaard, 1964). However, in reality, vapour recharge to a trav-
elling air mass from evaporation and transpiration over the conti-
nent can be important. Additionally, there might be below-cloud
secondary effects (secondary evaporation and isotope exchange)
on raindrops. These processes are not addressed by the Rayleigh
fractionation model.

Vapour recharge from continental evaporation (surface water
bodies and soils) and transpiration (plants) makes up a signifi-
cant portion of the atmospheric water budget (Berner and Berner,
1996). However, its contribution to local precipitation has been
difficult to estimate and quantify. Isotope compositions of hy-
drogen and oxygen in precipitation over the continents should
provide useful information in this regard.

One objective in this paper is to determine the isotope compo-
sition of in-cloud condensates. However, in most cases precipita-
tion samples are only collected at ground level. Small samples of
rain may be substantially affected by secondary evaporation and
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hence these samples do not represent the isotope compositions
of in-cloud condensates (e.g. Dansgaard, 1964). It turns out that
isotope data for snow samples and large samples of rain collected
at ground level reflect those of in-cloud condensates. Solid forms
of precipitation are not subject to below-cloud effects (Moser and
Stichler, 1980), and secondary evaporation diminishes or ceases
during events with a large amount of rain due to saturation in
the air column below the cloud base. Therefore, small samples
of rain are omitted when evaluating the in-cloud condensates.

In addition to the isotope characterization of in-cloud con-
densates, another objective of this paper is to examine how an
admixture of vapour from evaporation and transpiration over the
continents modifies the isotope composition of precipitation.

2. Stable isotope compositions of hydrogen and
oxygen for vapour over the ocean surface

The isotope composition of hydrogen (or oxygen) in the evapo-
rating water flux (RE) is described by the Craig–Gordon equation
(Craig and Gordon, 1965):

RE = Rw − αe(To)ho RV

α0(1 − ho)
. (1)

The symbols are defined in the Appendix.
The isotope equilibrium fractionation factor for hydrogen

or oxygen is a function of temperature (Majoube, 1971) and
is denoted as αe(T ). T is temperature in kelvin. T o refers to
the sea surface temperature (SST). SST values are provided
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by the US National Ocean and Atmosphere Agency (NOAA;
http://www.saa.noaa.gov/nsaa/products/welcome). The effects
of SST on the isotope compositions of condensates will be pre-
sented later. α0 is the kinetic fractionation factor and equals
αe(1 + θnCD) (Gat et al., 1994). C D is a model-dependent
“kinetic constant” which relates to the molecular diffusivity
of water molecules. (C D)2H = 25‰ and (C D)18O = 28.5‰
(Merlivat, 1978). n, which has values between 0 and 1, is a
factor dependent on the wind regime over the water pool. The
weighting factor θ ranges between 0 and 1.

The following scenario is considered: a portion f of the evapo-
rated vapour condenses and precipitates in the atmosphere above
the oceanic source region. We assume that these condensates
are in isotopic equilibrium with the atmospheric water vapour.
Hence, the isotope composition of hydrogen (or oxygen) for the
vapour in the atmosphere above the ocean can be expressed as
(Van der Straaten and Mook, 1983):

RV = Rw

α(To)ho + α0(1 − ho)[1 − f + α(TE) f ]
. (2)

Equation (2) is the basis for further discussion. The value f =
0.85 is selected because more than 85% of the evaporated vapour
condenses and precipitates over the ocean (Letteu, 1954; Chow,
1964). The condensation temperature T E can be calculated using

TE =
(

1

To − 55
− ln ho

2840

)−1

+ 55

(Curry and Webster, 1999).

3. Modelling

The basic assumption is a “single vapour source and single air
mass trajectory”. An air mass acquires water vapour from a lo-
calized oceanic source and it moves to an inland station along
a specific trajectory with continuous admixing of vapour fluxes
from evaporation and transpiration over the continent. This ad-
mixture comprises vapour which is isotopically unfractionated
by transpiration from plants (e.g. Wang and Yakir, 2000) and
vapour which is isotopically fractionated by evaporation from
nearby open water bodies and soils. Continental surface wa-
ter is usually recharged by local precipitation either directly or
by groundwater flow. Therefore, the long-term average isotope
composition of precipitation at one specific site can be assumed
to be equal to that of local open water bodies and soils if evap-
oration is minimal. Therefore, the isotope fractionation factors
are related to the evaporation and transpiration fluxes, RE and
RT, by

RE = Rw − αeh RV

α0(1 − h)
(3)

RT = Rw. (4)

Ti Ti-∆T
(Ni, Ri) (Ni , Ri )

(Fe, RE) (Pi, RP) (Ft, RT)

Fig. 1. Admixture of vapour in a travelling air mass with that from
local evaporation and transpiration as well as the resulting
condensation occurring in the atmosphere above segment Li. The
travelling air mass, with its horizontal vapour flux Ni and isotope
composition Ri, enters the segment Li (condensation temperature Ti).
Here, it encounters admixture of local vapour from evaporation and
transpiration. After mixing and a temperature decrease, some vapour
condenses and precipitates. The remaining vapour, characterized by
horizontal vapour flux Ni

′ and isotope composition Ri
′, continues to

move into the next segment i + 1.

An air mass trajectory (denoted by L), starting from an oceanic
vapour source and ending at a specific continental site, can be
subdivided into a number of short segments, Li. In-cloud conden-
sation and admixture of moisture from evaporation and transpi-
ration occurring in the atmosphere above a given Li is depicted
in Fig. 1. The continuity equations for vapour fluxes and their
isotope compositions are:

N ′
i − Ni = Fe + Ft − Pi (5)

R′
i N ′

i − Ri Ni = RE Fe + RT Ft − RP Pi . (6)

N ′
i = N i+1 and R′

i = Ri+1. N and R are the travelling vapour
flux and isotope composition, respectively. The following three
equations, which relate Ri to Ri+1, are obtained by combining
eqs (3)–(6). Isotope equilibrium between condensates and water
vapour in the cloud is assumed:

R′
i = Ri+1

=
Pi
Ni

( ei
α0(1−hi )

+ ti

)
(αe + ei + ti − 1) Pi

Ni
+ 1

Rwi

+
1 − αeei hi

α0(1−hi )
Pi
Ni

(αe + ei + ti − 1) Pi
Ni

+ 1
Ri

(7)

� f = L

RwT 2
�T (8)

Pi

Ni
= � f

1 − � f (ei + ti )
. (9)

ei = Fe/Pi and ti = Ft/Pi are the evaporation and tran-
spiration ratios, respectively. Equations (7)–(9) constitute a
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modified Rayleigh fractionation model (MRFM), which can be
reduced to the classic Rayleigh fractionation model, i.e. �R =
Ri − Ri−1 = (αe − 1)Ri� f when admixture of moisture from
evaporation and transpiration is eliminated, i.e. ei = ti = 0.

Equations (7)–(9) describe the isotope evolution of water
vapour in the travelling air mass, when both condensation and
admixture of moisture from evaporation and transpiration are
considered. These simultaneous differential equations can be
solved by an iterative method. Isotope compositions of the
vapour and in-cloud condensates at location Li reflect a series
of local and regional factors, which include (1) isotope com-
positions of atmospheric water vapour above the ocean and (2)
local factors at individual sites along the air mass trajectory,
such as relative humidity, condensation temperature, evaporation
and transpiration ratios, isotope composition of surface waters,
etc.

In solving eqs (7)–(9), it is assumed that:

(1) The oceanic vapour source lies in the subtropical
trade wind belt (Peixoto and Oort, 1983). In this region,
SSTave = 24.7 ◦C (NOAA CoastWatch Ocean Product Server:
http://coastwatch.noaa.gov/interface/interface.html).

(2) The relative humidity (RH) above the ocean fluctuates
between 78% (T E = 19.65 ◦C) in winter and 82% (T E = 20.6 ◦C)
in summer.

(3) The annual average temperature at Li is 0 ◦C and
the average monthly temperature varies from −15 ◦C (winter)
to +15 ◦C (summer).

(4) Evaporation and transpiration for individual sites on the
air mass track are described by either constant flux for the whole
year or stepwise flux, i.e. e = t = 0 when T < 0 ◦C. In contrast,
e = emax and t = t max when T > 0 ◦C.

(5) δ2H and δ18O values for surface water at different sites
follow the global meteoric water line (GMWL), i.e. δ2H =
8.20 δ18O + 11.27, which was derived from the IAEA/WMO
GNIP database (Rozanski et al., 1993).

4. Modelling results and discussion

4.1. No contribution from evaporation and transpiration

This scenario assumes continuous cooling of a travelling air mass
and condensation without the admixture of continental vapour
from evaporation and transpiration.

4.1.1. Correlation equation between δ2H and δ18O (local
meteoric water line). The local meteoric water line (LMWL)
for condensates at Li derived from eqs (7)–(9) is δ2H =
7.93 δ18O + 8.97, whose slope and intercept are lower than those
of the GMWL. This stems solely from the temporal variation of
RH values above the ocean. When this temporal variation is ne-
glected and the RH value over the ocean surface is presumed to
be temporally constant, e.g. h = 80%, the LMWL at Li is much
closer to the GMWL, i.e. δ2H = 8.12 δ18O + 12.2.

Table 1. Calculated seasonal variations of the slopes of δ2H–T and
δ18O–T as well as d-excess values for in-cloud condensates at site Li,
without evaporation and transpiration admixture. Continuous cooling
of a travelling air mass and the subsequent condensation of its vapour
are assumed. The condensation temperature is T e = 19.65 ◦C above
the ocean and reaches −15 ◦C at site Li in the winter. Then it increases
gradually throughout the seasons and is finally T e = 20.65 ◦C above
the ocean and reaches +15 ◦C at site Li in the summer

T (�δ2H/�T )0 (�δ18O/�T )0 d0

(◦C) (‰ ◦C−1) (‰ ◦C−1) (‰)

−15.0 7.33 0.91 10.70
−13.5 7.17 0.89 10.60
−12.0 7.01 0.88 10.50
−10.5 6.85 0.86 10.43
−9.0 6.69 0.84 10.37
−7.5 6.54 0.82 10.33
−6.0 6.38 0.80 10.30
−4.5 6.23 0.79 10.27
−3.0 6.08 0.77 10.23
−1.5 5.93 0.75 10.19
0.0 5.78 0.73 10.15
1.5 5.64 0.71 10.10
3.0 5.49 0.70 10.04
4.5 5.35 0.68 9.96
6.0 5.21 0.66 9.87
7.5 5.08 0.64 9.76
9.0 4.94 0.62 9.64
10.5 4.81 0.61 9.48
12.0 4.68 0.59 9.31
13.5 4.55 0.57 9.11
15.0 4.52 0.55 8.88

4.1.2. Correlation equations between δ values and tempera-
ture. The calculated linear temperature dependences of δ2H and
δ18O values for condensates at Li are δ2H = 5.81T − 107.63
and δ18O = 0.72T − 14.72, respectively. However, the slope of
the δ–T relationship deserves more attention. In many cases, δ

values exhibit a quadratic relationship with T , and hence a poly-
nomial regression provides a better correlation between δ and
temperature values. By solving eqs (7)–(9), the quadratic rela-
tionships between δ2H–T and δ18O–T at Li were found to be
δ2H = −0.048T 2 + 5.88T − 112.45 and δ18O = −0.006T 2 +
0.73T − 15.34, respectively. Table 1 shows the dependence of
calculated �δ/�T values with local temperature. For example,
the �δ2H/�T value decreases from 7.47‰ ◦C−1 (T = −15 ◦C)
to 4.59‰ ◦C−1 (T = −15 ◦C).

4.1.3. Deuterium (d)-excess values. d-excess is defined as

d-excess = δ2H − 8 δ18O.

It is common to observe higher d-excess values for winter pre-
cipitation than in summer at sites with precipitation from a single
oceanic vapour source (Rozanski et al., 1993). This seasonality
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of d-excess values is attributed to three mechanisms: (1) lower
relative humidity over the source region in winter than in summer
(e.g. Merlivat and Jouzel, 1979); (2) snow formation processes
(Jouzel and Merlivat, 1984) and (3) secondary evaporation of rain
drops during their descent from the cloud base to the ground (e.g.
Dansgaard, 1964).

Table 1 shows the seasonal variation of calculated d-excess
values for in-cloud condensates at Li due to seasonality of RH
over the ocean. d-excess values decrease from 10.70‰ (ho =
78%) in winter to 8.88‰ (ho = 82‰) in summer. Hence, sites
with precipitation dominated by oceanic vapour generally have
decreasing d-excess values with increasing local temperature
(Schotterer et al., 1993). Moreover, d-excess values at Li were
expected to increase further in winter above 10.70‰ due to snow
formation and to decrease further in summer below 8.88‰ due
to secondary evaporation.
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Fig. 2. Dependence of the calculated slopes of LMWL (�δ2H/

�δ18O) for condensates at site Li on the evaporation ratios (eqs 7–9),
for constant flux (a) and a stepwise flux scheme (b). Evaporative
moisture decreases (constant flux) or increases (stepwise flux) the slope
of δ2H–δ18O, compared with the non-evaporative scenario (e = 0 or
emax = 0). Also, �δ2H/�δ18O tends to decrease further (constant flux)
or increase (stepwise flux) with increasing evaporation ratio.

Table 2. Use of eq. (10) to estimate the evaporation ratios. With a
given evaporation ratio of e = 5% (constant flux) or emax = 5%
(stepwise flux), the temperature dependence of d-excess values for
condensates at site Li were calculated from eqs (7)–(9), as shown in
columns 4 and 6. Then the results were substituted into eq. (10) to
calculate f e, as shown in column 5 and column 7. In both cases, “ f e”
was close to “e” or “emax”, which suggests that this simplified method
is consistent with the modified Rayleigh fractionation model (MRFM)
and could be used in the future to estimate evaporation ratios. Column
2 is identical to column 4 in Table 1. Column 3 is derived from eq. (11)

e = 5% emax = 5%

T (◦C) d0 (‰) d e (‰) d (‰) f e (%) d (‰) f e (%)

−15.0 10.70 96.30 15.20 5.20 10.70 0.00
−13.5 10.60 96.20 15.00 5.10 10.60 0.00
−12.0 10.50 96.10 15.00 5.20 10.50 0.00
−10.5 10.43 96.00 14.80 5.10 10.43 0.00
−9.0 10.37 96.00 14.80 5.20 10.37 0.00
−7.5 10.33 95.90 14.70 5.10 10.33 0.00
−6.0 10.30 95.90 14.70 5.10 10.30 0.00
−4.5 10.27 95.90 14.60 5.10 10.27 0.00
−3.0 10.23 95.80 14.60 5.10 10.23 0.00
−1.5 10.19 95.80 14.60 5.10 10.19 0.00
0.0 10.15 95.80 14.50 5.10 10.15 0.00
1.5 10.10 95.70 14.50 5.10 14.50 5.10
3.0 10.04 95.60 14.40 5.10 14.30 5.00
4.5 9.96 95.60 14.30 5.10 14.20 5.00
6.0 9.87 95.50 14.30 5.20 14.20 5.00
7.5 9.76 95.40 14.30 5.30 14.00 5.00
9.0 9.64 95.20 14.20 5.30 14.00 5.10
10.5 9.48 95.10 13.90 5.20 13.80 5.00
12.0 9.31 94.90 13.80 5.30 13.70 5.10
13.5 9.11 94.70 13.40 5.00 13.50 5.10
15.0 8.88 94.50 13.20 5.10 13.30 5.20

4.2. The contribution of vapour from evaporation

4.2.1. Dependence of the correlation between δ2H and δ18O
values (LMWL) on continental evaporation admixture. Figure 2
shows the relationship of calculated slopes of δ2H–δ18O
(�δ2H/�δ18O) at Li versus evaporation ratios for both constant
and stepwise fluxes. Evaporation vapour either decreases (con-
stant flux) or increases (stepwise flux) the �δ2H/�δ18O values,
compared with the non-evaporative scenario (e = 0 or emax =
0). Also, �δ2H/�δ18O values further decrease (constant flux) or
increase (stepwise flux) with increasing evaporation ratios. The
reasons are as follows: admixture of evaporative flux increases
the d-excess value of atmospheric moisture. Also, d evap demon-
strates an inverse relationship with local temperature (Table 2).
Hence, for a constant flux, evaporative flux increases the d-excess
values for vapour and condensates by different degrees in dif-
ferent seasons: maximum in winter and minimum in summer.
This results in a decrease of the δ2H–δ18O slope. On the other
hand, for the stepwise flux scheme, evaporative flux increases
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Fig. 3. Dependence of the calculated slopes of δ–T (δ2H–T and
δ18O–T ) for condensates at site Li on the evaporation ratios (eqs 7–9),
for both evaporation schemes. In both scenarios, evaporative moisture
flux tends to decrease the slope of δ–T correlation line compared with
the non-evaporation scenario (e = 0 and emax = 0). Also, the slope of
δ–T tends to further decrease with increasing evaporation ratio.

the d-excess value of condensates only at T > 0 ◦C, which leads
to an increase of the δ2H–δ18O slope.

4.2.2. Dependence of correlation between δ values and tem-
peratures on the continental evaporation admixture. Figure 3
shows the relationship of calculated slopes of δ2H–T and δ18O–
T versus evaporation ratios, for both constant and stepwise flux
schemes. In both cases the evaporation flux decreases the slope
of the δ–T relationship. Surface water and soil water with long
residence times have almost constant isotope compositions and
thus it is reasonable to assume that no correlation exists between
the δ values for evaporation flux and local temperature. There-
fore, after mixing with the evaporation flux of zero δ–T slope, the
atmospheric vapour and condensates are characterized by lower
δ–T slopes than the advecting vapour from the ocean.

4.2.3. Dependence of d-excess values on continental evapo-
ration admixture. Figure 4 depicts the relationship of d-excess
values for condensates at Li versus evaporation ratios. In both
constant and stepwise flux schemes, d-excess values increase due
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Fig. 4. Dependence of calculated d-excess values for condensates at
site Li on the evaporation ratios (eqs 7–9), for both evaporation
schemes. In both schemes, a marked increase of d-excess values for
condensates at site Li, compared with the non-evaporation scenario, is
observed.

to the admixture of the evaporated moisture compared with the
non-evaporation scenario. Moreover, d-excess values increase
with increasing evaporation ratios “e” (constant flux) or “emax”
(stepwise flux). The variation of d-excess values for atmospheric
vapour and the subsequent condensates caused by the admixture
of evaporation flux has been addressed by several authors (Gat
and Matsui, 1991; Ingraham and Taylor, 1991; Gat et al., 1994).
Evaporation moisture usually has higher d-excess values than
the incoming advection moisture. Hence, mixing of these two
moisture fluxes results in a higher d-excess value compared with
the advection moisture. This could explain the observation that
d-excess values of precipitation in Mongolia were elevated with
increasing temperatures (Schotterer et al., 1993).

4.2.4. Estimation of continental vapour admixture to precipi-
tation using d-excess values. Until now, a range of known evap-
oration ratios has been used to calculate d-excess values for con-
densates at Li. However, the reverse procedure, i.e. estimating
the contribution of continental evaporation from the known d-
excess values of condensates at Li, is more practical. Therefore, a
simplified method to employ d-excess values as a diagnostic tool
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to quantify the vapour contribution from regional evaporation to
local precipitation is suggested. The principle is as follows: the
d-excess value for local condensates is assumed to have two
components, a fraction f e derived from continental evaporation
flux (d evap) and a fraction of 1 − f e from advection vapour
(d adv). Thus d = (1 − f e)d adv + f ed evap. Hence, the continental
evaporation ratios can be estimated as

fe = d − dadv

devap − dadv
. (10)

The d-excess value of moisture from continental evaporation was
calculated (Gat et al., 1994) as follows:

devap = dsurf − dadv

1 − h
+ 107θ + dadv. (11)

It is essential to test if this over-simplified practice is consistent
with the MRFM in eqs (7)–(9) and therefore whether this method
can provide a reasonable estimate of evaporation ratios. Here,
a “loop” technique is employed: (1) with a given evaporation
ratio, d-excess values for condensates at Li were calculated from
eqs (7)–(9); (2) these results were then substituted into eq. (10)
to calculate f e.

Table 2 summarizes the results for both constant and stepwise
evaporation flux scenarios. It is apparent that f e is close to “e”
(constant flux) or “emax” (stepwise flux). Hence, this simplified
method is consistent with the MRFM and it is suggested that it
could be employed to estimate the continental evaporative ratio,
to a first-order approximation.

4.3. The contribution of vapour from transpiration

4.3.1. Dependence of relationship between δ2H and δ18O
values on transpiration ratio. Calculations from eqs (7)–(9)
show no apparent dependence between slopes of δ2H–δ18O
(�δ2H/�δ18O) and transpiration ratios, for both constant flux
and stepwise flux schemes. The isotope compositions of tran-
spiration vapour are identical to those of long-term local pre-
cipitation so that the admixture of transpiration vapour does not
appreciably affect the local δ2H–δ18O relationship.

4.3.2. Dependence of δ values versus temperatures on the
transpiration ratio. Figure 5 shows the relationship of calcu-
lated slopes of δ2H–T (�δ2H/�T ) and δ18O–T (�δ18O/�T )
for condensates versus transpiration ratios for both constant and
stepwise flux schemes. For constant flux, �δ2H/�T decreases
monotonically with increasing transpiration ratio. Plants usually
transpire soil moisture with δ values close to that of mean annual
precipitation and little or no correlation exists between δ values
and the local temperature. Therefore, after mixing with the tran-
spiration vapour of near zero δ–T slopes, the integrated vapour
and the subsequent condensates show lower slopes of δ–T than
the advecting vapour originating from the oceans. Moreover, the
slopes of δ–T decrease further with increasing transpiration ratio.
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Fig. 5. The dependence of �δ2H/�T and �δ18O/�T values for
condensates at site Li on transpiration ratios.

However, with stepwise flux, �δ2H/�T and �δ18O/�T in-
creases monotonically with increasing transpiration ratio. In this
scheme, δ values of the condensates below 0 ◦C remain un-
changed because of the absence of transpiration vapour. In con-
trast, the δ values of condensates above 0 ◦C increase beyond
those of the non-transpiration case due to the admixture of vapour
from continental transpiration. Without isotope fractionation, the
transpiration vapour fluxes have higher δ values than those of ad-
vecting vapour. Thus, after mixing, the vapour and the resulting
condensates have higher δ values, reflecting the isotope com-
position of surface waters. Therefore the temporal amplitude
of δ–T curves is amplified and the slope of the δ–T correlation
equation tends to increase. It is apparent that this increase will be
more pronounced with increasing transpiration ratios (Hoffmann
et al., 2000).

Despite the different patterns of the δ–T slopes for condensates
for different transpiration schemes, a common characteristic for
δ–T polynomial regression curves is apparent in both cases:
the slopes decrease monotonically with increasing temperature.
Figure 6 shows the relationship between �δ2H/�T and tem-
perature T for constant transpiration flux (Fig. 6a) and stepwise
transpiration flux (Fig. 6b) scenarios. In both schemes, it is shown
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Fig. 6. Dependence of the slopes of δ2H–T regression curves
(�δ2H/�T ) for condensates on temperature, for constant flux (a) and
stepwise flux (b) schemes. In both cases, the slope decreases
monotonically with increasing temperature.

that the slopes decrease monotonically with increasing temper-
atures.

4.3.3. Estimation of transpiration admixture to precipitation
using δ–T slopes. Analogous to the above calculation for evapo-
ration flux, a simplified method to employ the slopes of the δ–T
regression curves as diagnostic tools to quantify the vapour con-
tribution from transpiration to local precipitation is suggested.
The principle is as follows: the δ value for local condensates
is assumed to have two components—a fraction f t from tran-
spiration flux (δ transp) and a fraction, 1 − f t, coming from the
advecting vapour flux (δadv). Thus (1 − f t)δadv + f tδ transp =
δprecip.

Assuming (�δ/�T )transp = 0, the continental transpiration
ratios can be estimated by:

ft = (�δ/�T )adv − (�δ/�T )precip

(�δ/�T )adv
. (12)

It is essential to test if this over-simplified procedure is con-
sistent with the MRFM and therefore whether this method can
provide a reasonable estimate of transpiration ratios. Here, a

Table 3. Use of eq. (12) to estimate the transpiration ratios. With a
given evaporation ratio of t = 10% (constant flux) or t max = 10%
(stepwise flux), the temperature dependence of (�δ2H/�T )condensates

values for condensates at site Li were calculated using eqs. (7)–(9), as
shown in columns 3 and 5. Then the results were substituted into
eq. (12) to calculate f t, as shown in columns 4 and 6. In both cases,
“ f t” is close to “t” or “t max”, which suggests that this simplified
method is consistent with the modified Rayleigh fractionation model
(MRFM) and could be used in the future to estimate transpiration
ratios. Column 2 is identical to column 2 in Table 1

t = 0 t = 10% t max = 10%

T (�δ2H/�T )0 �δ2H/�T f t �δ2H/�T f t

(◦C) (‰ ◦C−1) (‰ ◦C−1) (%) (‰ ◦C−1) (%)

−15.0 7.33 6.50 11.3 7.33 0.0
−13.5 7.17 6.40 10.7 7.17 0.0
−12.0 7.01 6.30 10.1 7.01 0.0
−10.5 6.85 6.20 9.5 6.85 0.0
−9.0 6.69 6.07 9.3 6.69 0.0
−7.5 6.54 5.90 9.8 6.54 0.0
−6.0 6.38 5.70 10.7 6.38 0.0
−4.5 6.23 5.50 11.7 6.23 0.0
−3.0 6.08 5.40 11.2 6.08 0.0
−1.5 5.93 5.30 10.6 5.93 0.0
0.0 5.78 5.20 10.1 5.22 9.8
1.5 5.64 5.10 9.5 5.02 10.9
3.0 5.49 4.90 10.8 4.97 9.6
4.5 5.35 4.80 10.3 4.81 10.2
6.0 5.21 4.63 11.2 4.73 9.3
7.5 5.08 4.55 10.3 4.55 10.3
9.0 4.94 4.48 9.4 4.42 10.6
10.5 4.81 4.30 10.6 4.31 10.3
12.0 4.68 4.20 10.3 4.13 11.7
13.5 4.55 4.10 10.0 4.06 10.9
15.0 4.52 4.00 10.9 4.01 11.3

“loop” technique is employed: (1) with a given transpiration ra-
tio, �δ/�T values for condensates at Li were calculated from
eqs. (7)–(9); (2) these results were then substituted into eq. (12)
to calculate f t.

Table 3 summarizes the results for both constant and stepwise
flux scenarios. It is apparent that f t is close to “t” (constant
flux) or “t max” (stepwise flux). Hence, this simplified method is
consistent with the MRFM and it is suggested that it could be
employed to estimate transpiration ratios to a first-order approx-
imation (Jacob and Sonntag, 1991).

4.3.4. Dependence of d-excess values on the transpiration ra-
tio. From the MRFM, it is apparent that there is no marked
variation of d-excess values due to the admixture of transpiration
vapour. Because transpiration vapour is not isotopically fraction-
ated relative to soil water, the d-excess values of the atmospheric
vapour and the resultant condensates remain unchanged (Salati
et al., 1979).
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Fig. 7. Four scenarios of the dependence of isotope compositions of
hydrogen and oxygen on SST: SST = 22 ◦C; SST = 24.7 ◦C; SST =
26 ◦C and SST varying from 22 ◦C in the winter to 26 ◦C in the
summer. Isotope compositions for condensates at site Li decrease with
increasing SST values. The ranges of decrease are seasonally different,
i.e. smallest in winter and largest in summer.

4.4. The influence of sea surface temperature (SST)

Variations in isotope compositions of local condensates caused
by changes in SST at the oceanic source region were also exam-
ined. The hypothetical continental site Li was chosen for discus-
sion. Four SST scenarios were selected: SST = 22 ◦C; SST =
24.7 ◦C; SST = 26 ◦C and SST varying from 22 ◦C in the winter
to 26 ◦C in the summer.

Table 4. The variations of δ2H–δ18O, δ2H–T and δ18O–T regression lines according to four different SST scenarios, i.e. SST = 22 ◦C; SST =
24.7 ◦C; SST = 26 ◦C and SST varies from 22 ◦C in winter to 26 ◦C in summer

SST (◦C) δ2H–δ18O δ2H–T δ18O–T

22 δ2H = 8.10δ18O + 10.66 δ2H = 5.94T − 106.83 δ18O = 0.735T − 14.50
24.7 δ2H = 8.03δ18O + 10.70 δ2H = 5.88T − 116.43 δ18O = 0.734T − 15.84
26 δ2H = 7.99δ18O + 10.74 δ2H = 5.85T − 120.81 δ18O = 0.732T − 16.45
22–26 δ2H = 8.13δ18O + 11.93 δ2H = 5.43T − 114.19 δ18O = 0.67T − 15.49
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Fig. 8. Four scenarios of the dependence of d-excess values on SST:
SST = 22 ◦C; SST = 24.7 ◦C; SST = 26 ◦C and SST varying from
22 ◦C in the winter to 26 ◦C in the summer. d-excess for continental
precipitation increases with increasing SST. The ranges of increase
vary seasonally, being largest in winter and smallest in summer.

4.4.1. Dependence of δ2H, δ18O, δ2H–T and δ18O–T corre-
lations on SST. Figure 7 shows the variation of δ2H and δ18O
values with SST. It is apparent that isotope compositions for
condensates at Li decrease with increasing SST values. The ex-
tent of the decrease at Li is different for different seasons, i.e.
smallest in the winter and largest in the summer (3.15‰ ◦C−1

and 0.48‰ ◦C−1 for δ2H and δ18O in the winter and 3.78‰ ◦C−1

and 0.49‰ ◦C−1 in the summer). This characteristic determines
the decrease of δ2H–T and δ18O–T slopes with increase in SST.
Table 4 shows the variations of δ2H–T and δ18O–T regression
lines for different SST scenarios (about 0.023◦ C−1 for δ2H–T
and about 7.5 × 10−3 ◦ C−1 for δ18O–T ). This result suggests
that using simplified models to estimate palaeotemperatures at a
continental site may be problematic. It is interesting that in the
fourth scenario (SST varies from 22 ◦C in the winter to 26 ◦C
in the summer at the oceanic source region), isotope composi-
tions for condensates at Li have the highest winter value and the
lowest summer values, compared with the first three scenarios,
which indicates the lowest δ2H–T and δ18O–T slope.

4.4.2. Dependence of d-excess values and δ2H–δ18O correla-
tion on SST. Variations of d-excess values with SST are shown
in Fig. 8. d-excess is expected to increase with increasing SST,
although the ranges vary for different seasons, i.e. highest in the
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winter and lowest in the summer (increases of 0.73‰ ◦C−1 in
the winter and 0.15‰ ◦C−1 in the summer). This characteristic
determines the decrease of δ2H–δ18O slopes with SST increase
(about 0.028 ◦C−1) (Table 4): the larger increment of d-excess
values in the winter and smaller increment in the summer caused
by increasing SST forces the δ2H–δ18O line to have a lower slope.
When SST varies from 22 ◦C in the winter to 26 ◦C in the summer
at the oceanic source region (fourth scenario), d-excess values
reach their minima in winter and maximum in summer, com-
pared with the first three scenarios, which corresponds with the
highest δ2H–δ18O slope. The range of d-excess variation due to
changes in SST is comparable to that from RH. For example,
when SST = 22 ◦C, the d-excess at Li changes from a winter
value of 9.6‰ (RH over the source is 78%) to a summer value of
8.0‰ (RH over the source is 82%), whereas the d-excess value
changes from 10.1‰ to 7.6‰ when the RH varies from 77%
in the winter to 83% in the summer, or approximately 0.4‰ for
every per cent change in RH.

5. Conclusions

This paper models the influence of vapour admixture from evap-
oration and transpiration as well as SST on the stable isotope
compositions of hydrogen (δ2H) and oxygen (δ18O) for conti-
nental condensates.

In a modified Rayleigh fractionation model (MRFM), two
scenarios for evaporation and transpiration were proposed and
their effects on the δ2H and δ18O values for condensates are
described. The following conclusions were drawn:

(1) For the constant flux scenario, the input of evaporative
vapour decreases the slopes of δ2H–δ18O and δ–T plots but in-
creases the d-excess values. In contrast, the transpiration vapour
exerts a minor effect on δ2H–δ18O slopes as well as d-excess
values, but considerably reduces the δ–T slopes.

(2) For the stepwise flux scenario, evaporative vapour in-
creases the δ2H–δ18O and decreases δ–T slopes as well as in-
creases the d-excess values. In contrast, the transpiration vapour
exerts minor effects on δ2H–δ18O slopes as well as the d-excess
values, but considerably increases the δ–T slopes.

Thus, it is suggested that the isotope compositions of local con-
densates can be deduced from the MRFM once the evaporation
and transpiration patterns are known. Moreover, the practical ap-
plication of employing d-excess values to evaluate evaporation
ratios and use of the slopes of δ–T curves to evaluate transpiration
ratios appears feasible.

However, the proposed MRFM is still too simple because of
numerous assumptions. It is not yet substantiated that this kind
of inverse modelling can provide accurate answers about evapo-
ration and transpiration ratios. This paper shows that the model
is a self-consistent tool for understanding the isotope response
of precipitation by evaporation and transpiration.

SST variation affects the isotope compositions of precipita-
tion, regression equations as well as d-excess values. Although
the influence of SST on the former are minor, the influence on
d-excess is comparable to that from RH variation over the oceanic
source. The result shows that seasonally varying SST signifi-
cantly influences the d-excess and suggests that caution should
be exercised in using d-excess and δ2H and δ18O versus T plots
to interpret patterns in palaeotemperature proxies without also
investigating other environmental parameters.

6. Appendix A: Symbols and Notation

C D Model-dependent “kinetic constant”
d adv d-excess value for advection water vapour
d evap d-excess value for evaporation water vapour
d surf d-excess value for surface water
ei Ratio of evaporation flux to precipitation flux at

the segment Li(Fe/Pi)
f Fraction of vapour precipitated over the ocean
Fe Evaporation flux at the segment Li

f e Evaporation ratio
Ft Transpiration flux at the segment Li

f t Transpiration ratio
hi Relative humidity at segment Li

ho Relative humidity above the ocean
L Latent heat of evaporation
MRFM Modified Rayleigh fractionation model
n Factor depending on the wind regime over

surface water
Ni Flux of travelling vapour at the segment Li

N
◦
i Flux of travelling vapour at the segment L i+1

N V Flux of travelling vapour
Pi Precipitation flux at the segment Li

RE Isotope composition for evaporation flux
Ri Isotope composition for vapour in the atmosphere

at the segment Li

R′
i Isotope composition for vapour in the atmosphere

at the segment L i+1

RP Isotope composition for precipitation
RT Isotope composition for transpiration water flux
Rw Isotope composition for surface water
RV Isotope composition for the vapour in the

atmosphere
Rw Long-term average value of isotope composition

for local precipitation.
Rwi Long-term average value of isotope composition

for precipitation at Li

R′
w Gas constant for vapour

T E Condensation temperature in the atmosphere
T o Sea surface temperature (SST)
ti Ratio of transpiration flux to precipitation flux at

the segment Li(Ft/Pi)
αe Isotope equilibrium fractionation factor of hydrogen

or oxygen between liquid water and vapour
α0 Kinetic fractionation factor during evaporation
θ Weighting factor
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