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ABSTRACT
Property–property relationships between oceanic carbon species and physical parameters have been used extensively
to extrapolate sparse measurements to larger areas. However, the physical processes behind the applied relationships
are not always described, implying that uncertainties are introduced to the method. In this study, it is shown that the
dynamical features of the North Atlantic carbon cycle can be condensed into a simple framework by focusing on the
properties of the winter mixed layer and the equilibrium concentration of the system. The change in the equilibrium
concentration between the Sargasso Sea and the Nordic seas is about 250 µmol kg−1, where 50 µmol kg−1 is due to
the corrections from the annual cycles in sea surface temperature and biological production. A theoretical framework
that focuses on the relation between variables and the temperature of the winter mixed layer is presented and analyzed
in some detail using results from a general circulation model. The derived model predicts that there is a tight relation
between the total dissolved inorganic carbon concentration and the temperature in the winter mixed layer, and such
relation can indeed be found from the TTO/NAS expedition data. Furthermore, the analysis shows that the system is
relatively close to the equilibrium concentration in the Sargasso Sea but that the system is highly undersaturated in the
Nordic seas. Further, the analysis shows that both the entrainment of carbon-rich deep water and the air–sea flux of CO2

must be correctly accounted for to describe the system.

1. Introduction

Without doubt temperature has a strong impact on the oceanic
carbon system. Either direct through the solubility of the dis-
solved inorganic carbon or through dynamical reasons such as
its importance for mixing, etc. Thus, in many regions of the
world there exists a clear relation between properties of the car-
bon system and the oceanic temperature (Broecker and Peng,
1982; Chen et al. 1990; Takahashi et al. 1993; Broström, 1997).
These simple relationships—and other property–property plots
for various chemical species—are helpful for understanding the
basic structure and dynamics of the oceanic carbon system. Thus,
these kinds of graphs represent a way to make the most of the
sparse and hard won measurements on the carbon species.

In addition to being valuable in itself, relations between, for
example, the partial pressure of CO2 in the surface water (pCO2),
and the temperature is useful for mapping pCO2 on to the well-
known temperature field. This method of extrapolating pCO2

measurements to large areas is widespread and has had a major
impact on our present view of the carbon system (Tans et al.
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1990; Watson et al. 1991; Stephens et al. 1995; Lee et al. 1998;
Sabine and Key, 1998; Feely et al. 1999; Loukos et al. 2000). An
obvious difficulty with the method is that a unique relationship
between the interpolated variable and the temperature must be
applied for each region. Also, there may be different relationships
during different seasons.

Although the presumed relation between pCO2 and the tem-
perature has been used extensively in the interpolation/mapping
procedure, the underlying dynamics of the relationships have
not received much attention (Sabine and Key, 1998; Lefèvere
and Taylor, 2002). For instance, although the temperature de-
pendent carbon solubility is important for the large-scale dis-
tribution of carbon, deviations from equilibrium are not set by
the solubility itself. Rather, other processes such as surface heat
flux, upwelling, biological production, etc. are important for the
magnitude of the disequilibrium (Peng et al. 1987; Takahashi
et al. 1993; Sarmiento et al. 1995; Follows et al. 1996; Cooper
et al. 1998; Murnane et al. 1999; Broström, 2000; Lefèvere and
Taylor, 2002). These processes are not necessarily directly linked
to the temperature itself. Thus, more sophisticated approaches
are needed to outline and understand the basic features of the
observed property–property relationships used for extrapolating
the carbon system properties (Sabine and Key, 1998; Lefèvere
and Taylor, 2002).
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Fig 1. An outline of the area focused on in this study. The positions of
data used in the study are also displayed. The data are from the Ocean
Weather Stations, the TTO/NAS expedition in 1981 (Brewer et al.
1986), underway pCO2 data from the Hudson cruise in 1982 (Weiss
et al. 1992), and underway pCO2 data from a North Atlantic shipping
route (from February 1995; Cooper et al. 1998).

In this study, the dynamics of the carbon cycle in the “Gulf-
Stream” part of the North Atlantic (Fig. 1) is investigated. Al-
though earlier studies could not prove a simple relation be-
tween carbon species and temperature in the TTO/NAS dataset
(Broecker et al. 1985; Brewer et al. 1986) it is shown that such
relationships can be found by focusing on the winter mixed layer.
Here, the observed relationship is analyzed in some detail by fo-
cusing on the state that is in equilibrium with the atmosphere, and
the dynamics that forces the system away from equilibrium. Fol-
lowing (Broström, 1997, 2000), the annually averaged air–sea
flux of CO2, FCT , can be expressed as

FCT = α
(
CW

T − Ceq

)
, (1)

where CW
T is the CT concentration in the winter mixed layer,

α (m yr−1) is a rate constant, Ceq is the dynamical equilibrium
concentration and is defined as the CT concentration of the winter
mixed layer that would give zero flux of CO2 over one annual
cycle.

The dynamical equilibrium concentration reflects the annual
average of several processes, hence

Ceq = CW
eq + �CSST

eq + �CB
eq (2)

where CW
eq is defined as the CT concentration that is in equilib-

rium with the atmospheric pCO2: �CSST
eq reflects the influence

of the annual sea surface temperature (SST) cycle on the equilib-
rium concentration and �CB

eq is the correction due to biological
production (see also Broström, 2000).

A simple model is developed for the area under considera-
tion; model results and data indicate that the water is slightly
undersaturated, say less then 10–20 µmol kg−1 undersaturation,
in the main part of the northern North Atlantic. This is the result
of relatively weak heat flux in this part of the North Atlantic,
but also because of large entrainment of carbon-rich deep waters
that reduces the undersaturation. In fact, for the main part of the
North Atlantic, the entrainment dominates over the air–sea flux
of CO2 as the factor that keeps the system close to saturation.
In the Nordic seas there is a net export of carbon from the up-
per ocean; furthermore, there is a strong heat fluxes in this area
and the system is about 50 µmol kg−1 below saturation in the
northwestern Nordic seas. According to this study, the observed
undersaturations are due to several interacting mechanisms, and
no simple explanation can be given.

The theoretical concepts needed for this study are presented
in Section 2. The diagnostic quantities defined in Section 2 are
quantified in Section 3 using the MIT biogeochemical ocean
model. A simple model that describes the basic features of
the carbon cycle in the “poleward-moving” water of the North
Atlantic is described in Section 4. Section 5 is devoted to
discussions.

2. Some theoretical concepts

2.1. Basic considerations

Let us consider the system outlined in Fig. 2; that is, a quantity
CW that changes along a Lagrangian coordinate ξ subject to hor-
izontal fluxes QC, fluxes through the sea surface, −FC, fluxes
through the permanent thermocline MC, and export by particles
through the main thermocline, BC. Since the seasonal thermo-
cline is an important factor for the carbon cycle changes over a
certain distance �ξ corresponding to the distance (or time) be-
tween two situations that correspond to the winter mixed layer
will be considered (Fig. 2). Accordingly,

QC(ξ0 + �ξ ) − QC(ξ0)

�ξ
= −FC + MC − BC, (3)

where

FC = 1

�ξ

∫ ξ+�ξ

ξ

FC(ξ ) dξ,

MC = 1

�ξ

∫ ξ+�ξ

ξ

MC(ξ ) dξ,

BC = 1

�ξ

∫ ξ+�ξ

ξ

BC(ξ ) dξ.

(4a–c)

For mathematical reasons it is useful to rewrite eq. (3) as a dif-
ferential such that

d QC

dξ
= −FC + MC − BC. (5)

The dynamical features behind the horizontal flux of heat, to-
tal inorganic carbonate and nitrate concentrations are to a large
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Fig 2. Schematic sketch for the fluxes described in Section 2. The
model is based on the assumption that there exist a coordinate ξ that
follow a water column moving with the northward drift in the North
Atlantic. The column is subject to an annual cycle in mixing, and a
changing large-scale structure of the main thermocline. Taking a
control volume corresponding to the distance between two events
where the mixing reaches to the main thermocline it follows that fluxes
through the control surfaces are: horizontal fluxes QC(ξ ) and QC(ξ +
�ξ ), air–sea flux FC, advective and diffusive fluxes through the bottom
surface MC, finally, there may also be a particle induced flux of C
through the bottom boundary, BC.

extent similar; thus, it is likely that the transport of a concen-
tration C can be described by the flux of temperature times the
gradient of the concentration with respect to the temperature
(Walin, 1977). Based on this assumption, let us assume a priori
that eq. (5) can be written as (see also Appendix A)

d QT

dξ

dCW

dT W
= −FC + MC − BC, (6)

where QT is the horizontal flux of heat and dCW/dTW is the
horizontal relation between CW and TW (note that CW and TW

refer to the values of the winter mixed layer).
If eq. (6) is applied to temperature then BT is zero; furthermore,

a reasonable assumption for the North Atlantic is FT � MT such
that

d QT

dξ
= −FT. (7)

For nitrogen, the air–sea flux of nutrients is negligible and

d QT

dξ

dNOW
3

dT W
= MNO3 − BNO3 . (8)

For total inorganic carbonate all fluxes are important, thus

d QT

dξ

dCW
T

dT W
= −FCT + MCT − BCT . (9)

The biological tissues follow the Redfield ratio γC:N; thus BCT =
γC:N BNO3 . Furthermore, the transport through the main ther-
mocline in the North Atlantic is to a large extent forced by
the biological cycle such that MCT ≈ γC:N MNO3 . It should be

noted that there is also a vertical flow induced by the solubil-
ity pump, mS, and the invasion of anthropogenic carbon into
the ocean, mA; however, as will be shown in the next sec-
tion these are small compared with FCT and will be neglected
in this framework. Using MCT − BCT ≈ γC:N(MNO3 − BNO3 ) =
γC:NdNOW

3 /dξ , and applying eq. (7) it follows that

dCW
T

dT W
− γC:N

dNOW
3

dT W
= FCT

FT
. (10)

The approximate relation put forward in eq. (10) is useful for
interpreting and evaluating the distribution of CW

T if there is a
clear relation between CW

T and TW. The relation may also be used
to design accurate interpolation schemes for mapping properties
of the carbon system onto temperature.

3. Results from a general circulation model

In this section, some results from a general circulation model
(GCM) will be presented to verify: (1) that the C:N ratio of
entrained water is approximately similar to the C:N ratio of the
biological production; (2) that the model outlined in Section 2
describes all the main flows of the carbon system. Furthermore,
the parameters α and Ceq (and parameters involved in Ceq) in
eqs. (1) and (2) will be evaluated.

3.1. Outline of the model

The MIT ocean model is built around a finite-difference represen-
tation of the hydro-dynamical equations that describe the basic
features of the ocean (Marshall et al. 1997a,b). The model uses
a constant turbulent exchange coefficient to mimic the small-
scale turbulence and an eddy transfer scheme to describe the
large-scale lateral mixing (Gent et al. 1995).

The biogeochemical model runs in an off-line mode where
nitrate and total dissolved inorganic carbon concentrations are
the prognostic variables (Follows et al. 1996). The forcing fields
are updated monthly, and the model reproduces the annual cy-
cles in temperature and vertical mixing. To simulate the biolog-
ical export of nutrients and carbon, the model includes a light-
dependent removal rate for the upper ocean that accounts for the
most prominent features of the upper-ocean nutrient cycles. The
model experiments are carried out either with an atmospheric
pCO2 that reproduces the changes between 1880 to 1981 (start-
ing from the steady state for 1880) or with a constant pCO2

depending on the aim of the experiments.
In this study the carbon to nitrogen ratio is taken to be γC:N = 9;

this is somewhat higher than the Redfield ratio, γC:N = 106:16,
but is appropriate for the northern North Atlantic (Sambrotto
et al. 1993; Broström, 1998; Daly et al. 1999; Broström, 2000;
Körtzinger et al. 2001). Processes such as nitrogen fixation and
production of calcium carbonate can significantly alter γC:N. The
C:N ratio used in this study should be viewed as a large-scale
estimate of all these processes.
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Fig 3. Data and model results from the thermocline: (a) model results with γC:N = 9 and (b) model results for γC:N = 106:16. Data are from the
TTO/NAS dataset (Brewer et al. 1986) and represent measurements between 500–700 m for the selected area; data with temperatures above 7 ◦C are
marked as (×) and below 7 ◦C as (+). The model predictions are taken along the transect defined in Fig. 1 and the lines corresponds to the depth
intervals 360–510 m (dashed line) and 510–710 m (full line). Data for temperatures above 7 ◦C (the Sargasso Sea) are close to a straight line with a
slope of �C:�N = 9. The CT is shown as normalized to 35 psu.

3.2. The C:N ratio of entrained water

Entrainment of thermocline water that is rich in nitrogen and
carbon is important for the poleward-moving water in the North
Atlantic. For the area defined in Fig. 1, the thermocline is pre-
sumably located between 500–700 meters, and data from this
area and depth interval are shown in Fig. 3. The results from the
MIT biogeochemical model are taken from the experiments with
a realistic evolution of the atmospheric pCO2. Two experiments
with different C:N ratios for biological production are shown in
the figures: Fig. 3a reflects an experiment with γC:N = 9 and
Fig. 3b reflects an experiment with γC:N = 106:16.

The model gives reasonable results on the CT concentration at
500–700 m depth for γC:N = 9 (Fig. 3a), although somewhat high
CT concentrations are produced in the model. The experiments
show that the signal in the thermocline to a large extent reflects
the C:N ratio of biological production. The data from the Sar-
gasso Sea display a relation that is close to linear with a �C:�N
ratio of 9; the experiment with γC:N = 9 is closest to these data,
showing that γC:N = 9 is consistent with thermocline data of the
North Atlantic (note that the model describe the anthropogenic
pCO2 signal in both experiments).

3.3. Estimating the strength of flows

It is not straightforward to diagnose the fluxes in eq. (14) along
a line in the North Atlantic and describe its relation to the tem-
perature. To find the strength of the various fluxes, the change
in CT that the modeled fluxes would give rise to over one yr
is taken as a measure of their strengths. This is achieved using
the fluxes from the CT field to force a new field with the same
physical forcing as the original field. The concentration of the

winter mixed layer in the following year is taken as a measure of
the strength of each process. Although this does not represent a
true diagnostic value of the fluxes, it should provide a reasonable
estimate on their relative strengths.

These experiments use γC:N = 9, a realistic time evolution of
pCO2 in the atmosphere and the fluxes are evaluated for 1981.
The nitrate field is in steady state, implying that the transport
of NO3 is exactly canceled out by the biological production.
Thus, in the following discussion the influence of the biological
cycle is subtracted by removing the transport of γC:N NO3, which
may be viewed as the biological forcing on the carbon system.
The following fluxes are displayed in Fig. 4: the strength of
the air–sea flux of CO2 (i.e. FCT ); the strength of the advection
and diffusion of CT − γC:NNO3 (the advection–diffusion of the
“non-nitrogen” or “non-biological” part of the carbon cycle);
finally, mS + mA and mS are also shown. The quantity mS + mA

is calculated from the full fluxes of the model, subtracting the
influence from the air–sea flux and the advection diffusion of
CT − γC:NNO3. The strength of mS is evaluated from a similar
set of experiments performed for a steady-state run with pCO2

= 278 ppm in the atmosphere (representing the year 1880).
Figure 4 shows that the quantity mS + mA is small compared

with the strength of the air–sea flux of CO2 for the selected tran-
sect. Furthermore, the experiment shows that the actual increase
in concentration due to time evolution in the atmospheric pCO2

is small. The conclusion is that the CO2 from the air–sea flux
is transported horizontally in the model rather than being mixed
downward into the thermocline. This is consistent with obser-
vations that there are strong horizontal currents in the northern
North Atlantic in combination with strong horizontal gradients
in CT. The basic a priori assumptions of the simple model in
Section 2 are thus verified.

Tellus 56B (2004), 1



76 G. BROSTRÖM
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Fig 4. The strength of the fluxes in the MIT biogeochemical model.
The figure show the increase in concentration that each term should
give rise to after one year of integration (corresponding to year 1981).
Shown are the following: the air–sea flux of CO2; the horizontal
advective–diffusive transport of the “non-nitrogen part” of CT; the
vertical transports mS and mA; and the net increase in CT over the year
(the system evolves as a result of the increasing pCO2 in the
atmosphere).

3.4. The dynamical equilibrium concentration

In Broström (2000) the quantities α, �CSST
eq and �CB

eq were
estimated for the Ocean Weather Stations (OWS) in the North
Atlantic using a combination of data and results from a one-
dimensional model. Here some of these results will be used for
two independent estimates on the parameters. The positions of
the OWS stations used in this study are shown in Fig. 1, and
some results from these stations are displayed in Fig. 5 together
with results from the MIT biogeochemical model.

3.4.1. Model predictions on α, CW
eq, �CSST

eq and �CB
eq. The

dynamical equilibrium concentration is defined as the concen-
tration that the winter mixed layer takes in the absence of ad-
vection. Accordingly, the advection is turned off in the model
and the integration is continued until there is a repeating cycle
in CT. The model thus reaches a state where the annual cycle is
in equilibrium with the prevailing atmospheric partial pressure
of CO2, which is taken to be 340 ppm in these experiments.
The model predictions on CT in the winter mixed layer can thus
be interpreted in terms of the dynamical equilibrium concentra-
tion for CW

T . There are three parameters, CW
eq, �CSST

eq and �CB
eq,

that are important for the dynamical equilibrium concentration
and three distinct model experiments are used to evaluate these
parameters.

CW
eq is determined by an experiment that does not include the

annual cycles in sea surface temperature and biological produc-
tion. The value of CW

eq + �CSST
eq is determined by an experiment

that includes the annual cycle in sea surface temperature but ne-
glects the biological cycles. The final experiment includes the

annual cycles in sea surface temperature and biological produc-
tion, which gives CW

eq + �CSST
eq + �CB

eq. The output from these
experiments can be used to estimate CW

eq, �CSST
eq and �CB

eq; the
results from the calculations are displayed in Figs. 5b and c.

The rate at which the system is able to approach equilibrium,
α, depends mainly on the wind speed, the sea surface tempera-
ture, and the form of the upper ocean mixing cycle (Broström,
2000). Because of the complexity of α, it is not easy to deter-
mine its value by a single experiment. However, if FCT , CW

T and
Ceq are known, then α can be calculated from eq. (1). To find
FCT and CW

T , advection is included and the model is integrated
until a repeating cycle is obtained. Given that Ceq is calculated
in the earlier experiments, α can be calculated and the results are
displayed in Fig. 5a.

3.4.2. Some discussion on the model predictions on α, CW
eq,

�CSST
eq and �CB

eq. The rate at which the system is able to ap-
proach equilibrium depends on a number of processes. Let us
therefore recapitulate some of the results from Broström (2000)
using station C as an example: α is related to the annual mean
value of the gas exchange coefficient (m yr−1) times the solubility
for CO2 (µmolC kg−1 ppm−1); the magnitude of this quantity is
about 115 m yr−1 µmolC kg−1 ppm−1. Furthermore, α depends
on the response of pCO2 to changes in CT; this dependence can
be estimated from a Taylor expansion, and the first-order term
has a magnitude of about 2.1 ppm/(µmol C kg−1). Finally, the
structure of the annual mixing cycle is important for the effective
rate at which the system is able to approach equilibrium. During
periods with a shallow mixed layer, the air–sea gas exchange is
trapped within the surface layer (Broström, 2000; Lefèvere and
Taylor, 2002). The carbon system thus comes relatively close to
equilibrium with the atmosphere during this period hampering
the equilibration rate of the system (Broström, 2000). There are
shallow mixing conditions under a significant part of the annual
cycle that reduce the effectiveness of the rate constant α with
about 50% at station C (Broström, 2000). Thus, the magnitude
of α is about 120 m yr−1 as shown in Fig. 5a. The MIT biogeo-
chemical model predicts that α is stronger in the Nordic seas than
in the Sargasso Sea. The wind speeds, as well as the sensitivity
of the oceanic pCO2 to changes in CT, are stronger in the Nordic
seas than in the Sargasso Sea.

The influence of the biological production cycle reflects the
mean of the annual biological cycle in CT, weighted with the
wind speed. It is represented by �CB

eq, and it follows the nutrient
concentration to a first-order approximation. It is accordingly
high in the nutrient-rich Nordic seas, where �CB

eq ≈ 20–30 µmol
kg−1 (the signal for the biological cycle is about 100 µmol kg−1

and it lasts for about 0.3 yr), and it is close to zero in the Sargasso
Sea. Taking into account that the water temperature in the MIT
model is slightly too cold (about 2–3 ◦C too cold at station M)
there is a good agreement between the estimates for the OWS
stations and the results from the MIT ocean model on �CB

eq.
�CSST

eq represents the annually integrated effect of the sea
surface temperature cycle. Results from the MIT biogeochemical
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Fig 5. Estimates on α, CSST
eq and CB

eq, presented in panels a–c, respectively. The solid shows model results from the line defined in Fig. 1; letters
represent estimates from some ocean weather stations in the North Atlantic. These data are from Broström (2000).

model show that �CSST
eq is strongest in the Sargasso Sea with

values of −20 µmol kg−1, and it is about −5 µmol kg−1 in the
northern Nordic seas. The strong variation in �CSST

eq is due to
the following: (1) the annual cycle in SST is somewhat stronger
in the Sargasso Sea than it is in the Nordic seas and (2) pCO2 has
a stronger dependence on SST in the Sargasso Sea. As shown
in Fig. 5b there is good agreement between the predictions on
�CSST

eq from the MIT biogeochemical model and the results from
the OWS stations.

3.5. Comparison with data

The predictions from the MIT biogeochemical model on CT,
NO3 and total alkalinity AT in the winter mixed layer (along the
line defined in Fig. 1) are shown in Fig. 6. Starting with AT, the
relation seen in Fig. 6b reflects a prescribed relation between

the total alkalinity concentration (normalized to 35 psu) and the
temperature of the winter mixed layer. The predictions on the
nitrate concentration are shown in Fig. 6c and agree fairly well
with observations. However, the model gives slightly too low
values overall, and this feature is especially pronounced at warm
temperatures and in the 4–8 ◦C interval.

The predictions on CW
T , along the transect defined in Fig. 1,

are shown together with data in Fig. 6a. In the southernmost
region, CW

T is close to the dynamical equilibrium concentra-
tion. Otherwise, the MIT biogeochemical model predicts that
the water has a rather constant undersaturation in the north-
ern North Atlantic, although the CW

T concentration increases
monotonically towards north. The concentration increases north-
wards because of entrainment of carbon-rich deep water (and
nutrient-rich water as seen in Fig. 6c) and the air–sea flux
of CO2.
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Fig 6. The predictions of the MIT biogeochemical along the transect in Fig. 1. The figure shows the modeled winter mixed layer concentrations of
(a) the total dissolved inorganic carbon concentration, normalized to 35 psu (solid line) and the dynamical equilibrium concentration for the model
(dashed line); (b) the total alkalinity concentrations, normalized to 35 psu, (full line); and (c) nitrate concentration (full line). Data (shown as dots)
are extracted from the TTO/NAS expedition (Brewer et al. 1986) and represent the mean of the measurements between 80–200 m, which captures
the remains of the winter mixed layer (Glover and Brewer, 1988).

The general picture is that the MIT biogeochemical model pro-
duces results that are in good agreement with the data. However,
to generate such model results the alkalinity field, the nitrate field
and the annual cycles in SST and biological production need to
match the observations. The heat flux, or change in temperature,
is one of the main drivers of the carbon cycle in the northern
North Atlantic; thus, if the heat fluxes are wrong, the modeled
carbon cycle will behave somewhat incorrectly as compared to
nature. This can be seen in the model results for CW

T displayed
in Fig. 6a: too strong heat fluxes in the temperature region 15–
10 ◦C, imply that the system appears to be further away from
equilibrium than is suggested by data. At lower temperatures,
the heat flux is too weak, and the system is slightly too close to
the dynamical equilibrium concentration.

4. A simple model for the “Gulf Stream”
part of the North Atlantic

4.1. Outline of the simple model

The basic features of the oceanic carbon system can be illus-
trated using the simple model for CW

T presented in Section 2.
Recapitulating eq. (10)

∂

∂T W

(
CW

T − γC:NNOW
3

) = FCT

FT

,

where FCT is given by eqs. (1) and (2). The first term reflects how
CW

T changes with temperature; the second term is a diagnostic
estimate of the net entrainment of carbon-rich deep water; and
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the last term is the relative strength of the air–sea flux of CO2 as
compared to the heat flux.

The air–sea flux of CO2 has a strong annual cycle;
however, this cycle is included in the formulation FCT =
α(CW

T − (CW
eq + �CSST

eq + �CB
eq)) presented in eqs. (1) and (2).

The following parametrizations (which capture the main features
of the predictions in Fig. 5) will be used:

α = 1.2[160 − 4(T W + 2)],

CW
eq = f (T W, SW, pCOA

2 , AW
T ),

�CSST
eq = −(T W + 2),

�CB
eq = 2.5NOW

3 (T W). (11a–d)

The factor of 1.2 is a correction on α that appears from the use
of a continuous development of CW

T in the model, whereas the
parameters were estimated from a case with constant CW

T (see the
Appendix B). The function f determines the relation between the
equilibrium of the total dissolved inorganic carbonate concentra-
tion and the following factors: the temperature, TW; the salinity
in the winter mixed layer, SW; the atmospheric partial pressure
of CO2, pCOA

2; and the total alkalinity, AW
T (Peng et al. 1987).

Here pCOA
2 = 340 ppm, which is valid for 1981, or pCOA

2 =
360 ppm which is valid for 1995. AW

T is given by the piecewise
linear function shown in (Fig. 6b) and NOW

3 is described by two
linear functions that meet at TW = 8 ◦C and are fitted towards
data.

The heat loss FT is given by

FT = H W
(

Q0e−βT W + Q1

)
, (12)

where H W = 500 m, Q0 = 2 ◦C yr−1, β = 0.2 ◦C−1 and Q1 =
0.75◦C yr−1. For the Nordic seas (i.e. between 8 and −1.8 ◦C),
this corresponds to a mean temperature decrease of about 1.8 ◦C
yr−1 in agreement with heat flux estimates for the Nordic seas
(Häkkinen and Cavalieri, 1989; Simonsen and Haugan, 1996).

4.2. Model results

To solve eqs. (10)–(12), it is necessary to apply one boundary
condition. The prescribed “best-fitting” piecewise linear relation
for the nitrate concentration in the winter mixed layer implies
that the nitrate concentration is zero at TW = 21.85 ◦C. Thus, the
integration start at this temperature with an initial value CW

T =
1950 µmol kg−1 (or CW

T = 1964 µmol kg−1 in the experiment
for 1995, which give the same undersaturation in both exper-
iments). With this boundary condition, it is possible to solve
eqs. (10)–(12), and the resulting diagnostic estimate on CW

T is
shown in Fig. 7a. The predictions on the partial pressure of CO2

in the winter mixed layer for 1981 is displayed in Fig. 7b and
for 1995 in Fig. 7c. The CW

T predicted from this simple model
can be viewed either as a purely diagnostic concentration, or
as the concentration of a water column that travels northwards
with the large-scale North Atlantic circulation, presented in the

temperature space. The simple model describes the data very
well, showing that a simple model is possible for the selected
part of the North Atlantic. Furthermore, the results from the sim-
ple model are close to the results from the MIT biogeochemical
model, suggesting that the two models have similar dynamics.
The results from the simple model will primarily be discussed,
but the discussion should be valid for the MIT biogeochemical
model as well.

The measurements as well as the model results show that
the total dissolved inorganic carbon concentration increases by
about 200 µmol kg−1 from the Sargasso Sea to the Nordic seas.
Of this change, about 100 µmol kg−1 comes from entrainment
of nutrient-rich deep water, and about 100 µmol kg−1 comes
from the air–sea flux of CO2. According to the model, the water
column receives atmospheric CO2 corresponding to 45 µmol
kg−1 in the North Atlantic and 55 µmol kg−1 in the Nordic seas.

The air–sea flux of CO2 is the result from changes in the dy-
namical equilibrium concentration between the southern and the
northern North Atlantic, which is about 250 µmol kg−1. The
total contribution of the annual cycles in temperature and bio-
logical production on the dynamical equilibrium concentration
is about 50 µmol kg−1, or one-fifth of the total signal, which
is a significant part of the total change. Accordingly, the annual
cycles in sea surface temperature and biological production must
be accounted for in a comprehensive study of the carbon cycle
in the North Atlantic.

The analysis shows that the system is always undersaturated
when the full annual cycle is considered, although the winter wa-
ter may be oversaturated (cf. Figs. 7a and b). For temperatures
between 7 and 10 ◦C there is a strong upwelling/entrainment of
nutrients and carbon-rich deep water, which creates a system that
is close to the equilibrium concentration. The closeness to the
equilibrium concentration above 8 ◦C in the simple model is be-
cause of weak heat fluxes and large entrainment of NO3 and CT

at these temperatures (Fig. 7a). The heat fluxes are higher in the
MIT model, which creates a system that is further away from
the equilibrium concentration (see Figs. 6a and 7a). Below
8 ◦C, the heat fluxes are larger and there is a net export of car-
bon from the upper ocean, this creates a system that is largely
undersaturated in CO2.

An important model parameter is the rate of change of the
winter mixed-layer temperature, or the air–sea heat flux if mix-
ing from deeper layers is neglected. Different water columns
may take different pathways in the northward transport and ex-
perience different heat fluxes. The different FT(TW) functions
shown in Fig. 8 are therefore studied with the model. Case 2
refers to the standard case of eq. (12); case 1 refers to the situ-
ation where water is quickly brought up to the northern Nordic
seas with an enhanced air–sea heat flux as the result; if the water
stays in the more southern part of the Nordic seas, it will expe-
rience lower heat fluxes, and this is case 3. The model results
from these different FT(TW) functions are presented in Figs. 9a
and b.
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Fig 7. The predictions from the simple model for the North Atlantic. (a) The modeled CW
T (normalized to 35 psu) in the winter mixed layer; data on

CW
T are extracted from the TTO/NAS data (Brewer et al. 1986). The entrainment of CT from the deep water is diagnosed from a function that is fitted

to the observed nitrate concentration in Fig. 3c. The effect from entrainment is shown as γC:N NO3 in the figure and represent the concentration that
CW

T would reach in the absence of air–sea flux of CO2. (b) The model predictions on pCO2 for the winter mixed layer; data are from the Hudson
cruise in 1982, Leg 2 (Weiss et al. 1992). The atmospheric pCO2 in this experiment is constant with value 340 ppm as indicated in the figure. (c) The
model predictions on pCO2 for the winter mixed layer for 1995; data are from a shipping route in the North Atlantic (Cooper et al. 1998). The
atmospheric pCO2 in this experiment is constant with value 360 ppm as indicated in (c).

From the results in Fig. 9a, it seems as if the different heat
flux formulations have a small influence on the model with 30
µmol kg−1 CW

T difference between cases 1 and 3. However, the
uptake of atmospheric CO2 in the Nordic seas is reduced by
about 50% from case 3 to case 1. The sensitivity to the heat flux
formulation is probably best seen in the modeled pCOW

2 , shown
in Fig. 9b. Obviously, the uptake of CO2 from the air is sensitive
to the pathway of the water column. Thus, the description with
a well-defined heat flux may be questioned. In reality, there will
be an infinite number of water masses taking different pathways
in FT(TW) while subject to continuous mixing. To fully describe
these features, it is probably necessary to find a more generalized
description of the flows in temperature space, or the mass trans-

port through isothermals in the upper ocean (cf. Walin, 1977;
Speer et al. 1995; Marshall et al. 1999), and its coupling to the
carbon cycle.

5. Discussion

The practice of mapping oceanic carbon system quantities to
the temperature in order to extrapolate sparse measurements to
a wider context is common. However, many of these studies do
not provide a direct physical explanation for the relations used in
the mapping procedure thereby introducing uncertainties in the
method. In this study, a simple way to describe—and diagnose—
the large-scale features of the oceanic carbon system is presented.
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Fig 8. The three different heat fluxes used in the sensitivity study of
the simple North Atlantic model.

The model focuses on the air–sea flux of CO2 and the state that
is in equilibrium with the atmosphere. The rate at which the
system is able to approach equilibrium is slow for the carbon
system; thus, the fact that there is a strong annual cycle in the
oceanic pCO2 implies that the state with zero annual flux will
have substantial fluxes during the different seasons. In northern
areas, which are dominated by strong cycles in new production,
the state with zero annual flux is characterized by a seaward flux
of CO2 in summer and a flux of CO2 toward the atmosphere
in winter. The temperature cycle dominates over the production
cycle in the southern areas and the state with zero annual flux will
have seaward CO2 fluxes in winter and a flux to the atmosphere
in summer. The state that is in equilibrium with the atmosphere
is thus a dynamical state where the air–sea fluxes change with
season, but where these fluxes cancel out each other.

0 5 10 15 20 25
1900

1950

2000

2050

2100

2150

2200

TW (oC)

C
TW

 c
on

c.
 (µ

m
ol

/k
g)

case 1
case 2
case 3

0 5 10 15 20 25
240

260

280

300

320

340

360

380

TW (oC)

pC
O

2W
 (

pp
m

)

80 60 40 20 0 20
40

50

60

70

80

Longitude

La
tit

ud
e

case 1
case 2
case 3

Fig 9. Model results for the three heat flux formulations displayed in Fig. 8. (a) the CW
T concentration and (b) the partial pressure of CO2 in the winter

mixed layer. Data on pCO2 are from the Hudson cruise in 1982 (Weiss et al. 1992) and the locations of the data are indicated by a color-coding.

It is necessary to account for the annual cycles when estimat-
ing the dynamical equilibrium concentration and the rate of the
equilibration process. It is not straightforward to carry out these
calculations from the basic properties of the system (Broström,
2000). However, it may be shown that the air–sea flux of CO2

can be described by FCT = α(CW
T − Ceq). This simple formula,

which captures the annual flux of CO2, focuses on the slowly
varying properties of the winter mixed layer, and enables a sim-
ple description of the system for time scales longer than one yr.
However, to obtain a useful formulation, the impact of the annual
cycles (e.g. of the sea surface temperature and biological produc-
tion) must be given careful attention. An analysis of the impact
of the annual cycles on the dynamical equilibrium concentration
shows that �CB

eq ranges between approximately 0 µmol kg−1 in
the nutrient-depleted Sargasso Sea to about 20–30 µmol kg−1

in the Nordic seas. The impact of the SST cycle, �CSST
eq , ranges

between −25 µmol kg−1 in the Sargasso Sea to −5 µmol kg−1

in the Nordic seas. Thus, model studies of the oceanic carbon
system that neglect the annual cycles (e.g. Sarmiento et al. 1995;
Murnane et al. 1999) probably show too weak equator-to-pole
forcing on the oceanic carbon cycle.

The air–sea flux of CO2 is an important factor for the equilibra-
tion of the surface water; however, the model analysis shows that
entrainment of carbon-rich deep water is an important factor as
well. A water column that travels with the main north Atlantic
circulation, starting at the Sargasso Sea and moving up to the
Nordic seas, will lose heat and gain carbon by entrainment from
deep water and from air–sea flux of CO2. The models predict
that the carbon concentration will be approximately 200 µmol
kg−1 higher in the Nordic seas compared with the Sargasso Sea.
Of this increase, about 100 µmol kg−1 is due to entrainment of
carbon-rich deep water, and 100 µmol kg−1 comes from the air–
sea flux of CO2. Thus, both these processes must be described
correctly.
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The derived relationship between carbon-related variables and
the temperature may also present a useful way to map the carbon
system onto the temperature for the North Atlantic. Furthermore,
the simplicity of the model may enable relatively simple assim-
ilation of the carbon system variables using adjoint schemes
(Ikeda and Sasai, 2000). However, to obtain the air–sea flux of
CO2 from the obtained fields, some model of the annual flux of
CO2 based on the winter values of the carbon system must also
be presented (Broström, 2000).
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7. Appendix A

The purpose of this appendix is to outline the approximations
involved in rewriting

d QC

dξ
≈ d QT

dξ

dC

dT
, (A1)

where QC is the horizontal flux of a concentration C , QT is the
horizontal flux of the temperature T and ξ is a coordinate along
the flow. Notably, the flows are defined as being integrated over
the depth of the winter mixed layer, H. The horizontal fluxes are
given by advection and diffusion processes, thus

QC = HuC − Hκ
dC

dξ
, (A2)

where u is the mean velocity over the winter mixed layer and κ

is the horizontal diffusion coefficient. For clarity, lets consider
the advection and diffusive parts separately; for advection

d QC

dξ

∣∣∣∣
advection

= d

dξ
(HuC), (A3)

which may be written as

d QC

dξ

∣∣∣∣
advection

= Hu
dC

dξ
+ C

d(Hu)

dξ
. (A4)

Here it may be noted that if there is no mass flux through the
bottom of the main thermocline it would follow from mass con-
servation that u ∼ H−1; in this case the last term is identically
zero. Figure A1, which displays the annual mean value of | uH|,
shows that | uH| do not vary significantly along the northward
drift in the North Atlantic despite the fact that horizontal ad-
vection in the thermocline is important for the subduction rate
in the North Atlantic (Marshall et al. 1993). Therefore it seems
reasonable to neglect the last term in eq. (A4).

Fig A1. The annual mean of − ∫ 0
−H

√
u2 + u2dz in the North Atlantic.

Here, H is the depth of the winter mixed layer and is defined as the
depth where the temperature deviates more than 0.2 ◦C from the surface
water in February, and u, v are the horizontal velocities in the model.

Neglecting the last term in eq. (A4)

d QC

dξ

∣∣∣∣
advection

≈ Hu
dC

dξ
(A5)

and a straightforward application of the chain rule for derivatives
gives

d QC

dξ

∣∣∣∣
advection

≈ Hu
dT

dξ

dC

dT
. (A6)

Applying eq. (A5) to temperature

d QT

dξ

∣∣∣∣
advection

≈ Hu
dT

dξ
. (A7)

Combining eqs. (A6) and (A7) gives

d QC

dξ

∣∣∣∣
advection

≈ d QT

dξ

∣∣∣∣
advection

dC

dT
. (A8)

showing that eq. (A1) is approximately valid for the advection
component of the system.

The diffusive fluxes are generally smaller than the advective
fluxes and could in principle be neglected altogether. However,
it may be interesting to see what approximations are needed for
eq. (A1) to be true for the diffusive fluxes as well.

For the diffusive flux

d QC

dξ

∣∣∣∣
diffusion

= − d

dξ

[
Hκ

dC

dξ

]
, (A9)

or

d QC

dξ

∣∣∣∣
diffusion

= −d(Hκ)

dξ

dC

dξ
− Hκ

d

dξ

dC

dξ
; (A10)

applying the chain rule

d QC

dξ

∣∣∣∣
diffusion

= −d(Hκ)

dξ

dC

dξ
− Hκ

d

dξ

(
dT

dξ

dC

dT

)
, (A11)
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which is readily written as

d QC

dξ

∣∣∣∣
diffusion

− d(Hκ)

dξ

dC

dξ
− Hκ

d2T

dξ 2

dC

dT
− Hκ

dT

dξ

d2C

dξdT
.

(A12)

Figure 6a shows that CT varies almost linearly with tempera-
ture in the winter mixed layer. Accordingly, dCT/dT ≈ constant,
which implies that its derivative with respect to ξ is approxi-
mately zero, and the last term in eq. (A13) may be ignored

d QC

dξ

∣∣∣∣
diffusion

≈ −d(Hκ)

dξ

dC

dξ
− Hκ

d2T

dξ 2

dC

dT
. (A13)

Using the chain rule for derivatives

d QC

dξ

∣∣∣∣
diffusion

≈ −
[

d(Hκ)

dξ

dT

dξ
+ Hκ

d2T

dξ 2

]
dC

dT
, (A14)

or by applying eq. (A10)

d QC

dξ

∣∣∣∣
diffusion

≈ d QT

dξ

∣∣∣∣
diffusion

dC

dT
. (A15)

Showing that

d QC

dξ
≈ d QT

dξ

dC

dT
, (A16)

within the approximations outlined in this Appendix.

8. Appendix B

In eq. (1) and the results shown in Fig. 5a, α is defined and
calculated for one yr of integration where CW

T represent a con-
stant value. Thus, if CW

T increases monotonously in the model,
the air–sea flux of CO2 calculated according to the formula
FCT = α(CW

T − Ceq) becomes too small. To compensate for this
non-physical situation, the value of α is increased to α′ in the
model.

If the annual flux, where CW
T changes with time, should be the

same as in the case where CW
T is constant, the following formula

applies:∫ T

o
α(CW

T (t0) − Ceq)dt =
∫ T

o
α′ (CW

T (t) − Ceq

)
dt, (B1)

where T = 1 yr and CW
T (t 0) is the concentration at the start

of the integration. The interest here is on the strength of air–
sea gas exchange, and the physical mixing and the export by
organic particles are neglected in this calculation. Thus, the time
evolution of CW

T in a column with depth H W becomes

H W dCW
T (t)

dt
= −α′ (CW

T (t) − Ceq

)
, (B2)

where H W is the depth of the winter mixed layer. By solving
Eqs. (B1) and (B2) it follows that α′ ∼ 1.2α if H W = 500 m.
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