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ABSTRACT

A one-dimensional model is developed to simulate the seasonal course of the mixed-layer CO,
partial pressure (pCQO,) at a given oceanic site. This rather detailed numerical tool is particularly
designed to quantify the relative role of physical and biological processes in the modulation of
the pCO,. It accounts for (i) the variations in the physical environment, i.e., mixed-layer depth,
temperature and eddy diffusivity, in response to the external forcing, (ii) the photosynthetic
carbon fixation, (iii) the fate of the organic carbon produced through photosynthesis, either
locally recycled or exported down to deep waters, and which is parameterised by using the
temporal variations of the chlorophyll content combined with a f-ratio, (iv) the chemistry
of CO, in seawater, allowing the pCO, inside the mixed layer to be computed from the total
inorganic carbon (2CO,) and total alkalinity (TA) contents. The carbon fluxes resulting from
air-sea exchange, upward transport, and net primary production are thus simultaneously
assessed. The model is purposely developed under the constraint of using (almost exclusively)
remotely-sensed data, namely those about chlorophyll, wind, temperature, and incident
irradiance; nevertheless, an a priori knowledge of the oceanic zone under consideration and
corresponding variables is required when initializing the model. If the photosynthetic carbon
uptake is explicitely accounted for, the model, however, cannot predict the algal biomass
evolution. On the contrary, it is driven by this evolution and the chlorophyll concentration, as
detectable from space, is the main input into the carbon-based biological compartment of the

code.

1. Introducti_on

The development of physical and numerical
tools which are able to use contemporaneous
satellite information about, e.g., ocean colour,
temperature, wind speed and cloudiness, in view
of inferring carbon fluxes, is a major challenge
for present oceanography. The ultimate goal is the
global estimate of the air-sea CO, net flux, given
that the exchange (in both directions) is sized by
the partial pressure difference between atmosphere
and ocean (ApCO,), combined with the wind-
dependent gas-exchange coefficient at the inter-
face. The parallel goal is to predict the carbon
fluxes towards the interior of the ocean.
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Between space observations and the desired
in-water parameters, there is a serious gap; various
problems are to be faced when attempting to
understand and predict the oceanic CO, partial
pressure (pCO,) from the restricted number of
variables observable from space. To the extent that
the atmospheric CO, partial pressure, compared
to that of oceanic upper layers, is more stable with
respect to time and space as well as more easily
documented, the major problem lies in the highly
variable character of the oceanic pCO, field and
in its mesoscale or even small-scale structure
(Gordon et al.,, 1973; Goyet et al., 1991; Kempe
and Pegler, 1991; Metzl et al., 1991; Watson et al,,
1991).

This variability results from intermingled pro-
cesses occuring within the upper ocean. In a
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simplified envision, they can be summarised as
both the “solubility pump” for atmospheric CO,,
depending on the sea-surface temperature (SST)
and the diffusivity within the water body, and the
“biological pump”, which depends on primary
production and local consumption. The yield of
the first pump is enhanced as SST decreases
(Weiss et al., 1982), while an increase of the down-
ward flux of biologically-produced organic carbon
intensifies the efficiency of the second pump. Both
pumps are also influenced by vertical motions in
different manners. Downward entrainment and
deep convection not only bring newly dissolved
atmospheric CO, into deeper levels, but also
perturb the vertical distribution of algae and
their photosynthetic activity. In contrast, upward
motions of CO,-supersaturated and also nutrient-
rich deep waters lead to 2CO, increase and also
enhanced incorporation of inorganic carbon into
biota. This general functioning determines the
broad outline of the localisation within the world
ocean of sink or source zones for atmospheric
CO,, and lays the basis for global “box-models”
approaches (Volk and Liu, 1988; Volk and
Bacastow, 1989). However large uncertainties
remain about the reservoirs and fluxes considered
in, or derived from, such studies (Longhurst,
1991). Furthermore, the picture is also getting
complicated when these processes are examined at
smaller time and space scales.

Thus, before attempting to estimate at large
scale sea-surface pCO, fields from satellite data, a
one-dimensional modelling is a preliminary and
appropriate way to quantitatively understand the
respective influences of the various processes
involved in the pCO, evolution. Numerous studies
were recently carried out along this line. For
example, Peng et al. (1987), developed a 2-box
model, based on a simple parameterisation of
physical and biological processes, attempting to
reproduce measured pCO,. Taylor et al. (1991),
examined the response of XCO,, the total in-
organic content, and of pCO, to a phytoplankton
bloom in “academic situations” differing by their
latitudes; physics of the mixed layer, however, was
imposed in their modelling investigation. By using
an upper-ocean model for mixed-layer prediction,
Gargon et al. (1992) carried out a detailed study of
the variability of pCO, within the upper ocean,
combined with a prescribed primary production
cycle.
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From these studies, from field observations
(Wong and Chan, 1991; Wong et al., 1993;
Schneider etal, 1992), and also from recent
synthesis about the carbon cycle (e.g., Longhurst,
1991), it is obvious that weaknesses subsist in
the suite of parameterisations needed to retrieve
the pCO, variations, in particular in the way of
reproducing the impact of the biological activity. It
is now feasible to estimate the total primary
production from chlorophyll, incident solar radia-
tion and appropriate physiological parameters, by
using space-acquired ocean colour data, from
which the pigment concentration can be derived
(Platt and Sathyendranath, 1988; Morel and
André, 1991). A relevant piece of information is
still missing in the CO, problem, as long as the
local recycling (remineralisation) rate of the
organic carbon produced by autotrophs remains
to be quantified. For a given total primary pro-
duction, an extremely high recycling rate (all
the organic carbon being locally consumed and
released as CO,) would imply no effect of biologi-
cal activity on pCO,. In the converse case (no
recycling), the CO, drawdown within the upper
ocean would be equal to the total primary produc-
tion. Most of the situations are between these
two extreme figures. The chemical and ecological
backgrounds, which govern the intensity of the
biologically-induced variations in XCO,, and also
determine the depth where they occur, are quite
complex. The processes involved include, not
exhaustively, photosynthetic organic carbon
formation, CO, release through oxidation and
respiration by autotrophs and heterotrophs, verti-
cal migration of zooplankton and occasionally
calcium carbonate formation.

With the purpose of simulating in a realistic way
annual cycles of the mixed-layer pCO,, a one-
dimensional model of the upper ocean has been
developed. It includes the physics of the mixed
layer, the biochemical effects of primary produc-
tion and carbon recycling. The model is not
entirely free nor self-sufficient. It makes con-
tinuous use of several sources of data, preferably
detectable from space (SST, solar irradiation,
wind, algal pigments) and requires, when initialis-
ing the computation, an a priori knowledge of the
oceanic zone under consideration (salinity, XCO,
and temperature profiles). The adoption of, at
least, a mean “f value”, i.e., a value of the ratio of
new-to-total production (Dugdale and Goering,

Tellus 47B (1995), 1/2



MODELLING THE SEASONAL COURSE OF THE UPPER OCEAN pCO, (I)

1967), is also necessary. An overview of the model,
and then a detailed description of its segments, are
provided.

2. General features of the model

The model is built to account for the following
processes: heat, momentum and CO, transfer at
the ocean-atmosphere interface, eddy diffusivity,
variations in temperature, salinity and depth of
the mixed layer, and finally the biological activity,
including its two aspects, the photosynthetic
carbon fixation by autotrophs and the regenera-
tion by consumers. All these processes affect the
2CO, and the total alkalinity (TA) of the water
body, and accordingly modify the pCO, level
inside the upper oceanic layer (see Table 1 for
symbols thereafter used in the text).

The model considers a one-dimensional system,
with a water column extending from the ocean-
atmosphere interface to a prescribed depth (here-
after 300 m), and with a deep reservoir where all
chemical species are assumed to be constant over
time. The upper boundary is the ocean-atmosphere
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interface, where CO,, heat and momentum
exchanges take place; the lower boundary is the
interface with the deep reservoir, through which
the water-column can exchange chemical com-
pounds. Inside the water column, there are two
particular horizons, the mixed-layer depth, noted
Z.1, and the bottom of the “productive layer”,
noted Z,. Depending on the stability of the water
body and the algal content, these two layers
generally differ in thickness and two situations
may happen (Z,,>Z, or Z,,<Z,, see Fig 1).
Z, is assumed to be 1.5 times the euphotic depth as
usually defined, namely that depth where the
downwelling PAR-irradiance is reduced to one per
cent of its surface value (PAR, the photosyntheti-
cally available radiation, is the radiant solar
energy within the 400-700 nm spectral range). The
factor 1.5 accounts for any possible carbon fixation
below the somewhat arbitrary “one per cent level”.

The physical characteristics of the mixed layer
are derived from an eddy kinetic energy model
(Gaspar et al., 1990), driven by surface heat fluxes
and wind stress. The mixed layer is assumed to
form a rigorously homogeneous medium, in such a
way that all the concentrations are uniformly dis-

Table 1. Symbols and units used in the text (except those used in Appendices)

pCO, Oceanic CO, partial pressure (uatm)

zCOo, Total inorganic carbon concentration in seawater (1 mol kg ')
ApCO, CO, partial pressure difference at the air-sea interface (uatm)
TA Total alkalinity in the mixed layer (uequ kg ')

NO; Nitrate concentration (mol m ~?%)

0, Oxygen concentration (mol m~?)

Chl Chlorophyll concentration (mg Chl m—3)

PAR Photosynthetically available radiation: radiant solar energy within the 400—700 nm spectral range
(uEm™2s™")

z, Depth of the productive layer (m). Z, is 1.5 times the euphotic depth, that is that depth where PAR is
reduced to 1% of its value just below the sea surface.

Z Depth of the mixed layer (m)

EKE Eddy kinetic energy (m?*s~2)

K. Eddy diffusivity coefficient (m?s~!, and subscript ml for its value at the base of the mixed layer)

SST Sea-surface temperature (°C)

k gas transfer velocity (ms~!)

« solubility of CO, in sea water (mol CO, m > gatm~!)

P Net primary production (gC m~2d ~!, and subscript d for a daily rate).

L Carbon loss from the productive layer (2C m~2d !, and subscript d for a daily rate)

R Local recycling of the organic carbon produced through photosynthesis (gC m~2d ~', and subscript d for

a daily rate)

X Export out of the productive layer of the organic carbon produced through photosynthesis (gC m~2d ',

and subscript d for a daily rate)
C Carbon-to-Chlorophyll ratio (g/g)
f Ratio of new-to-total production
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Fig. 1. Diagram showing the processes accounted for by
the present model, and their respective vertical positions,
(a) when the mixed layer is deeper than the productive
layer and, (b) for the converse situation. CO, and O,
gas-exchanges occur through the air-sea interface;
photosynthesis and respiration (re-mineralisation) take
place within the productive layer; eddy diffusivity carries
CO,, O, or NO; between the deep layers and the mixed
layer, in a direction depending on the sign of the vertical
gradient. It is worth noting that in (a), photosynthesis
and respiration only take place within the productive
layer. The biologically-induced variation in XCO,
extends however to the whole mixed layer.

tributed with respect to depth; as a consequence,
the quantities exchanged through its lower and
upper boundaries are supposed to be instan-
taneously shared by all parts of the mixed layer.

The carbon-based biological compartment of
the modelling is ruled both by the chlorophyll
(Chl) concentration and the amount and spectral
distribution of PAR at the sea surface (Morel,
1991). It provides the net carbon fixation rates
by autotrophs at all levels. From these primary
production estimates, combined with the time-
variations of the Chl content, the proportions of
local recycling of organic carbon within the
productive layer and of export to deeper levels are
evaluated. Along with the £CO, changes, the
oxygen evolution is stoechiometrically derived
from the estimates of the new and recycled produc-
tion. Nitrate variations can also be derived by
using the C-to-N Redfield ratio. These concentra-
tions, however, are never used to constrain the
modelling of the biological activity; they conver-
sely are outputs of the simulation, yet useful for the
global validation.
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The values of all the compartments of the
biogeochemical model (XCO,, TA, O, and NO,
vertical profiles) are initialized each day with their
value obtained at the end of the previous day (or
with initializing values for the first day of simula-
tion). At each time step (1 day), the biologically-
induced £CQO, variations are evaluated within the
entire homogeneous mixed-layer, and within each
of the stratified deep layers with a vertical resolu-
tion of 5 meters. These CO, source/sink terms,
the initial ZCO,, TA, O, and NO; values, and
the physical forcing for the day in question are
then introduced within an iterative scheme (see
Appendix F). When convergence is reached, carb-
onate chemistry with the relevant equilibrium
constants is introduced to compute, from XCO,
and TA within the mixed layer, the pCO, within
this layer. Both the ApCO, and the CO, air-sea
exchange are thus straightforwardly obtained.
The possible change in TA due to the nitrate
uptake (Goldman and Brewer, 1980) is taken into
account, as well as the changes in XCO, and TA
due to the formation of calcium carbonate. Total
alkalinity can also be modulated by salinity varia-
tions, if any. The carbon, oxygen and nitrate fluxes
resulting from eddy diffusivity, air-sea exchange
and export of organic carbon are also computed.

Tt is worth emphasizing that the present modell-
ing is purposedly controlled by surface parameters
only. Information regarding to the in-water struc-
ture are exclusively needed for the initialisation
phase. This voluntary restriction conforms to the
aim of developing a tool adapted to the data as
delivered by satellite sensors. Along the same line,
and according to the essence of the primary
production model, where photosynthesis is not
nutrient-controlled, the chlorophyll biomass is not
a product of the simulation. It is conversely an
input in the computational scheme and the corre-
sponding data source is expected to be an ocean
colour operating system.

3. Detailed description of the model segments

The entire modelling is schematically shown in
Fig. 2, and the required inputs are summarised in
Table 2. The detailed equations relevant to each of
the following segments of the model are provided
in Appendix F.
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Fig. 2. Diagram showing all the interactions and dependencies accounted for by the present model. Double-headed
arrows show a CO, exchange, either at the air-sea interface, or between successive levels, whereas simple arrows either
symbolise the influence of one parameter on an other one, or represent an input to a sub-model. Nitrate and oxygen
are not shown for the sake of clarity; they are actually derived quantities and are not involved in the computations.

3.1. Upper-ocean mixed layer characteristics and
eddy diffusivity

The eddy kinetic energy (EKE) model of Gaspar
et al. (1990) is designed to simulate vertical mixing
at all depths within a water column. The equations
for conservation of heat, salt, and momentum are
solved and turbulent fluxes are parameterised
using the concept of eddy diffusivity (see
Appendix A). For detailed information about
these equations and the kinetic energy closure
scheme, reader is referred to Gaspar et al. (1990),
and also to recent studies based on this model
(Gargon et al, 1992; Thomas et al, 1993). The
EKE is driven by (i) the solar flux incident at the
sea surface, and then by its progressive absorption
through the water column, (ii) the “non solar
flux”, i.e., the sum of the latent and sensible heat
fluxes and of the net long-wave radiation budget,
(iii) the surface water balance and (iv) the wind-
stress at the sea surface. The way of estimating
these fluxes is explained in Appendix A. With
respect to previous uses of this EKE model, three
significant modifications have been introduced
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(their usefulness is discussed in the frame of a
validation of the model).

(1) In place of using the parameterisation of
Paulson and Simpson (1977), constant through-
out the year and tuned according to a selected
Jerlov’s (1976) optical water type, the propagation
of solar radiations is made dependent upon the
actual chlorophyllous pigment concentration, and
is accordingly parameterised (Morel and Antoine,
1994).

(ii) The estimation of the mixed-layer depth is
also modified. Gaspar etal. (1990) considered
that, starting from the surface, the first value of
the turbulent kinetic energy that is lower than a
selected threshold (ie., 10~°m?s~2) is the foot-
print of the mixed layer bottom. When adopting
this criterion, the impact of very rapid retreat
events appears to be exagerated; they may last two
or three days, when a first relative (and often
weak) minimum of kinetic energy momentarily
develops at a relatively shallow depth. This
criterion was modified as follows; instead of the
first relative minimum, the deepest value still
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Table 2. Parameters needed to drive the model and the possible source(s) from which they could be obtained

for future studies, making use of satellite observations

Parameter or processes

Parameter Symbol relying upon Possible source
sea-surface SST (1) physics of the mixed layer remotely-sensed temperatures
temperature (ii) gas exchange
(iii) carbonate chemistry
(iv) primary production
salinity S (i) physics of the mixed layer climatological profiles
(ii) gas exchange
(iii) carbonate chemistry
air temperature T, (1) physics of the mixed layer meteorological /weather forecast centers
wind speed Vio (1) physics of the mixed layer remotely-sensed wind speeds from
(it) CO, gas exchange scatterometers, or from meteo-
rological/weather forecast centers
clear-sky Sw (i) physics of the mixed layer remotely-sensed data, or models, or
irradiance at the PAR (ii) primary production meteorological/weather forecast centers
surface and clouds
CO, partial PCO, (i) CO, gas exchange atmospheric PCO, monitoring
pressure in air
near-surface Chl (1) primary production ocean color remote-sensing
chlorophyllous (ii) solar heating rate
pigments
physiological (i) photosynthesis plant physiology
parameters primary production
f-ratio (i) organic carbon recycling oceanographic surveys

C-to-Chl ratio

and carbon export

greater than the threshold is adopted as being the
actual depth of the mixed layer.

(ii1) In the routine version of the model, three-
hourly estimates of the heat fluxes are introduced
into the EKE. The outputs are the three-hourly
values of the mixed-layer depth, of the tempera-
tures and of the eddy diffusivities from the surface
down to 300 m, with a five meter depth increment
(the model could also accomodate different time
scales). The last modification consists of con-
sidering this mixed layer as strictly homogeneous,
forming a unique box for the biological and chemi-
cal processes. The constant temperature for this
homogeneous mixed layer is simply computed by
averaging the temperatures obtained by the EKE
model from 0 down to Z_,; actually the tem-
perature fluctuations around the mean, within the
mixed layer, are usually no greater than +0.1°C,
and exceptionally +0.5°C in summer. The eddy

diffusivity vertical structure throughout the mixed
layer is ignored. Temporal averaging is also made,
to produce daily values, in concordance with the
time step adopted for the biogeochemical model.
The mixed-layer temperature and the eddy dif-
fusivity vertical profiles (beyond Z_,) are thus
assumed to be constant during a day and changing
from day to day in the following segments of the
model. Nycthemeral variations are therefore
ignored.

Exchanges of £ZCO,, NO; and O, between the
mixed layer and the underlaying levels are deter-
mined by the daily value of the eddy diffusivity at
the base of the mixed layer. During entrainment
periods, the layers newly “incorporated” within the
mixed layer contribute to modify its mean con-
centration according to a mixing rule. Under the
mixed layer, eddy diffusivity is the sole physical
process responsible for changes in the £CO,, O,
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and NO; concentrations. The deep (constant)
reservoir is not affected by the exchanges with the
water column. Chemical compounds are however
permanently dipped into the deep reservoir,
which acts as a restoring box (see Appendix F for
detailed equations).

3.2. CO, and O, gas-exchange through the atmo-
sphere-ocean interface

The CO, flux at the ocean-atmosphere interface,
F, is determined by the ApCO, (zatm) and by the
CO, gas-exchange coefficient (mol CO, m 25!
uatm ~ 1), which is the product of k, the gas transfer
velocity (ms~'), and of «, the CO, solubility in
seawater (mol CO, m ~> yatm ~!).

F=ko ApCO,.

Following Liss and Merlivat (1986), k is com-
puted from wind speed and a temperature-depend-
ent Schmidt number, and « from temperature and
salinity according to Weiss (1974). The computed
daily value of F is simply added to, or subtracted
from, the mixed-layer total CO, concentration.
The formulation is essentially the same for O,,
using a temperature and salinity dependent
solubility (Weiss, 1970), and the relevant Schmidt
number for O,.

Note that the gas-exchange mechanisms take
place within the sea-surface microlayer, and that
the bulk value of the partial pressure is not strictly
the relevant quantity to be considered when wind
speed is low, typically under 10 ms~! (Robertson
and Watson, 1992). Two other phenomena not
considered are (i) the possible barrier to gas-
exchange created by a stagnant film of dissolved
organic matter and (ii) the trapping of air bubbles
(Wanninkhof, 1992; Thomas et al.,, 1990). The
extent to which neglecting these processes can bias
the flux estimates is not examined.

3.3. Algal biomass

As usual, the Chl concentration is used as a
descriptor of the algal content. In the perspective
of relying on remotely sensed data, the supposedly
known Chl concentration to be used as input in the
model is Chl g, ie., this concentration within
the upper layer which can be detected by a
satellite-borne ocean colour sensor (Gordon and
McCluney, 1975). The carbon fixation of algae,
however, occurs in a much (4-6 times) thicker
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layer and its prediction requires a knowledge of the
entire biomass profile. With this aim, a statistical
analysis of about 4000 vertical Chl profiles from
the world ocean was carried out (Morel and
Berthon, 1989), leading to empirical formulations,
here adopted. In summary, the column-integrated
Chl content has been statistically related to
Chl, ., and two situations have been separately
considered: when deep convection processes occur
(winter, moderate and high latitudes) or when
waters are stratified (low, and moderate latitudes
in summer). In the first case, there is no vertical
structure and the column content is obtained by
integrating over the appropriate depth the uniform
Chl profile. In the second case, the relationship
between Chl,, and the integrated amount is
different (see Appendix B) and the structure of the
vertical profile can be statistically related to the
surface value. Based on these statistical relation-
ships, a prognostic equation has been proposed
and the vertical Chl distribution is modelled as a
varying Gaussian profile (Lewis et al., 1983 ) super-
imposed on a background concentration and the
depth, width and magnitude of the Gaussian
peak have been operationally related to Chl .
According to this model, the Chl distribution in
stratified waters evolves from a profile with a
sharp, intense and deep Chl maximum in oligo-
trophic waters (low Chl,,,) to a smoother profile
with a broad maximum at the surface in eutrophic
waters (high Chl g, ).

In conformity with the present model hypothesis
of a perfectly homogeneous mixed layer, the Chl
concentration within this layer is given a strictly
constant value, equal to the mean value derived
from the profile over the same depth interval.
Below the mixed layer, where stable stratification
takes place, the reconstructed profile is kept
unchanged. With this Chl profile, the PAR energy
is propagated downward according to Morel
(1988) (as summarized in Appendix C).

3.4. Net primary production (P)

The amount of carbon fixed by algae is com-
puted from the chlorophyll distribution and from
the PAR vertical profile including its changing
spectral composition, by using a spectral light-
photosynthesis model previously developed (Morel,
1991). The computation rests on the growth rate
equation of Kiefer and Mitchell (1983). This equa-
tion expresses that the local and instantaneous
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carbon fixation, dC/ds, results firstly from absorp-
tion of photosynthetically available radiation (at
given depth, instant and wavelength, z, ¢, and 1)
by algae having a Chl-specific absorption coef-
ficient a*(4), and then from transformation of the
absorbed energy (quanta) into chemical energy
(stored into the photosynthetized organic matter)
via a quantum vyield ¢, so that:

dC(z, 1, A)/dt =12 PAR(z, 1, 1) a*(4)
x Chl(z) ¢(z, 1, 2),

where 12 is the molar weight of Carbon. This equa-
tion is then triply integrated with respect to 4, ¢,
and z, over the photosynthetically active spectrum
(400-700 nm), the daylength and the depth of the
productive layer (depending on the Chl profile,
which also governs the light penetration). The
practical ways of modelling the quantum yield and
performing the integrations are summarized in
Appendix D.

The computed primary production, thereafter
denoted P, is postulated as being a “net” produc-
tion, because, when modelling the quantum yield,
a maximum quantum yield for growth is selected
(instead of a higher maximum quantum yield for
photosynthesis), so that the Carbon loss due to
respiration by autotrophs is implicitely accounted
for. In such a scheme, parameterising a nutrient
limitation for phytoplankton growth is not appro-
priate, since primary production is computed on a
day-to-day basis and derived from the (daily)
actual Chl content. This content as well as its
vertical distribution already reflects the trophic
status of the algal population and the influence of
previous nutrient availability that has fixed the
standing stock at its present level. The areal net
production (gC m~?d~"') within the mixed layer
or within the entire productive layer are separately
obtained by integrating the local production
(8C m~>d ") from the surface down to Z,, or Z,,,
respectively.

3.5. Carbon recycling within the productive layer,
and export of organic carbon to deeper levels

To assess the global effect of biological activity
on the £CO,, it is necessary to estimate this part,
R, of the net primary production (P) which is
locally consumed, leading to a CO, release. The
remaining part, P — R, is partitioned between the

D. ANTOINE AND A. MOREL

net increase of the organic carbon pool and the net
export of organic carbon towards deeper levels.

It is generally stated (Platt et al., 1989) that the
exportable carbon is equal to the “new”, essentially
nitrate-based, production (Dugdale and Goering,
1967). This equality can only hold true under the
hypothesis of long-term equilibrium, namely of a
steady state of the carbon biomass (for instance,
from year to year). In such an envision, R should
be equated to the regenerated production

R=P(1—-f),

where f is the ratio of new-to-total production
(Dugdale and Goering, 1967; Eppley and Peterson,
1979). On a daily basis, however, the new produc-
tion, which relies on the nature of the nitrogen
supply, and the carbon export, which relies on the
contemporaneous structure of the foodweb, are
not necessarily closely related (e.g., discussion in
Legendre and Gosselin, 1989; Quifiones and Platt,
1991; Laws, 1991). In addition, over a short period
of time, the algal biomass is generally evolving,
either declining or increasing. Another complexity
originates from the definition of /. This parameter
is defined for the entire productive layer, regardless
of the different regimes prevailing inside and below
the mixed layer, while these two regimes must be
separately considered in the present computation.

To the extent that the assumption of steady state
is not compatible with the temporal resolution
adopted for the model (1 day), the above equation
cannot straightforwardly apply. At this time scale,
the algal biomass evolution cannot be ignored.
Meanwhile the bulk fvalue, assumed to be typical
of the season and region considered, has to be
respected, even if the daily values of this param-
eter, denoted f;, are possibly changing. This
double constraint is the rationale for deriving
a time-dependent estimate of R, based on the
knowledge of the Chl evolution (as detectable from
space, for instance).

In principle, the derivative with respect to time
of the column integrated Chl content allows an
organic carbon “loss” to be assessed. The reason-
ing, which implies the adoption of a carbon-
to-chlorophyll ratio (C-to-Chl), is as follows:
given a Chl biomass at a given date, the primary
production model predicts the daily incorporation
of carbon. This amount is transformed into a
theoretical increase of Chl, A(Chl),, which can be
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compared to the actual increase after one day,
A(Chl),. The difference appearing between these
two quantities, 4 Chl (=A(Chl), — A(Chl),), once
re-transformed into carbon, represents the daily
carbon loss from the productive layer, denoted L.
This loss results from two distinct processes,
namely the local consumption of organic carbon,
Ry, (converted back to CO,) and the organic
carbon export (sinking), X4; Ry implicitely
includes processes like grazing and remineralisa-
tion; X, is assumed to exit the model domain, its
remineralisation occuring below the maximum
depth considered. Therefore, the quantity L, must
be partitioned according to

Lai=Rq+ X4

with Ry=L4(1 —f;), and Xy4=L, f,, and where
the subscript d means daily rates. Several situa-
tions can occur, as follows:

L, <0, the primary production model is wrong (it
underestimates the production), or the C-to-Chl
ratio is misadapted. A provision for such a
situation is made in the code (L, is reset to 0).

Ly;=0, all the carbon fixed by photosynthesis
remains incorporated into the biomass; in such
a case, the effect of biological processes on 2CO,
is strictly equal to — Py.

Py > Ly> 0, the biomass is still increasing despite
the existence of a loss; a certain part of the CO,
fixed is regenerated and the depressive effect
on ZCO, is less than in the previous situation,
being now — P4+ Ly(1 — fy).

L, = P4, the biomass is stable; if hypothetically f,
was set to zero (entirely regenerated produc-
tion), then XCO, would be unaffected, leading
to a situation equivalent to that of an abiotic
ocean. If more realistically f, differs from zero,
the new production is entirely exported.

Ly > P4, the biomass is declining; such a system

can either depress or enhance £CO,, depending
on the value of f4, and of the ratio L4/P.

It must be pointed out that, with this approach,
the daily rates, Ry and Xy, are allowed to be
fluctuating, under the proviso that after summing
over a given period of time (season, year) they
coincide with the regenerated and new production

ILy(1—f9)=R=P(1—f),
ZLdfd=X=P.f'
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On the right-hand side of these equations, f is
the bulk value supposed to be typical (and known)
for the zone under consideration and used as a
constraint, while the daily values f; in the left-hand
side are not necessarily constant. The capability
of the model to account for such varying fy
is only used if information are available or if
plausible hypothesis can be made about its varia-
tion. A reasonable hypothesis, for instance, con-
sists in increasing fy during the bloom period and
tailoring its evolution according to the Chl
biomass itself (see below).

The levels where the above processes occur must
also be considered. When Z,>Z,, the CO,
regeneration happens within the mixed layer and
below it. By approximation, Ry can be split into
two terms, according to a mixing rule. The first
term, Ry ., equally distributed inside the mixed
layer, is expressed as

Rd,ml = Rd(Zml/Zp)

and the second term, inside the stratified layer, is
made depth-dependent according to

Ry(2) = Ry(1 = (Z1/Z;) )(P(2)/Por)

where P(z) and P, are the local and the column-
integrated productions below the mixed layer,
respectively. The approximate character of the
above formulation comes from that the f; values
are considered as independent from depth, in spite
of the possible difference between the two trophic
or taxonomic status above and under the eddy dif-
fusivity minimum. Oxygen and nitrate evolutions
can be retrieved from the P and R values by using
Redfield ratios (see Appendix F).

3.6. Practical application

An illustration of the above method is provided
by simulating an annual cycle for a situation
already studied by Taylor et al. (1991), hereafter
denoted by TL. Their annual cycles of sea-surface
Chl and mixed-layer depth, assumed to be typical
of a station located at 35° N in the Atlantic ocean,
are adopted. At this location, the biomass evolu-
tion is characterised by a phytoplankton bloom
occurring in spring, when the mixed layer begins to
be stabilised (Fig. 3). Net primary production is
separately computed within and under the mixed
layer, leading to a column-integrated production,
P, of 84 gC m~2y~!. By summing the columns 1,
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Fig. 3. 1llustration of the method proposed to estimate
the local recycling of organic carbon within the produc-
tive layer, and the export of organic matter toward
deeper levels. An academic station is selected (see text,
and panel (a)), characterized by a mixed-layer annual
course, and an imposed Chl content which determine the
depth of the productive layer in the present model.
(b) Export from the productive layer is then estimated
from P (see text for its calculation) combined with the
temporal variations of the integrated Chl content. The
annual course of the ratio of new production to export of
organic carbon is shown in insert.

2 and 4 of the Table 2 in TL (sinking, diffusion of
cells, and mortality), a value of 82 gCm 2y ' is
obtained, comparable to the present primary
production estimate. These results are obtained
from the same sea-surface Chl cycle, the resulting
integrated Chl contents being however quite dif-
ferent, as a consequence of different depths of
integration; the depth considered in TL covers the
mixed layer plus thermocline domain throughout
the year, this domain being deeper or shallower
than the depth of the productive layer (Z,) taken
into account in the present model. To estimate the
net effect of biota on the ZCO,, the annual course
of the f-ratio is assumed to mimic that of Chl, with
a maximum coinciding with the spring bloom
(arbitrarily set to 0.7), and a minimum occurring
in summer (set to 0.2), leading to a mean value of
0.3 (a value generally believed to be typical of the
open ocean; see, e.g., Platt etal, 1989). Under
these assumptions, export from the Z, domain is
estimated to be 26 gCm 2y~ firstly increasing
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like P when the bloom begins, and then rapidly
decreasing to become nearly zero in summer, as
recycling increases. New production (Pf) and
export (Lf) exhibit different annual courses,
whereas their values are equal when summed over
the year. These features are to be compared with
net, new and recycled production annual cycles as
they can be obtained, for example, from detailed
ecological models (see, e.g., Figs. 8 and 9 in
Fasham etal, 1990), and leads to place some
confidence in the presently proposed method for
the estimation of the carbon export from the
productive layer.

4. Conclusion

It was intended in the present work to develop
a one-dimensional model, able to simulate the
pCO, evolution within the oceanic mixed layer, in
response to the physical forcing and biological
activity. A second aim was to prepare numerical
tools for the future use of a limited suite of
parameters, measurable from remote-sensing plat-
forms, to predict at global scale the CO, exchange
at the air-sea interface. This second goal has
entailed several constraints when developing the
model, so that it differs from other, more classical
approaches. A priori knowledge of the oceanic
zone under consideration and a restricted set of
climatological values are inevitably needed to start
any computation of this kind. Beside this initial
information, the input parameters for the model
are deliberately limited to those detectable from
space (Table 2). The main consequences of this
choice can be summarised as follows.

There is no algal growth modelling in spite of
the incrustation in the model of a sub-unit dealing
with the photosynthetic activity. This segment
actually is fed by the chlorophyll concentration, as
observed within the upper layer, and it computes a
daily carbon fixation. It is unable, per se, to predict
the algal population evolution, as sinking, mor-
tality, grazing rate and other ecological features
are not parameterised.

The algal compartment is exclusively seen
as a peculiar carbon compartment and not, as
usual, as a nitrogen compartment. The dependence
of phytoplankton growth on the nutrient(s) avail-
ability is not taken into account as such; it
is implicitely involved in so far as the biomass
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abundance (the Chl concentration) necessarily
results from the past nutrient availability, for given
radiative conditions. Therefore nitrate is not an
input parameter in the model. Nitrate, like oxygen,
can conversely be derived as a by-product of the
simulation, via the Redfield’s ratios.

The biological activity, summed up as a chemi-
cal, partly reversible, process, is simply represented
by two antagonist functions, the net photo-
synthetic inorganic carbon uptake and the organic
carbon loss (itself comprising two terms, the local
regeneration and the export). The regulation of the
system, and therefore the way of tuning the
opposite effects of the two functions within the
model, is based on the adoption of a mean f-value
(new-to-total production ratio), and, if available,
on information concerning the f-evolution along
the seasons.

The present model has been validated and its
sensitivity to parameter values has also been tested
(Antoine and Morel, this issue) to gain a better
understanding of the intricated dependences of the
2CO, on the physical and biological processes.
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6. Appendix A. Sea-surface wind stress, and
heat fluxes

The surface wind stress and heat fluxes fix the
surface boundary conditions which drive the evolu-
tion of the eddy kinetic energy within the model of
Gaspar et al. (1990). For the sake of completeness,
the basic one-dimensional heat, salt and momen-
tum equations forming the EKE model, and the
corresponding surface conditions, are briefly
recalled below (for further information about these
equations and the kinetic energy closure scheme,
the reader is referred to Gaspar et al., 1990)

ot pyec, Oz oz
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with the surface condition

_pOCp T'WI(O) = Fnsol = Qe + Qc + LW,
25 as'w
or 0z

with the surface condition

—PocpS'W(0)=Ey — P,

ou _

T
t=—fk><U—a id

0z

with the surface condition
—poUW(0)=1

T, S, U, and w are the temperature, salinity,
horizontal and vertical velocities of the water, fis
the Coriolis parameter, k the vertical unit vector,
and t is the surface wind stress; p, and c, are the
reference density and the specific heat of sea water,
respectively; E(z) is the fraction of the surface solar
radiation which reaches the depth z. Q. and Q, are
the latent and sensible heat fluxes, SW is the
incoming solar radiation, LW is the net long-wave
radiation budget, and E, — Py is the water balance
at the air-sea interface. These various terms are
explicited below.

6.1. Wind stress ©

When not measured at 10 m height, the wind
speed is transformed into its value at this elevation,
Vi (ms~1), by using the method of Kondo
(1975), assuming a logarithmic wind profile. The
dimensionless wind stress coefficient, C,,, is then
computed according to Wu (1982):

10°C,o= 0.8 +0.065 7,

and the wind stress t= pﬁ CioV3o»
0

where p is the density of air (1.29 kg m ), and p,
the reference density of sea water (1024.5 kg m—3).

6.2. Heat budget

The heat budget at the sea surface is the sum of
four terms, namely Q., the latent heat flux, Q,, the
sensible heat flux, SW, the incoming total solar
radiation, and LW, the net long-wave radiation
budget. These fluxes (all expressed as W m~?2) are
estimated as follows:
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6.3. Latent heat flux: Q.

The latent heat flux, Q. is estimated by using the
bulk aerodynamic formula, as adapted by Friche
and Schmitt (1976):

Qe =- CDLW Vl()(qs - qa)!

Cp is a drag coefficient (=1.32-1072), L,, is the
latent heat of sea water, namely
L,=10%2510—-238S8ST)J kg~

qs, the absolute saturation humidity of air at the
sea-surface temperature (SST), is
g, =100(Ps/Ry, SST), expressed as kgm 3,
where Pg, the saturation pressure is,

Pg=6.112 exp(17.37 SST/(SST + 238.8))
(Buck, 1981), and Ry, =461.5Jkg ' °K 1.

q., the absolute humidity of the air (7', is the air
temperature) is: g, = 100(Pgs/Ry T,), expressed
as kg m 3, where Pg, the saturation pressure is
computed from the dew point temperature, Ty,
Ps=6.112 exp(17.37T 4o, ( Tgew + 238.8))
if Ty.,, 1s greater than 0°C,

Pgs=6.112 exp(22.54 T 4o, ( T g4ew + 273.48))
if Ty, is lower than 0°C.

6.4. Sensible heat flux: Q,

The sensible heat flux, Q, is estimated by using
the bulk aerodynamic formula, as adapted by
Friehe and Schmitt (1976):

O, = —pcy(A+ CVio(SST—To)),

where c, is the specific heat of air (1005 J kg~'
°K~!') and 4 and C, are regression coefficients
(they replace, with the same meaning, the bulk
transfer coefficient for sensible heat, usually
noted Cy); 4 and C, depend upon the product
X =V, (SST —T,), depicting the stability of the
air column:

if 0<=X<=25

A=2.10"% and (,=097-10"°
if X>25

A=0 and C,=146.10"°

if X<0

A=2-10"% and C,=086.1073

6.5. Incoming total solar radiation: SW

The total downwelling solar radiation (wave-
lengths from 0.3 to 2.5 um) incident at the sea
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surface under a clear sky (SW,.), is computed by
using the “5S8” atmospheric radiative transfer
model of Tanré et al. (1979, 1990), operated for
standard atmospheric conditions, namely for a
visibility of 23 km, an integrated ozone content of
350 DU and 2 cm of precipitable water. A depar-
ture from these mean conditions does not produce
drastic changes in the estimate of total radiation.
The “5S8” model is operated once and for all to
produce tabulated values for each wavelength
between 0.3 and 2.5um (step 0.02 um) and for
19 sun-zenith angles from 0 to 90 degrees. The
actual value of solar radiation for given geographi-
cal locations and dates is then obtained by inter-
polating in the look up table.

Reduction of solar energy due to cloudiness is
estimated according to Reed (1977):

SW = chlear Cr ’
C.=1—0.632¢ +0.0019.

SW is the radiation under cloudy conditions,
where ¢, the cloud cover, is N/8, if N is the cloudi-
ness expressed in okta (¢ ranges from 0 for a clear
sky to 1 for overcast conditions) and « is the noon
solar elevation in degrees. This formula is valid for
cloud cover from 0.28 to 1.0. For low cloudiness
(¢<0.28), C, is given a constant value (0.95), as
suggested by Reed (1977).

To account for the less severe absorption of
the visible radiations (400-700 nm, ie., the PAR
domain), compared to that affecting the near IR
domain (>700 nm), the C, factor above is split
into two distinct factors, C, ; and C, ;,, computed
according to (Baker and Frouin, 1987; Morel and
André, 1991):

Cr,ir = 075 Cr,vis’
and by demanding that

SW = (chlear,vis + chlear,ir) Cr
= chlcar, vis Cr, vis T SWclear, ir Cr, ir-

In this way, the cloud-induced reduction in the
visible domain is only 75 % of that in the near IR,
whereas the reduction of the whole spectrum of
solar radiations satisfies the Reed’s formula-
tion. Specular reflection at the air-sea interface is
accounted for. Wind-dependent reflection coef-
ficients for the direct radiation (Austin, 1974), are
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used to compute the radiation just below the sea
surface. Values for UV +visible and infrared
radiations (from 300 to 2500 nm) are separately
integrated to operate the solar heating param-
eterisation (Morel and Antoine, 1994). The
spectral values in the visible domain (from 400 to
700 nm, with an increment of 20 nm) are com-
puted to feed the spectral light-photosynthesis
model (Appendices C and D).

6.6. The net long-wave radiation budget: LW

LW, which is the sum of the thermal radiation
lost by the sea surface, and of the gain due to
absorption of thermal radiation from the atmo-
sphere, is computed by the Brunt’s formula, as in
Hastenrath and Lamb (1978), namely:

LW = [0 SST#(0.39 — 0.056 \/e)(1 — 0.53¢?)]
+ [4ec SSTX(SST—T,)].

¢ is the cloudiness index, as above.
¢ is the emissivity of the ocean (0.97)

o is the Stefan-Boltzman constant
(5.67-10"8 Wm—2°K %)
e, the water vapor pressure, is
(r/(0.62197 + 1)) Py (Gill, 1982),
where r=¢,/(1 —q,) and P,,,, is the barometric
pressure.

6.7. Water budget E,,— Py

When an unbalance in the water budget occurs,
salinity is changing according to the difference
between the evaporation (see 6.3) and precipita-
tion rates.

7. Appendix B. Inferring the Chl vertical
profile from the Chl ,,, value

The reconstruction of the Chl profiles from the
concentration within the upper layer, Chl
(mg Chlm™3), rests on the following equations
(see in Morel and Berthon, 1989, for more details).
The first step consists of relating Chl,,,, (mg Chl
m~?), the integrated amount of Chl within the
euphotic layer (depth Z.) to Chl,,,, according to

Chl o, =379 ChI?5%

(for deep mixed layers)
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Chl o, = 38 Ch1%22%

(stratified waters, with
Chl .,y <1 mg Chl m~3)

Chlqory = 40.3 ChI%Z%3

(stratified waters, with
Chl,y > 1 mg Chlm™3)

The depth of the euphotic zone, Z., is derived
from the pigment profile by using the optical
model (Morel, 1988). For computational con-
venience two successive simple expressions can be
used which directly relate Z, to Chl,,, according
to

Z,=568.2 Chl;274
(if Z. < 102 m),

Z, =200 Chl ;32
(if Z, > 102 m).

The vertical profiles are computed in a dimen-
sionless way by using the optical depth {=Z/Z,
and the relative concentration X = Chl(¢)/Chl,.,
where Chl,, is the mean concentration within the
euphotic layer; the Gaussian profile is expressed as

Chl(¢)/Chl,, = Chlypg + Chly,,
xexp[ —(({ —Lmax)/A0)?],

with the following meaning.

Chl,, is a background concentration over which
is superimposed the Gaussian peak. Chl,,
represents the intensity of the deep Chl maximum,
located at an optical depth (., and with a vertical
extension determined by A{. All these quantities
(Chlyg, Chl oy, {max and A{) are related to Chl g,
(polynomials in eq. (6) of Morel and Berthon).
The profiles actually extend beyond Z. and the
above equation produces values down to Z,
(=1.5Z,) as required for the present study. Revert-
ing { and X into physical quantities (depth in
meters and Chl in mg m ~—?) is straightforward.

8. Appendix C. Propagation of the down-
welling PAR within the water column and
calculation of the primary production

The propagation within the water column of the
PAR incoming at the sea level (see Appendix A for
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its calculation) is computed by using a spectral
model (Morel, 1988). This parameterisation differs
from that used when assessing the solar heating, as
spectrally detailed values for irradiance are needed
in conjunction with the spectral values of algal
absorption. For any wavelength, and at any depth
z within the euphotic zone:

PAR(z, 1) = PAR(z — dz, 1) e( ~Katbrd2)

where K4(4), the spectral diffuse attenuation
coefficient for downwelling irradiance, is param-
eterised as:

K4(4) = K (2) + x(4) Chl?,

where K, (4) is the attenuation coefficient for pure
sea-water, and the y(4) factor and exponent e(1)
were derived from regression analysis on log-trans-
formed K spectra.

The integration with respect to wavelength is
operated with a reduced number of wavelengths,
from 61 in the initial version (Morel, 1991) to
16 for the present study; the wavebands are thus
20 nm wide instead of 5 nm. The consistency of
primary production computed by using these two
spectral resolutions has been checked, and there is
no significant difference (see also Platt and
Sathyendranath, 1991). Integration vis-a-vis time
is operated over ten equal intervals within the
daylength. With respect to depth, the computation
of primary production is made with a depth incre-
ment of 5m throughout the entire productive
layer.

The production model is not operated dif-
ferently when dealing with the mixed layer. The
vertical pigment profile is assumed to be strictly
uniform in the present modeling, so that the ran-
dom motions of algal cells within the mixed layer
must exactly compensate. To the extent that the
primary production is computed by using a set of
fixed physiological parameters, the misadaptation
(if any) of algae to the varying light levels,
experienced during the vertical motions, is not
taken into account. With a constant chlorophyll
concentration and a constant physiology, the
production within a turbulent mixed layer is
necessarily equal to that of a “frozen” layer.

The use of a “mean irradiance” within a mixed
layer, PAR ;, has been recurrently proposed. This
mean is obtained as
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PAR,,/PAR(0") = (Z,)"" fz'"' exp(—Kz) dz

[

=(KZpn) "' [1—exp(—KZ )],

where PAR(0 ™) is the irradiance just beneath the
surface and K is the diffuse attenuation coefficient
for downwelling PAR irradiance (“averaged” for
the spectral range involved). This approximation
is not acceptable because it ignores the non-
linear character of the photosynthesis-irradiance
response of algae (the so-called P versus E curve).
An average value of this function which would
result from the convolution of the P versus E
curve with the depth-irradiance exponential decay
would be a better approximation. It is easy to
demonstrate that such an approximation is exactly
that of the frozen layer, apart from the fact that the
spectral aspect is discarded.

9. Appendix D. Summarized description of the
spectral light-photosynthesis model

The spectral light-photosynthesis model of
Morel (1991) is based on the integration of the
growth rate equation of Kiefer and  Mitchell
(1983), and P, the daily carbon fixation within the
productive column (gCm~2d~!) is computed
according to

L Z, (700
P=12a,’:,axgo#‘maxf f J Chl(z) PUR(A, z, 1)
0

400

x f[x(z,t)] dAdz dz.

L is the daylength, Z,, the depth of the productive
layer and 400-700 nm represents the spectral
domain of photosynthetically active radiation
(PAR). The meaning of the various terms is as
follows: Chl(Z) describes the vertical Chl profile.
The Chl-specific absorption spectrum of algae,
denoted a*(4), is transformed into

a*(4) =ag.A*(4),

where a},, is the maximum value found in the
a*(A) spectrum (generally at 440 nm) and A*(4)
represents the (dimensionless) probability of
absorption. PUR(4, Z, ) is the photosyntheti-
cally usable radiation, i.e., the product A4*(1)
PAR(4, Z, t) where PAR is the scalar irradiance.
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The quantum yield for growth, ¢,,, which depends
on irradiance (actually on PUR) is expressed in a
dimensionless way by forming the ratio

S(X)=0,/0, max>

where x is a dimensionless descriptor of irradiance
obtained as

x=PUR/KPUR

with

700
PUR = PUR(4)d4

400

and KPUR is a scaling value.

The f(x) function directly derives from the mathe-
matical representation of the P® versus E curve
(production versus irradiance curve). The param-
eterization of Platt et al. (1980) is adopted, and
leads to

flx)=x"'1—e ") e,

where f accounts for photoinhibition at high
irradiance. The quantum yield is maximum at
vanishing irradiance (x = 0, f(x) = 1, @, = @, max)
and decreases with increasing irradiance (x — oo,
f(x)—0, ¢,—0). The scaling term KPUR fixes
the irradiance level for which f(x)=1 (and
Pu= 3P max)-

Knowing the spectral irradiance incident at the
surface, PAR(4,0,t), its propagation through
the water column is computed in relation to the
Chl(Z) profile; PUR(4, Z, ¢) is straightforwardly
obtained as well as its spectrally integrated quan-
tity which provides the local and instantaneous
value of x and thus of f(x). The integrations
are performed with dA=20nm, dz=5m, and
dr=L/10.

The quantities are given the following values:

a*, =45m? (g Chl)~!;
A*(1) is a mean spectrum for 14 species grown in
culture (see in Morel, 1988);

@ . max = 0.07 mol C (mol quanta)~';

KPUR =25.77 umol quanta m?s~' at 20°C,
and varies with temperature according to a
van’t Hoff dependency KPUR(T®)=KPUR(20°C)
1.065(T° — 20).
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These values given to the physiological
parameters are that adopted in Berthon and Morel
(1992), and lead to a maximum production rate
normalised to biomass (P ) equal to 3.31gCg
Chl~'h~!at 20°C.

10. Appendix E. Carbonate chemistry

To initialise the model, XCO, and T4 vertical
profiles are needed, and are built as follows: within
the entire mixed layer and for the deep reservoir,
¥CO, and TA are given values typical of the
site under consideration (climatological values or
measurements, if any), and are linearly inter-
polated between these two domains. A 2-year
preliminary run of the model, fed with these verti-
cal profiles, and making use of the forcing of the
first year of simulation only, leads finally to the
2CO, and T4 vertical profiles thereafter used for
initialisation. This procedure ensures coherence
between the physical structure of the water column
and the initial ZCO, and T4 vertical profiles.

From the actual values of temperature and
salinity, the dissociation constants of carbonic acid
K, and K, in molkg~! (and K,=K}/K}) are
estimated following Goyet and Poisson (1989),
the solubility of CO, in sea water («, mol kg "
atm "), following Weiss (1974). The borate
concentration (BR), the dissociation constants for
boric acid and sea water, respectively K, and K,
are calculated according to the international
UNESCO equations (UNESCO, 1987). The
following iterative procedure allows then the pCO,
to be computed from XCO, and T4 (the values for
the hydrogen ion activity, H *, and the carbonate
alkalinity, CA, are also computed). Firstly, the
variable A takes the value of T4, and the dissolved
CO, concentration is estimated according to

[CO,]=2CO,— 4

AK! —3CO,K.— 44+ Z
2(K.—4) ’

where

Z=,/(2CO,K,)*+ AK(22CO, — A)(4 — K}),

_([CO,] K1)

H
24

J([CO,]1 K})?+84[CO,] K\ K},
+ 24
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KxH" @

CA=TA—-BR

These three successive equations are repeated,
the variable A taking now the successive values of
CA, until the absolute value of the difference
(CA — A) becomes lower or equal to 1075 The
iterations are then stopped, and the pCO, is
estimated according to:

$CO,

K, K,K),
a(1+H—‘++ H‘+2)

pCO, =

For example, with a temperature of 15°C, a
salinity of 37 psu, a ZCO, of 2000 umol kg ~' and
a total alkalinity of 2250 ueq kg ~', the computed
pCO, is 350.017 yatm, carbonate alkalinity is
2112.05 ueq kg ="' and PH is 8.075. When this pro-
cedure is operated by using the inputs proposed by
Peng et al. (1987) to test their own method, pCO,
is found to be 777.04, whereas their estimate is
769.79 (bearing in mind that their calculations
account for the weak influence of silicic and
phosphoric acids on seawater total alkalinity, and
that they use a different set of constants for the
dissociation of carbonic acid).

It is worth noting that when pCO,, 2CO, and
TA are simultaneously measured at sea, the pCO,
that can be computed, from the measured values of
2CO, and T4, and from appropriate dissociation
constants, often exhibits a difference with the
measured pCO, (up to 30 zatm), depending upon
the set of constants used, and also upon the
measurement protocol (see, e.g., UNESCO, 1987,
Goyet etal.,, 1991). These discrepancies are not
yet well explained, but they must be kept in
mind when comparing pCO, from the model to
measured pCO,.

11. Appendix F. Detailed equations and
numerical methods

The equation governing the daily variation of
2CO,, T4, O, and NO; at any depth within the
water column is (thereafter, S stands either for
¥CO,, T4, NO; or O,)

a_s_HaKza_S
or 0z 0z

0%S
+ Kz 52_

(1)

D. ANTOINE AND A. MOREL

K, is the eddy diffusivity, and J is the net biologi-
cally-induced consumption (or release) of CO,,
TA, NO; or O,.

Jsco,= —P+R,

Cog+C C
J =| —pP org carb 2 carb
™ |: COY& ][( COrg + Ccarb
C

—(NC—22 )|,
( / Corg+ Ccarb)]

Jno,= —PfN/C,
Jo,=(PfO,/C)+(P(1-f))—R.

P, R and f have been previously defined in the
text. N/C is the stoechiometric molar ratio (Redfield
ratio) depicting the relative proportion under
which nitrogen and carbon are assimilated by
phytoplankton (N/C=15/106), O,/C is the
Redfield ratio of oxygen to carbon (138/106).
Ammonium is the nitrogen source for the recycled
production (P(1—f)), and it is also the end-
product of regeneration (R). Thus, in the last two
terms of the equation for Jo,, the ratio O,/C is
assumed to be unity (ie, 106/106). Concerning
Jra, Cean and C,,, stand for carbon assimilated
via the fixation of calcium carbonate, and via the
formation of soft tissues. The typical ratio 4C,,, for
1C.., (Broecker and Peng, 1982) can be used. P
only concerns the formation of soft tissues, so its
value, in the equation for J,, is at first multiplied
by the ratio of the total carbon assimilation to that
realised via the formation of soft tissues. In the
second bracket, the first term stands for the effect
of calcium carbonate fixation, and the second one
for the effect of nitrate uptake.

The mixed layer is treated as a boundary layer
and the concentration S (subscript ml is for mixed
layer, and z, for the layer just below it) is modified
following:

AS,,

S.o—S
Zo v Jom+F+ K,y —2—2

Az (2)

Az is 5m, and At is one day. F is the net flux
at the ocean-atmosphere interface. F is either
(ko ApCO,), or (kf ApO,), or zero, for CO,, O,
and NO, respectively. k is the gas-transfer velocity
between atmosphere and surface waters (m d—!),
ApCO, and ApO, are the partial pressure differen-
ces between atmosphere and surface-ocean, « and
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B are solubilities (mol m ~2 gatm ), respectively
for CO, (Weiss, 1974) and O, (Weiss, 1970). K_
is the eddy diffusivity at the base of the mixed
layer. If salinity is changing, T4 is also modified
according to T4, ,, = TA}p,,,, where p,, is the
ratio of the salinities at times ¢+ A¢ and r. This
formulation is valid under the assumption of a
constant specific alkalinity.

At the end of a day, the effect of entrainment, if
any, is estimated (the mixed-layer depth being now

Zon)

Zm
Sml'__I:ZmlSmlJ’-J‘ Szdzj|/Zm“ (3)

Zm

Egs. (1) and (2) are solved by using the Crank-
Nicolson method: the concentrations for the mixed
layer and for each depth below it at the (n+ 1)th
time step are computed from their values at the nth
step by means of the finite difference approxima-
tion. The system is solved by iterations, which are
initialised with the value at the (n + 1)th step equal
to the value at the nth step. Entrainment (eq. (3)),
ifany, is operated at the end of these computations
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stability). The scheme for the finite differences
approximation is:

(1) for the mixed layer

F 80— S
= LY G k. VS
AS, I:Jm1+ 7otz Kem =g ]

(ii) for the layer just below it (z,), which is the
boundary between the mixed layer and the water
column

Slnl_SZO

Zo/2

1
ASZO - I:JZO + E Kz,]nl

1 Sz0+a:=Sz0
£ = | At
+—K. .o A

(iii) for any depth within the water column,
from zy 4+ Az t0 4., — Az:

_ (K (z+Az)— K (z—Az))
AS,= I:Jz + 2 Az

| (S(z+42) = S(z— A2))

and the ionic balance is applied to estimate pCO, 24z
from XCO, and TA4. By using Ar=1 day, and S(z+Az) + S(z—Az) —28(z)
Az=35m (that is relatively large time and space + K, AL ]A’ ;
resolutions), numerical instabilities are sometimes,
albeit rarely, encountered. This shortcoming is (iv) and for the deep reservoir
solved by halving Ar until stability is reached
(practically, only one halving is enough to attain ~ AS,., =0.
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