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ABSTRACT

While the formation of upper-level mobile troughs has received little observational attention, a
variety of theories have been proposed to explain the genesis and intensification of mobile
troughs. For purposes of intercomparison and qualitative application to observed cases, these
theories are described in terms of the generation of waves along the tropopause potential
vorticity discontinuity. These models are then tested on a case of mobile trough formation which
occurred on 19-20 April 1991 and which was poorly forecasted by operational models. The
ridge-trough system is found to have been produced primarily by Rossby wave propagation
along the tropopause from a newly-developed cutoff cyclone located to the west. Both vertical
and borizontal propagation contributed to the development. Another mechanism which
appeared to have a positive effect was superposition due to vertical shear and horizontal
deformation. A vorticity maximum within the newly-formed trough was amplified and advected
southeastward by the developing larger-scale ridge/trough system and later participated in a

surface cyclogenesis event.

1. Introduction

Conventional case-study descriptions of observed
cyclogenesis commonly begin by discussing a
precursor upper-level mobile trough, or “short
wave”. A problem with this conceptualization of
cyclogenesis is that the formation of the upper-
level trough and its maintenance until the initia-
tion of cyclogenesis is left unexplained. Subjective
and objective synoptic climatologies of upper-
level mobile troughs (Sanders, 1988; Lefevre and
Nielsen-Gammon, 1995) agree that troughs tend
to form well upstream of preferred regions
of surface cyclone development. A variety of
mechanisms of mobile trough genesis have been
proposed, but few comparisons with observed
cases have been performed. Two recent observa-
tional studies of mobile trough formation over
western North America (Sanders, 1988; Orlanski
and Sheldon, 1993) use completely different
methodologies to arrive at different conclusions,
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and it is unclear whether the disagreement is due
to case-to-case variability or non-overlapping
methods.

The purpose of this study is to compare the
dynamical mechanisms which have been proposed

" as possible causes of upper-level mobile trough

generation, in the context of a specific case of
trough genesis. The different mechanisms are
discussed from the common perspective of the
amplification waves along the tropopause, in order
to emphasize the unique potential vorticity (PV)
configurations and processes associated with each
mechanism. These concepts are then used to infer
the cause of formation of a particular mobile
trough which was associated with a poor opera-
tional forecast. The distribution and evolution of
PV during trough genesis allow qualitative deter-
mination of the specific mechanisms contributing
to the development. A quantitative diagnosis of the
genesis event will be the focus of a subsequent

paper.
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2. Conceptual model framework: potential
vorticity discontinuities

Existing theories of upper-level trough forma-
tion involve balanced flow dynamics. Therefore,
they are completely describable in terms of the dis-
tribution and evolution of the three-dimensional
potential vorticity field and associated boundary
conditions, such as surface potential temperature
(Hoskins et al.,, 1985). This conceptualization has
become increasingly popular for describing extra-
tropical cyclogenesis events, and is similarly useful
for describing upper-level mobile troughs.

The background potential vorticity field of
upper-level mobile troughs lends itself to the
following two simplifications. (1) The upper-level
potential vorticity gradient is concentrated at
the tropopause. (2) The dynamic tropopause
(Danielsen and Hipskind, 1980) is nearly vertical
in the vicinity of jet streams.

The first of these simplifications is the motiva-
tion for the use of “tropopause maps” (Hoskins
and Berrisford, 1988; Davis and Emanuel, 1991;
Thorncroft et al.,, 1993) for representing upper-
level potential vorticity. The second has been
exploited by Platzman (1949) and Verkley (1994),
among others, for understanding waves along jet
streams. Together, the above two simplifications
allow one to encapsulate the dynamics of the upper
troposphere into the motion and influence of a
single contour or tightly-packed set of contours,
which represent the near-discontinuity of potential
vorticity between the troposphere and the strato-
sphere and which are colocated with the jet stream.

Of particular dynamical importance is the cross-
contour component of the flow, for this advective
flow “moves” the PV contours, thereby altering the
configuration of the balanced winds and tem-
peratures. Regarding the basic state as a straight
westerly jet, any departure of the PV contour from
its undisturbed position produces a PV anomaly: a
region of anomalously high or low values of poten-
tial vorticity relative to the basic state or relative to
adjacent areas within the same isentropic layer.
Associated with these departures of PV from the
basic state are variations in wind and temperature
which, while strongest near the anomaly, are not
confined to the anomaly itself. As discussed in
Eliassen and Kleinschmidt (1957), positive PV
anomalies (negative PV anomalies in the southern
hemisphere), which correspond to equatorward
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displacements of the PV contour, are associated
with a cyclonic circulation, and shall be referred
to as troughs. Poleward displacements correspond
to ridges. Similar arguments apply to a surface
potential temperature gradient (Bretherton, 1966;
Thorpe, 1986): high values of potential tem-
perature at the ground, in either hemisphere, imply
a cyclonic circulation.

3. Conceptual models

generation

of mobile trough

Hoskins et al. (1985, §6) uses the paradigm of
the previous section to describe Rossby wave
propagation and barotropic and baroclinic insta-
bility, and argues that the PV perspective leads to
“a sharper perception of relationships between the
idealized theoretical models and the behaviour of
the real atmosphere”. Here we use PV concepts to
describe and compare theories of mobile trough
generation, and in later sections we shall use the
same concepts to analyze the formation of an
observed mobile trough.

3.1. Modal instability

The first mechanism to be considered is
baroclinic instability (Charney, 1947; Eady,
1949), which would produce an upper-level wave
and a surface cyclone simultaneously in a form
of development which Petterssen called Type A
(Petterssen and Smebye, 1971). Baroclinic
instability requires opposite-signed gradients of
potential vorticity, or its surrogate, at different
isentropic levels (Charney and Stern, 1962,
Bretherton, 1966). In the atmosphere, this con-
figuration is most often realized by a tropopause
PV gradient and a surface potential temperature
gradient. With the proper phase shift, the winds
associated with a Rossby edge wave along the
surface frontal zone can produce PV advections at
the level of and partly in phase with the upper-level
Rossby wave, so these advections act to amplify
the wave. The same phase tilt allows the winds
associated with the upper-level Rossby wave to
amplify the wave along the surface frontal zone.

Since most cyclones are unambiguously
associated with a preexisting upper trough, some
investigators have searched for ways that baro-
clinic instability could lead to a prominent upper-
level disturbance with a weaker low-level or
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surface signal. Recently, Whitaker and Barcilon
(1992) considered basic states with weak baro-
clinicity at low levels and investigated the effects of
a shallow stable layer at the surface and enhanced
surface friction. Both effects produced the largest
wave amplitudes at upper levels, with the upper-
level PV gradient interacting either with the weak
surface temperature gradient or with a negative
PV gradient at the top of the stable layer. Other
studies of baroclinic instability with energy con-
centrated at upper levels have been performed by
Snyder and Lindzen (1988) and Staley (1988).

Barotropic instability was proposed by Kuo
(1949) as a mechanism for the generation of
mobile troughs, although the synoptic example
he used is unconvincing. Although barotropic
instability is easily distinguished from baroclinic
instability on the basis of energetics, the basic
mechanism of mutually-reinforcing counter-
propagating Rossby waves is the same. A reversal
of the PV gradient within a given isentropic layer
is required, and the resulting disturbance would be
confined to the upper troposphere.

3.2. Non-modal growth

Farrell and coworkers have argued against the
significance of modal instability in the atmosphere.
They observe that the most unstable wavelengths
tend to be too large and that a suitable initial dis-
turbance whose spatial structure is allowed to vary
is capable of growing much more rapidly than the
most unstable mode for a finite period of time.
Indeed, the basic-state flow need not be barotropi-
cally or baroclinically unstable.

Rivest and Farrell (1992) describe initial con-
ditions which lead to the rapid transient inten-
sification of upper-level mobile troughs. With a
two-dimensional, periodic system, they find that
optimal growth during a specific period of time
is achieved by a combination of cross-gradient
PV advection and superposition. Their basic
mechanism can be imagined a series of isolated
vortices located at upper levels beneath the
tropopause and embedded in vertical shear. The
winds associated with each vortex are felt at
the level of the PV gradient, and the associated
advections induce a Rossby wave. If the westward
propagation of the induced wave exactly balances
the differential advection by the vertical shear,
the wave will continue to grow. Meanwhile, if
other vortices at lower levels are originally tilted
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upshear, the differential advection will cause the
vortices to become vertically stacked (to “super-
pose”) at some time, and the associated winds and
advections at upper levels will amplify as this
happens.

The mechanism discussed by Rivest and Farrell
is an extension of the conceptually simpler problem
of a vortex interacting with a PV gradient.
This process can be called the trough-merger
mechanism. For example, consider an isolated
vortex approaching an upper-level PV gradient
from the south. Its associated winds generate a
wave along the jet, which grows more and more
rapidly as the vortex is drawn closer. An additional
interaction not present in the Rivest-Farrell model
is that the southerlies associated with the develop-
ing wave accelerate the vortex northward toward
the jet, allowing even stronger cross-gradient
advections but speeding the eventual incorpora-
tion of the vortex into the westerlies.

3.3. Propagation of wave energy

A somewhat different problem involves a dis-
turbance embedded within a potential vorticity
gradient. Additional wave crests and troughs will
appear downstream, but not upstream, because of
the eastward group velocity of Rossby waves in the
upper troposphere (Rossby, 1945). This mechanism
was proposed by Yeh (1949) to explain observed
wave development downstream of developing
cyclones (Cressman, 1948). The group velocity
mechanism, as presented, seems to have been
directed toward explaining the downstream
propagation of long waves, as opposed to mobile
troughs, and considerable observational evidence
has confirmed that downstream development is
common for long waves. Nonetheless, the same
dynamical mechanism can in principle produce
downstream development of mobile troughs as
well.

A closely related theory, explicitly focused on
the development of cyclone-scale mobile troughs,
has been dubbed downstream baroclinic develop-
ment, or DBD, by Orlanski and collaborators.
Idealized examples are found in Simmons and
Hoskins (1979) and Orlanski and Chang (1993),
and case studies are reported in Orlanski and
Katzfey (1991) and Orlanski and Sheldon (1993).
As with the group velocity mechanism, wave
energy propagates downstream at upper levels, but
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the source of the energy is the unstable baroclinic
growth of an initial disturbance.

3.4. Superposition

The last mechanism to be considered here
involves an increase in circulation due to a recon-
figuration of the potential vorticity anomalies,
rather than an increase in the magnitudes of the
potential vorticity anomalies. For example, Farrell
(1989) pointed out that a suitably configured
periodic disturbance in a deformation flow can
undergo energy growth associated with changes in
shape. For a wave on a localized PV gradient,
the situation corresponds to an initially small-
amplitude wave on an east-west jet which is
embedded in diffluence. The diffluence causes the
wavelength to decrease while the north-south
extent of the wave increases. Although the total
area covered by the PV anomalies does not
change, the anomalous PV becomes more com-
pact, allowing the circulations associated with the
PV to become superimposed and resulting in an
increase in the Kinetic energy associated with the
wave. If the diffluence continues, the wave becomes
increasingly elongated in the north-south direction
and the kinetic energy weakens. The same sort of
mechanism can operate in confluence, in which
case the initial disturbance must be elongated in
the cross-flow direction.

Another example would be a short-wave, mobile
trough entering a long-wave, stationary trough.
Initially, the mobile trough may possess little or no
positive relative vorticity, since it is embedded
within an environment with large-scale negative
relative vorticity. As it moves eastward from the
large-scale ridge to the large-scale trough, a
“digging” jet forms on the west side of the troughs
as the PV gradients become superimposed, and the
environmental (and total) vorticity in the base of
the mobile trough increases. In addition, the winds
associated with the large-scale wave preferentially
advect the high potential vorticity in the base of
the mobile trough southward, further enhancing
the strength of the trough. Both processes continue
until the mobile trough reaches maximum ampli-
tude at the base of the long-wave trough.

4. Case study selection

On 19-21 April 1991, a mobile trough (hereafter
referred to as the “trough”, for brevity) formed
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over the south-central United States, moved to the
Atlantic coast, and a vorticity maximum (hereafter
“vort max”) which formed within the trough trig-
gered a surface cyclone which moved up the East
Coast of the United States. The complete absence
of a surface cyclone or vort max in the correspond-
ing 48-h forecast of the National Meteorological
Center’s short range model, the Nested Grid
Model (NGM; see DiMego etal, 1992 for a
description of the model), attracted attention to
this case. Fig. 1 shows the NGM 48-h forecast and
verifying analysis for 1200 UTC 21 April 1991
(hereafter, 21/1200). The cyclogenesis event was
associated with the analyzed 500 mb vort max
(absolute vorticity in excess of 20x10~°s!)
along the East Coast. The vort max was not
present in the 48-h forecast, which also under-
estimated the overall strength of the somewhat
larger-scale trough over the eastern United States.
In contrast to errors of position, timing, and inten-
sity, modern operational models rarely miss an
event completely. The remainder of this paper will
focus on two aspects of the initial development at
upper levels between 19/0000 and 20/2100: the
formation of the East Coast vort max, and the
better-forecasted generation of the trough in which
the vort max was embedded.

The NGM analysis two days prior, on which the
48-h forecast was based, is shown in Fig. 2. Based
upon continuity with later analyses, the incipient
vort max would have been located over the
southwestern United States, in an area of nearly
straight west-to-east upper-level flow. The relative
simplicity of the initial upper-level pattern simpli-
fies the interpretation of the dynamical processes,
and the fact that the wave developed over a data-
rich area allows some degree of confidence to be
placed in the analyses. This case was chosen for
those reasons, and also because the rapidity of the
genesis events would facilitate the analysis and
interpretation. The southern United States is
not a particularly common or uncommon area for
trough genesis (Lefevre and Nielsen-Gammon,
1995), and this particular event is otherwise
unremarkable.

The data chosen for the case study are three-
hourly analyses from the Mesoscale Analysis and
Prediction System, or MAPS (Benjamin et al.,
1991). At the time of the event, MAPS analyses
were performed in isentropic coordinates from
the middie troposphere to the lower stratosphere,
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Fig. 1. (a) 48-h 500 mb operational nested grid model (NGM) forecast valid 1200 UTC 21 April 1991, and
(b) verifying analysis. Solid contours are geopotential heights, labeled in decameters, and dashed contours are
absolute vorticity, labeled in units of 10755~
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Fig. 2. 500 mb analysis, 1200 UTC 19 April 1991. Solid contours are geopotential heights, labeled in decameters, and
dashed contours are absolute vorticity, labeled in units of 10> s~1,

with a vertical resolution of 6K-8K near the values of potential vorticity when two isentropic
tropopause and a horizontal resolution of about surfaces nearly touch. These problems do not
60 km. The analyses incorporate wind profiler seriously constrain this case examination, since the
observations and ACARS observations from trough formed over a region of the United States
commercial aircraft. The latter observations with excellent data coverage and our primary
are concentrated near the tropopause level, interest will be in the regions of strong potential
allowing for high temporal and spatial resolution  vorticity gradients rather than the magnitudes of
of evolving upper-level features. See Benjamin maxima and minima. Also, because our interest is
etal. (1991) for a more complete discussion of in patterns rather than absolute magnitudes,
observing systems and analysis procedures. contour labels will be suppressed in the figures
Inspection of consecutive MAPS analyses reveals  which follow.

that the Montgomery streamfunction analyses

(and, equivalently, geopotential height analyses on

pressure surfaces) show poor continuity, with low 5. The evolution of the mobile trough

centers appearing and disappearing on successive

analyses while the winds remain undisturbed. This When tracking features at upper-levels, it is
precludes the use of ageostrophic flux diagnostics conventional to identify and follow the associated
(Orlanski and Sheldon, 1993). In contrast, the 500 mb vorticity maxima. The 3-hourly 500 mb
potential vorticity and wind fields show excellent winds (Fig. 3) show the steady development of a
continuity on a six-hour time scale, and even moderate-amplitude ridge/trough system from an
three-hourly analyses exhibit decent continuity. initially nearly straight zonal flow. The 500 mb
Problems with the potential vorticity analyses vorticity field, however, is dominated by smaller-
include occasional regions of negative potential scale vorticity extrema. The vort max in the base of
vorticity, primarily over the water where the mobile trough over Florida and Georgia at
analyzable data is scarce, and spuriously high 20/2100 (labeled “A”) is the same vort max which
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Fig. 3. 500 mb absolute vorticity and winds, from smoothed MAPS analyses. Vorticity is contoured every
2x10~%s~!, with values greater than 1 x 10 ~* s ' shaded. Vector wind scale is as shown.

appears off the East Coast fifteen hours later in
Fig. 1b, and is the amalgamation of two preexist-
ing vorticity centers which can be traced back
rather erratically to 19/1800. The more southern of
the two centers arose from a band of vorticity
extending along the Gulf coast (“B”), and the
northern center first appeared over Colorado and
New Mexico (“C”). Neither maximum underwent
rapid intensification; the growth of the trough
along the East Coast was associated with a larger-
scale increase of vorticity over a wide area of the
eastern United States.

At 250 mb (Fig. 4), a different picture emerges.
The wind field indicates that the ridge/trough
system developed sooner at this level than at
500 mb. In the vorticity field, the vort max over
Georgia at 20/2100 (“A™) can be traced back as a
single region of locally high vorticity to California-
Nevada at 19/1200 (“D”). During that 31-hour
period, the maximum value of relative vorticity
more than tripled. This 250 mb vort max was
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approximately colocated with the northern vor-
ticity center at 500 mb, but the southern 500 mb
vorticity center had little or no reflection at the
250 mb level until 20/1200, by which time the two
centers had begun to merge. As before, individual
vorticity maxima do not provide a complete
picture. Note that Fig. 4 shows a concentrated
vorticity gradient near the 1.2 x 10 ~* s~ contour,
and that this gradient, initially oriented nearly
east-west, developed into a high-amplitude wave
by 20/1200. It is this change in the vorticity
pattern, rather than the intensification of indivi-
dual vorticity maxima and minima, which is most
directly associated with the evolution of the larger-
scale trough.

The differing pictures at 250 mb and 500 mb
may be reconciled with the help of cross sections
(Figs. 5, 6) and isentropic potential vorticity maps
(following section). The cross sections are taken in
a generally west-east direction through the ridge-
trough system (see Fig. 4) and are representative of
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Fig. 4. 250 mb absolute vorticity and winds, from smoothed MAPS analyses. Vorticity is contoured every
3x 1073 s~!, with values greater than 1.2 x 10 ~* s ~! shaded. Vector wind scale is as shown. Horizontal line in lower

left panel indicates location of cross sections in Figs. 5, 6.
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Fig. 5. Vertical sections of the normal component of wind through the developing ridge-trough system. Pressure (mb)
is given on the left. Latitude and longitude (negative for °W) of endpoints of cross sections are given at the bottom
of each figure. Location of vertical section is shown in Fig. 4. Contour interval is S ms~'. Winds out of the page
(i.e., from north to south) are dashed.
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Fig. 6. Vertical sections of potential vorticity and potential temperature through the developing ridge-trough system.
Pressure (mb) is given on the left, and potential temperature (K) is given on the right. Potential vorticity contours
are at 0.5 (dashed), 1,2, 4, and 8 PVU; 1 PVU=1x10"*m?K kg~' s ! Latitude and longitude (negative for °W)
of endpoints of cross sections are given at the bottom of each figure. Location of vertical section is shown in Fig. 4.

the vertical structure of the developing system. The
development took place initially above 500 mb, as
a core of strong northerlies developed between
19/1200 and 20/0000, centered at 250 mb (Fig. 5).
The growing trough was associated with a tropo-
pause PV anomaly (Fig. 6) having the classic
pattern discussed by Kleinschmidt (1957) and
Thorpe (1986). A depressed tropopause, here
identified with the 2 PVU surface, was barely pre-
sent at 19/1200, but the PV anomaly extended to
progressively lower isentropic surfaces at later
times. By 20/1800, the vertically coherent anom-
aly extended from the 340-348 K layer to the
318-325K layer. A core of southerlies had
developed downstream by that time, and the
winds associated with the developing trough had
penetrated downward toward the surface.
Various local PV maxima were present in the
lower and middle troposphere. Although not
shown in these cross sections, the southern vort
max at 500 mb was associated with one such PV
anomaly, with a maximum value of PV of about
1 PVU centered near 500 mb. This PV anomaly
was not connected to the stratosphere and had
the character of an isolated anomaly. As such,
although it strongly affected the vorticity distribu-
tion at 500 mb, it was not likely to be as significant
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for cyclogenesis as the developing anomaly at
the tropopause, according to the IPV thinking
perspective ( Hoskins et al., 1985).

(1) Because the anomaly was isolated rather
than a wave embedded in a PV gradient, the
anomaly could not amplify by cross-gradient
advection. This precluded growth by barotropic or
baroclinic instability.

(2) Because the anomaly was centered at
500 mb, the “vacuum cleaner effect” (op. cit.) could
not produce mid-tropospheric vertical motion.
This latter point can also be seen through con-
sideration of the vorticity advection term in the
quasi-geostrophic omega equation, since the
vorticity due to the anomaly would be maximized
at 500 mb rather than increasing with height above
500 mb.

The use of 500 mb vorticity maps for qualitative
diagnosis of vertical motion and development is
based on the implicit assumption that the intensity
of vorticity centers is strongest above 500 mb
(essentially, at tropopause level). This case
appears to be an example in which exclusive use of
the 500 mb level for diagnosis and prognosis is
inappropriate, for the most important dynamics
seem to have taken place at tropopause level, and
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the development of strong northerlies at 250 mb
leads their development at 500 mb by at least
twelve hours.

The ridge in the west, as tracked by the
12x107*s~" absolute vorticity contour at
250 mb, is seen to extend progressively farther
north, with the most rapid amplification taking
place early in the period. The trough over the
southeastern United States, meanwhile, progres-
sively extended farther south, with the most rapid
southward movement near the end of the period.
The distance between the maximum northward
and southward displacements of this contour, a
measure of the half-wavelength of the developing
wave, increased from 1500 km at 19/1800 to
2700 km at 20/1800. The speed of the wave,
computed from the mean speeds of the peak and
trough, is 14 ms~!, which compares to a maxi-
mum 250 mb wind speed of greater than 60 m s 1.
The speed of the vort max at 250 mb was 28 m s —'.

6. Comparison of conceptual models

The vertical structure of the ridge/trough system
between 19/1200 and 20/0000 provides evidence
against baroclinic instability as a development
mechanism. Intensification of the north-south
wind only occurs above 500 mb, and almost no tilt
is present above that level. However, the most
unstable normal mode may have little vertical tilt,
especially since large shear is present.

More solid evidence comes from cross sections
of potential vorticity, wind, and potential tem-
perature taken across the jet while the wave is
growing. Because of the rapid development of
the trough, one would expect to find large PV
variations if the wave were growing through an
instability mechanism. The necessary condition for
internal baroclinic or barotropic instability is that
the potential vorticity gradient along isentropic
surfaces must change sign (Charney and Stern,
1962; Eliassen, 1983). For observed development,
one can state a stricter requirement:

Each PV gradient must be sufficiently strong that
the wind field associated with a wave along one
gradient would be capable of inducing the observed
wave amplification along the other gradient.

At a given wavelength, the strength of the
associated wind field depends upon the strength of
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the PV anomaly, and the strength of the anomaly
is determined (in the barotropic/baroclinic insta-
bility mechanism) by the configuration of the
background PV gradient and the magnitude of
the cross-gradient flow (the component of flow
parallel to the background PV gradient vector).
What is meant by a “strong” PV gradient depends
on the horizontal scale of the gradient relative to
the magnitude of the horizontal displacement of
air parcels in the cross-gradient direction within
the developing wave. If the PV gradient is
relatively concentrated, the magnitude of the
PV difference across the gradient determines
the strength of an anomaly produced by cross-
gradient advection. If the PV gradient is relatively
broad, the magnitude of the gradient itself is the
determining factor.

In the analyzed cross sections, such as the one
shown in Fig. 7, a reversal of the PV gradient
along isentropic surfaces is present above 500 mb
(near 400 mb between 320 K and 325 K). How-
ever, the magnitude of the potential vorticity
difference is very small, and it is unlikely that a
wave on that gradient could grow to sufficient
magnitude to induce the observed amplification
at jet stream level. Examination of IPV maps
confirmed that no suitably-configured or suffi-
ciently strong perturbation was present along this

200

250
300
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500

PRESSURE (mb)

850 -

1000
265 -110

45 -110

N-S STRUCTURE 19/1800

Fig. 7. Representative cross section through the jet along
110°W at the time of initial development of the ridge-
trough system. Pressure (mb) is given on the left.
Latitude and longitude (negative for °W) of endpoints of
cross sections are given. Alternating bands are the com-
ponent of wind out of the page (i.e., from west to east);
each band is 10 m s~! wide, with a maximum value of
62ms~', Thick contours are potential vorticity (PVU;
IPVU=1x10"°m?K kg~'s~'). Thin contours are
potential temperature (K), labels on the right.
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Fig. 8. Mean potential vorticity (PVU) and winds (vector scale given) in the 325-332 K isentropic layer, from
unsmoothed MAPS analyses. Potential vorticity is contoured at 0.5, 1, 2, 4, and 8 PVU, with values greater than

2 PVU (nominally, stratospheric air) shaded.

gradient. Therefore, baroclinic and barotropic
instability are excluded as possible mechanisms for
the development of this mobile trough.

To distinguish among the remaining conceptual
models, we first examine the 325-332 K layer,
which was the layer with the strongest north-south
wind (see Fig. 5) and which was also the layer in
which the wave in the PV field developed earliest.
Comparison of the PV evolution (Fig. 8) and the
250 mb vorticity evolution (Fig. 4) shows that the
cyclonic 250 mb vorticity associated with the short
wave tends to lie within and along the edge of the
stratospheric PV in the trough, while the anti-
cyclonic vorticity upstream tends to lie within
and along the edge of the tropospheric PV in the
ridge. As with the 250 mb vorticity field, the
amplification of the trough in the 325-332 K
layer corresponds to north-south displacements of
strong gradients.

Given that the ridge-trough system appears as a
wave in the potential vorticity field, the adiabatic
and frictionless development of this pattern can
only occur through differential advection of PV.
Since the potential vorticity contours near the
tropopause initially lay roughly east-west, the
crucial component of wind is the north-south com-
ponent. As the ridge/trough system intensifies, the
rate of amplification of the pattern should be given
by the north-south component of wind in the apex
of the ridge or in the base of the trough. In a pure
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Rossby wave, for example, northerly flow would
be expected between the ridge and the downstream
trough, but would be exactly zero at the apex of
the ridge and the base of the trough. The northerly
flow would act to propagate the wave westward,
but without change of intensity.

A southerly wind component was present near
the western edge of the map at 19/1200. As the
ridge developed, this southerly component inten-
sified, reaching 10 m s —! at 19/1800 in the apex of
the ridge and remaining strong until after 20/1200.
The rate of development of the ridge is consistent
with this southerly advection. Downstream, the
northerly flow was slower to develop but reached
10 m s ' in the base of the trough by 20/0000 and
continued to strengthen after that time. Here too,
the rate of intensification of the trough is con-
sistent with this advecting wind. The agreement
between the winds and the evolution of PV is a
posteriori justification for the assumption that the
generation of the ridge/trough system is governed
by adiabatic processes. As will be discussed in the
following section, this eastward progression of
advecting winds suggests Rossby wave propaga-
tion or downstream baroclinic development.

A wave developing along a narrow gradient is
initially elongated in the along-gradient (in this
case, east-west) direction. Deformation can act to
intensify the height perturbation associated with
the developing wave if the deformation acts to
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20/1200

201 860

Fig. 9. Mean potential vorticity (PVU) in the 325-332 K isentropic layer from unsmoothed MAPS analyses, and
deformation on the 332 K isentropic surface from smoothed MAPS analyses. Potential vorticity is contoured at 0.5,
1,2, 4, and 8 PVU, with values greater than 2 PVU (nominally, stratospheric air) shaded. Axes of dilatation are drawn
as thick lines, with the length of each dilatation axis proportional to the magnitude of deformation (scale as shown).

shrink the along-gradient dimension of the wave.
Within the developing ridge, the observed axes
of dilatation (Fig. 9) were oriented at a 45° angle
to the PV gradient (consistent with shearing
deformation), which would neither compact nor
elongate the PV anomaly. Downstream, however,
the axes of dilatation were oriented north-south
throughout the period, which would serve to
amplify the height perturbation associated with
the developing wave by equalizing the east-west
and north-south dimensions of the PV trough. The
observed changes in shape of the wave were similar
to those expected from the observed deformation:
the upstream ridge remained rounded, while the
downstream trough developed into a narrow
tongue.

Further investigation of the cause of the observed
deformation, be it the background large-scale
flow, the developing trough itself, or some other
mechanism, is beyond the scope of this paper.

The evolving pattern of the north-south com-

ponent of wind rules out the vortex interaction
mechanism for the formation of the trough. If a
vortex were approaching the PV gradient at this
level, a dipole pattern of north-south wind would
have existed, initially separated from the gradient,
then increasingly superimposed. Instead, the north-
south component of wind developed in situ. The
above interpretation is confirmed by charts of PV
and the north-south component of wind at this
and other isentropic levels (not shown).

A careful comparison of winds and potential
vorticity within isentropic layers throughout the
troposphere and lower stratosphere is helpful to
distinguish from among the remaining possi-
bilities. For brevity, Fig. 10 shows the location of
the tropopause potential vorticity gradient within
the five isentropic layers which intersect the tropo-
pause in the vicinity of the developing mobile
trough. Each band corresponds to the 1-2.5 PVYU
range within a given isentropic layer, with succes-
sively higher layers represented with darker shading.

Tellus 47A (1995), 5, 1
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The width of each band is inversely proportional
to the strength of the tropopause PV gradient;
a discontinuity would appear as an infinitesimally
thin line. A conventional tropopause map, which
could be constructed by taking a single PV con-
tour from each layer, is not shown because of
the resulting lack of gradient information and the
large amount of small-scale variation within the
MAPS-analyzed PV fields.

The overall impression of Fig. 10 is of disorder
transforming into order. At 19/1200, the PV
bands lay in a roughly east-west direction over the
western half of the map. By 20/1800, a prominent,
coherent wave had developed along each PV
gradient, with a ridge to the west and a trough
to the east. This development did not take
place simultaneously at all levels. The wave first
appeared as a ridge in the 325-332 K layer. In
time, amplification successively took place within
the 332-340 K layer, the 318-325 K layer, the
340-348 K layer, and the 312-318 K layer.

At this point, the Rivest-Farrell mechanism may
be eliminated from consideration, since there were
no preexisting downshear troughs that would be
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capable of generating the wave in the 325-332 K
layer. On the other hand, superposition may have
aided in the intensification of the trough. Recall
from Figs. 5, 6 that the tropopause intersected the
325 K surface as early as 19/1200, even though the
north-south winds did not become organized until
later. The tropopause map provides a possible
explanation for the apparent inconsistency. In the
340-348 K layer, a PV ridge was present over
the western portion of the map and a PV trough
is present over the eastern edge. This pattern
persisted throughought the period, with some
amplification taking place after 20/0600. At
19/1200, the incipient trough in the 325-332K
layer was colocated with this ridge, while by
20/0600, it is colocated with the downstream
trough. Thus, superposition effects would have
masked the incipient trough in the height and
vorticity field at 19/1200 and enhanced the height
response at later times. While this mechanism does
not account for the observed growth in amplitude
of the PV wave, it can explain a portion of the
rapid development of the trough. Part of the super-
position process may have involved the larger-

TROF _20/1200

TROP 2071800

Fig. 10. The position of the tropopause within various isentropic layers. The tropopause is here defined as the 1.0-2.5
PVU potential vorticity band. For each of five isentropic layers, the range of PV values between 1.0-2.5 PVU is
shaded, with different shades corresponding to different isentropic layers as given by the table at top. The five shaded
bands are then overlaid. The combined maps indicate the isentropic topography of the tropopause, the relative motion
of the tropopause within different layers, and the magnitude of the PV gradient at the tropopause.
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scale wave at 340-348 K propagating westward
against the flow faster than the somewhat smaller
trough in the 325-332 K layer.

7. The mechanics of trough formation by
downstream energy propagation

Both remaining mechanisms involve down-
stream propagation of Rossby wave energy.
Positive evidence in favor of these mechanisms
includes the development of the ridge prior to
the development of the trough, suggesting that
wave energy entered the region from the west and
propagated to the east, and the tendency for
the north-south flow amplifying the wave to be
strongest along the potential vorticity gradient,
suggesting that the PV gradient was acting as a
waveguide.

Downstream propagation requires an upstream
disturbance. According to Yeh, the disturbance
could be any phenomenon which would produce
flow across a preexisting potential vorticity
gradient. Orlanski and collaborators have given
examples of an upstream baroclinic cyclone
extracting energy from the large-scale flow. In
the present case, an upstream disturbance was
present in the form of a newly-developed upper-
tropospheric cutoff cyclone (Figs. 1, 2). The
cyclone formed off the California coast and was
initially quasi-stationary before moving inland
near the end of the period. By 20/1800, the cyclone
appears in Fig. 10 as a circular region of strato-
spheric potential vorticity within the 312-318 K
layer near the western margin. As seen in vertical
sections (Fig. 5), the associated winds did not tilt
with height, so the cyclone was barotropic or
equivalent-barotropic.

As would be expected, the initial PV ridge-
building took place within the isentropic layer
(325-332 K) whose strongest PV gradient was
located east and southeast of the cutoff cyclone.
A gradient farther north could not have been
advected far by the cyclonic circulation, while a
gradient farther south would have taken longer to
come under the influence of the strongest south-
to-north advection or any diabatic heating ahead
of the cutoff. With time, the PV gradients within
both the 325-332 K and 332-340 K layers are
brought northward to coincide with the 318-325 K
gradient (Fig. 10).

J. W. NIELSEN-GAMMON

Farther downstream, trough generation can
only take place after a ridge has begun forming and
northerlies have become established. The trough
development will therefore be closely coupled to
the upstream ridge development. A specific chain
of events is expected: a PV ridge forms, northerlies
develop to the east, a PV trough forms to the east,
southerlies develop to the east. This pattern can be
seen in Figs. 5, 10, and is depicted graphically in
Fig. 11. The ridge was weak at 19/1200 and strong
at 20/0000; northerlies developed downstream
between 19/1500 and 20/0300. There was a hint
of a trough at 20/0000 which, as the northerlies
strengthened, evolved into a strong trough by
20/1500; southerlies developed downstream during

EVOLUTION OF
WIND AND PV, 332K

40

=135

—30

25

LATITUDE EXTREMA OF 2.0 PVU CONTOUR

] 1 | | |
20/0000 20/1200 20/2100

DAY/TIME (UTC)

Fig. 11. Evolution of the strength of the north-south
wind (black) and amplitude of the ridge-trough system
(gray). Winds are maximum southerly wind on the 332 K
surface upstream (west) of the developing ridge, average
maximum northerly wind between the developing ridge
and developing trough, and average maximum southerly
wind downstream (east) of the developing trough.
Latitudes are average extreme positions of the 2.0 PVU
contour within the 325-332 K and 332-340 K layers. All
graphs have been passed through a two-point running
mean filter.

MAGNITUDE OF NORTH-SOUTH WIND COMPONENT (m/s)

19/1200
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and after that time. The downstream progression
of southerlies and northerlies which takes place
along the potential vorticity gradient is strong
evidence that the trough was formed by down-
stream energy propagation.

If the potential vorticity was initially perturbed
primarily within the 325-332 K layer, how did a
prominent wave develop at all levels between
312 K and 356 K by 20/1800? A suggestion of the
answer can be seen in Fig. 10. At 20/0600, the PV
troughs at 332-340 K and 318-325 K were nearing
the end of their most rapid amplification, which
had been brought about by northerly winds
downstream of the ridge. The ridge first formed at
325-332, and the northerly flow was strongest in
that layer and decreased above and below. In both
adjoining layers, particularly in the 318-325K
layer, the PV troughs were upstream of the trough
in the 325-332 K layer. This phase shift is con-
sistent with the other troughs being produced by
winds associated with the stronger wave in the
intermediate layer. This process is essentially
Rossby wave propagation.

The details of the process are shown in Fig. 12,
which focuses on the propagation to lower isen-
tropic surfaces. The winds in Fig. 12 have had a
west-east component of 20 m s ~! subtracted from
them to better show the cross-gradient advections
responsible for amplification. The wind field in
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the 318-325 K layer closely matched the wind field
in the layer above, except that velocities were
weaker. The northerly flow was in phase with the
developing PV trough at 318-325, allowing rapid
amplification of the wave at that level. Essentially,
the 318-325 K tropopause had been drawn south-
ward once the wave above it had extended far
enough north.

According to simple Rossby wave theory, the
318-325 K PV wave will have an increasingly large
effect on the wind field as it amplifies. In particular,
it will be directly associated with northerly flow
to its west and southerly flow to its east. This
flow would be configured to weaken the wave at
325-332 K, thus effecting the transfer of wave
energy from one isentropic layer to another. This
inhibitory effect from the developing waves at
318-325 K and 332-340 K may be the reason that
the PV trough at 325-332 K developed more
slowly than the troughs in adjoining layers.

What about the vort max embedded within the
trough? A one-to-one association may be made
between features on the tropopause map (Fig. 10)
and most features in the 250 mb vorticity field
(Fig. 4). In particular, the vort max at 250 mb,
located over southern Georgia (“A”) in the final
panel of Fig. 4, is colocated with a nose of high
potential vorticity in the 318-325 K layer through-
out the evolution. According to Figs. 10, 12, this
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Fig. 12. Mean winds and potential vorticity in the 325-332 K and 318-325 K layers. Potential vorticity is contoured
at 0.5, 1, 2, 4, and 8 PVU, with values greater than 2 PVU (nominally, stratospheric air) shaded. Winds are observed
winds (scale shown), less a2 20 ms~! component from west to east to better show the north-south advection of

potential vorticity.

Tellus 47A (1995), 5, 1



720

nose of potential vorticity was amplified and
drawn into the developing trough by the winds
associated with the trough. The amplification
was discussed above in the context of vertical
Rossby wave propagation, but linear Rossby wave
dynamics do not seem to capture the flavor of the
event. One might say that the winds associated
with the developing larger-scale ridge reached
northward, grabbed a tongue of high potential
vorticity, and pulled it southward into the trough.

The intensification of the vort max itself may be
attributed partly to the intensification of the
associated PV anomaly and partly to the motion
of the incipient PV anomaly from the ridge axis to
the trough axis. The analyses indicate that the
magnitude of the PV itself increased within this
anomaly; this increase may have been due to
inconsistencies within the analyses, or a diabatic
mechanism such as the turbulent mixing discussed
by Shapiro (1978) may have affected the PV dis-
tribution.

8. Summary and discussion

Current theories of upper-level mobile trough
generation have been cast in terms of conceptual
models based upon a potential vorticity discon-
tinuity at the tropopause. This conceptualization
permits a straightforward dynamical comparison
of the competing theories. More importantly, it
provides a framework for comparing the theories
to observed cases of mobile trough generation.

This framework has been applied in a quali-
tative manner to a specific case of mobile trough
formation. The case occurred within the domain of
the MAPS isentropic analyses, which provide
three-hourly gridded analyses of winds and poten-
tial vorticity. The trough was found to have been
produced largely by Rossby wave energy propa-
gating eastward along the tropopause PV gradient
from a newly-developed upstream cutoff cyclone.
The process appears similar to downstream
baroclinic development, except that the upstream
disturbance does not appear to have been baro-
clinically growing. Additional elements of the
intensification involved superposition due to both
vertical shear and horizontal deformation. Baro-
tropic or baroclinic instability did not appear to be
operating.

J. W. NIELSEN-GAMMON

Although the ridge-trough system first formed
within a single isentropic layer, the flow asso-
ciated with the wave quickly allowed the wave to
extend itself across isentropic surfaces to other
layers. Eventually, the wave became coherent over
a depth of 44 K. The eventual development of a
coherent PV trough within all five layers by
20/1800 is not predicted by the above cross-isen-
trope propagation model, and will require further
study. Possible reasons for the eventual coherency
of the trough include: (1) as the wave propagates
along isentropes farther from its source, lines
of constant phase should become more vertical;
(2) as the wave began interacting baroclinically
with the coastal temperature gradient, cyclogenesis
became the primary organizing process; (3) verti-
cal wind shear permitted the waves at higher levels
to become superimposed; (4) at lower levels, the
PV troughs were narrower and were therefore
carried downstream more readily by the large-
scale west-east flow. This final hypothesis involves
a mechanism very similar to what in Section 3
was called digging, with relatively isolated PV
anomalies moving from the ridge to the trough of
a higher-level wave. In this instance, the digging
process involved a finite-amplitude interaction
between an incipient vorticity maximum and the
developing ridge.

After 20/1200, the vort max triggered a cyclo-
genesis event along the East Coast of the United
States. Neither the vort max nor the cyclogenesis
were forecasted to exist by the NGM operational
model. Since the upstream cutoff cyclone was
present in the initial conditions, poor vertical
resolution near the tropopause or a poor analysis
of the position of the tropopause may have pre-
vented the model from properly simulating the
initial generation of a Rossby wave or the subse-
quent formation of the vort max.
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