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ABSTRACT

The dynamical behavior of the climate system is investigated through the use of a low-order
coupled atmosphere-ocean general circulation model. The goal is to gain some qualitative under-
standing of how non-linear interactions between the individual system components may affect
the climate. Both the atmosphere and ocean models are fully dynamic: the former is defined by
3 ordinary differential equations derived from a truncated Fourier series expansion of the mean
and perturbation components of the quasi-geostrophic potential vorticity equation, while the
latter is specified by 6 ordinary differential equations representing the time-dependent variations
of ocean temperature and salinity in a 3-box model of the North Atlantic. Despite the existence
of 2 basic equilibrium ocean model responses to perpetual atmospheric conditions, equilibrium
states are never attained in the coupled system within 10000 years of integration; the deep ocean
flow continually adjusts to the atmospheric regime changes associated with particular ocean
circulations, which leads to new circulations and new atmospheric regimes. Low-frequency
quasi-periodic oscillations about a single state of the thermohaline circulation result from an
advective-diffusive process, modulated by the correlation of the atmospheric behavior with the
phase of the ocean cycle. The climate is strongly effected by interactions with the ocean, leading
to distinct atmospheric patterns for different phases in the oscillations, and a conversion of some
of the high-frequency atmospheric signal to lower frequencies. This conversion also results in a
measurable ocean response at high frequencies. Furthermore, owing to the richness of the
atmospheric response to small modifications in the meridional and zonal gradients in diabatic
heating, even modest adjustments in the ocean circulation resulting from interactions with the
high-frequency atmospheric component can also lead to climate change over relatively short
time periods. The results of the model are applied to recent deductions of climate variability in
the North Atlantic, obtained from Greenland ice-cores.

1. Introduction

Since the response time of the atmosphere is
much shorter than that of the oceans, and because
the atmosphere and oceans are strongly coupled
through exchanges of energy, momentum and
water mass, the high-frequency or “white-noise”
atmospheric signal tends to produce a low-fre-
quency oceanic response, over time spans ranging
from decades to centuries (Hasselmann, 1976).

* Current affiliation: Department of Geosciences,
University of Wisconsin at Milwaukee, Milwaukee,
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However, a complete representation of the atmo-
sphere-ocean coupling must include not only this
“stochastic” atmospheric forcing, but also the feed-
back from the ocean to the atmosphere and then
the subsequent interaction from the atmosphere
back to the ocean. Hasselmann (1982) proposed
that this interaction could be modeled as a super-
position of a “white-noise” random atmospheric
forcing and a linear feedback loop, in which varia-
tions of the sea surface properties would induce
variations in the mean atmospheric circulation,
which in turn would yield changes in the mean and
“white-noise” atmospheric forcing of the ocean. In
conventional terms, one component of climate
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variability would then be a linear atmospheric
response to the slowly varying conditions imposed
by the oceans at the lower boundary.

However, the response of the atmosphere-ocean
climate subsystem to the two-way interactions
between transient atmospheric circulations and
the deep ocean flow is likely quite complex. The
atmosphere, like many non-linear systems, may
display a range of dynamic behaviors, including
fully chaotic vacillations (Lorenz, 1984; 1990),
while the deep ocean circulation might display
almost-intransitive behavior, that is, it might
undergo variations on a range of time-scales
between two or more states of quasi-equilibrium.
This latter idea has been supported by a number
of investigations (Stommel, 1961; Rooth, 1982;
Bryan, 1986ab; Marotzke et al., 1988). Under such
conditions, internal changes in the atmosphere-
ocean system, such as the “white-noise” forcing of
the atmosphere, could drive the ocean towards a
new quasi-equilibrium state (Mikolajewicz and
Maier-Reimer, 1990). Such changes in the oceans
impose new boundary conditions on the atmo-
sphere, leading to new atmospheric behaviors,
which would result in new changes in the atmo-
spheric forcing of the ocean. As a consequence, it is
not likely that the feedback from the ocean to the
atmosphere would be linear.

Accordingly, the behavior of a fully dynamic
coupled atmosphere-ocean system is investigated,
in order to gain some understanding of how
such interactions might effect the circulations of
the two sub-systems. In order to achieve such an
ambitious goal, these investigations are restricted
to the dynamics of a low-order atmosphere-ocean
general circulation model of the North Atlantic. As
discussed by Lorenz (1982, 1984), such models
serve principally as a means for examining
hypotheses in a more rigorous manner than is
afforded by qualitative reasoning alone, since
the non-linearity of the interactions renders it
difficult to make a priori predictions of system
behavior on the basis of such reasoning. As such,
specific quantitative information obtained from
integrations of the system must be viewed in a
rather general way. Despite this reservation, it is
believed that such investigations have an impor-
tant role to play in understanding atmosphere-
ocean dynamics. A number of studies have
examined coupled atmosphere-ocean models in
the context of energy balance formulations of the
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atmosphere (Birchfield et al., 1990; Harvey, 1992;
Stocker et al., 1992). A unique aspect of this work
is that the atmospheric model incorporates a range
of high-frequency non-linear dynamical behaviors,
and so the effect of such circulations on the
coupled system can be directly studied.

2. The atmospheric model

2.1. Model structure

Lorenz (1984, 1990) introduced a low-order
atmospheric “general circulation” model, defined
by three ordinary differential equations:

dx _

—=—Y*—Z*_aX+aF, 1
& Y*—Z’—aX+ aF, (1)
dY
a—=XY—bXZ—Y+G, (2)
Z
c;—tszY+XZ—Z. (3)

Although not shown by Lorenz, these equations
can be derived from the mean and perturbation
quasi-geostrophic potential vorticity equations
(Holton, 1992, p. 164-165), using a truncated
Fourier series expansion of the geostrophic stream-
function. The independent variable ¢ represents
time, while X, Y and Z represent the meridional
temperature gradient (or equivalently from ther-
mal wind balance, the strength of the zonal flow),
and the amplitudes of the cosine and sine phases of
a chain of superposed large scale eddies, respec-
tively.

In eq. (1), F represents the meridional gradient
of diabatic heating, and is the value to which X
would be driven (over some damping time propor-
tional to a~?) in the absence of coupling between
the westerly current and the eddies. The term G in
€q. (2) is the asymmetric thermal forcing, repre-
senting the longitudinal heating contrast between
land and sea, and is the value to which Y would
be driven (over a damping time of unity) in the
absence of coupling. This coupling, which results
in amplification of the eddies at the expense of the
westerly current, is represented by the quadratic
terms XY in eq. (2), XZ ineq. (3) and — Y?—-Z?
in eq. (1). This can be seen more clearly by casting
(1)-(3) in an energy form:
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d(’i‘;; —2X(Y?+ Z?) - 2aX* + 2aXF, 4)
S
dr:+z )=2X(Y2+Zz)
dr
—2(Y*+Z%) +2YG, )

where eqs. (4) and (5) are proportional to the
mean and perturbation energies, respectively. The
total energy of the system, which is proportional to
the sum of (4) and (5), is the sum of the diabatic
generation terms (involving F and G) and the dis-
sipation terms (involving —X?2 and —Y?—2Z?),
since the first term on the right-hand sides of
(4) and (5), which represents the amplification of
the eddies at the expense of the westerly current,
exactly cancels. Finally, the quadratic terms
proportional to b in (2) and (3) represent displace-
ment of the eddies by the westerly current. Thus,
for a<1 and b > 1, the eddies damp more rapidly
than the westerly flow and are displaced more
rapidly than they amplify.

2.2. Time-dependent behavior

Lorenz (1984) showed that for special values of
the asymmetric thermal forcing G, the equations
display chaotic behavior for perpetual “winter”
conditions, and intransitive behavior for perpetual
“summer” conditions, with the winter/summer
seasons defined by fixed values of the meridional
gradient of diabatic heating F. Lorenz (1990)
showed that when F is allowed to vary in a
seasonal cycle between the winter and summer
values, interannual variability is evident, with
chaotic winters followed by irregular alternations
between “active” and “inactive” summers, so
characterized by strong or weak oscillations in the
intensity of the westerly current, respectively.
Lorenz (1990) identified the mechanism that
produces these variations: the chaotic winter
behavior assures essentially random “initial” con-
ditions at the onset of the summer, so that either of
the two persistent summer circulation patterns
may develop. In that paper, it was also noted that
a seasonal cycle should be expressed in G as well as
F, since at a given latitude, the land is generally
colder (warmer) than the sea in winter (summer).
Masoller etal. (1992) also studied the system
defined by eq. (1)-(3) with G fixed and F variable.
These studies indicate that the asymmetry between
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the oceans and continents represented by G plays
a fundamental réle in generating the complex
dynamical behavior of the model.

However, the behavior of this system as a
function of concurrent variations in both of the
diabatic heating terms (F and G) has not been
extensively studied. This issue is of some impor-
tance to the present study, since the longer-term
coupling between the atmosphere and ocean takes
place through both of these parameters; variations
in the transport of heat by the ocean (and conse-
quently ocean surface temperatures) will lead to
variations in both the meridional and asymmetric
thermal forcing, superimposed upon the seasonal
cycle.

Consequently, numerical solutions of egs.
(1)-(3) will be examined as a function of a range
of (fixed) values of F and G. For these solutions,
numerical integrations have been carried out using
a fourth-order Runge-Kutta scheme, with a time
increment of 0.025 units (corresponding to 3 h).
Following Lorenz (1984, 1990), the model param-
eters a and b are fixed at 0.25 and 4, respectively,
for all simulations in this paper. The damping
time (resulting from radiative and mechanical dis-
sipation) for the waves is chosen as the time unit,
representing 5 days; as discussed above, this choice
of parameters means that the meridional tem-
perature gradient damps more slowly, in 20 days.

Fig. 1 shows the variations of X for F=6 and
two values of G representing perpetual “summer”
conditions. For G = —1, intransitivity prevails,
with the two states representing the “active”
(Fig. 1a) and “inactive” (Fig. 1b) summer condi-
tions discussed by Lorenz (1990). When G is
decreased to —1.25 (representing an increase in
the zonal gradient of diabatic heating, with the
land warmer than the sea), intransitivity con-

-tinues, but now the two stable solutions are

different. The conditions displayed in Fig. lc
represent a modified “inactive” flow while those of
Fig. 1d correspond to an atmospheric “blocking”
regime, analogous to solution D from Fig. 1 of
Lorenz (1984). Further analysis reveals that the
intransitivity continues until G~ — 1.4, at which
point only the blocking solution remains.

It should be noted that the pattern indicated by
Fig. 1d and egs. (1)-(3) differs from the classical
picture of an atmospheric block (characterized by
a large-scale equivalent barotropic structure and
consequently little direct meridional heat trans-
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Fig. 1. Atmospheric meridional temperature gradient (X) for perpetual summer conditions (F = 6) with initial values
of (a)G=—1,X=17, Y=0,Z=0and (b)G=—1, X=1.6, Y=0and Z=0, (c) G=—1.25, X=1.6, Y=0,Z=0

and (d)G=—125 X=17, Y=0and Z=0.

port). Lorenz (1990) noted that egs. (1)-(3)
assume a westward tilt with height; here, the
“block” is a stationary wave that itself transports a
considerable amount of heat poleward, in order
to balance the meridional gradient of diabatic
heating in the absence of significant dissipation.
However, real atmospheric blocks, as a conse-
quence of the “steering” of synoptic-scale eddies
(Blackmon et al., 1986), can nonetheless be asso-
ciated with considerable heat transport (Palmén
and Newton, 1969, pp. 274-278; Mullen, 1986), as
for instance with the “Viererdruckfeld” pattern
described by Raethjen (1949). Rex (1950ab) noted
that such transitions from transient zonal to quasi-
stationary and persistent meridional atmospheric
circulations occur at a well-defined longitude in
the North Atlantic and that significant climatic

anomalies (in temperature and precipitation) over
the Atlantic and Europe are associated with their
development. Consequently, the term “block” will
be used in the remainder of this paper to denote
these stationary wave patterns.

The solutions for perpetual “winter” conditions
(with F fixed at 8) are much different. As discussed
in Lorenz (1984, 1990), intransitivity appears near
G =0.8. The first solution contains double wave
passages (“weak” followed by “strong™) with each
oscillation of the meridional temperature gradient,
while the second solution takes a form reminiscent
of atmospheric “index cycles”. The transition to
chaotic dynamics occurs at about G = 0.9, and this
behavior continues until G = 1.36, where the solu-
tion becomes briefly periodic again. For values of
G greater than 1.36, the blocking solution appears.
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Thus, variations in G for fixed F lead to a wide
range of possible behaviors.

It is possible to more concisely summarize the
atmospheric model behavior by categorizing the
attractors themselves as a function of both F and
G. One can think of a small sphere that is initially
placed about some point of the attractor, whose
phase-space position is defined by the three model
variables (X, Y, Z). If each point of the sphere
is then allowed to follow its orbit in phase-space
for a sufficiently long time, the initial sphere will
be deformed into an approximate ellipsoid. The
growth rate of the ellipsoid axes are defined by the
so-called Lyapunov exponents (Berge et al., 1984;
Wolf et al., 1985), which therefore describe the
mean rate of exponential divergence of initially
neighboring trajectories. The signs of the spectrum
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of Lyapunov exponents allow one to categorize the
type of attractor being studied. Berge et al. (1984)
noted that for a 3-dimensional dynamical system,
the possible Lyapunov spectra and associated
attractors are: (—, —, —) fixed point or steady
state solution; (0, —, —) limit cycle or periodic
solution; (0,0, —) T? torus, leading to a quasi-
periodic solution; (+,0, —) strange attractor
yielding chaotic behavior.

Using the method of Wolf etal. (1985), the
Lyapunov spectra as a function of fixed values of F
and G have been calculated for the atmospheric
model by integrating eq. (1)-(3) for 20-year
periods for an ensemble of random initial condi-
tions for each F, G pair. The resulting attractor
classifications are presented in Table 1, which is
meant to be used as a coarse, qualitative guide

Table 1. Characterization of atmospheric model attractors as a function of F and G

F=30 F=40 F=50 F=60 F=170 F=80 F=90
G=-14 fixed pt fixed pt fixed pt limit fixed pt fixed pt strange
fixed pt
G=-13 fixed pt fixed pt fixed pt limit limit strange strange
fixed pt fixed pt
G=-12 fixed pt fixed pt fixed pt limit limit limit limit
fixed pt
G=-11 limit fixed pt limit limit strange strange limit
fixed pt fixed pt limit
G=-10 limit limit limit limit limit strange limit
fixed pt fixed pt limit
G=-09 fixed pt limit Timit limit limit strange limit
limit
G=-08 limit limit limit limit limit limit strange
limit limit
G=08 limit limit limit limit limit limit limit
strange
G=09 fixed pt limit limit limit limit strange limit
G=10 fixed pt fixed pt strange limit limit strange limit
G=11 limit fixed pt fixed pt limit strange strange limit
fixed pt
G=12 fixed pt fixed pt fixed pt limit limit strange strange
G=13 fixed pt fixed pt fixed pt fixed pt limit strange strange
G=14 fixed pt fixed pt fixed pt fixed pt limit fixed pt strange
fixed pt

Tellus 47A (1995), 4
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concerning the solution changes in F— G space.
That Table 1 is not comprehensive can be
appreciated by considering that Masoller et al.
(1992) found that for G=1, the dynamical
behavior was highly complex within relatively
narrow windows in F (AF < 1.0). Such changes, as
noted above, can also occur for relatively small
variations in G for fixed F. Multiple entries at a
particular F— G coordinate in Table 1 denote
intransitivity, although the attractor types them-
selves need not be distinct (e.g., limit, limit
indicates 2 distinct periodic solutions were found,
as for instance would denote the active/inactive
states for F=6 and G= —1).

In a broader context, one can consider “summer”
conditions to be represented by small Fand G <0,
while “winter” conditions are consistent with large
F and G > 0. Scanning the entries in Table 1, it is
apparent that in summer, the circulations corre-
spond to periodic or steady (blocking) solutions,
and that intransitivity is common. In winter, the
circulations correspond to chaotic, periodic or
steady (blocking) solutions; intransitivity exists
but is less common than in summer. Thus, the
seasonal “climates” as defined by the attractors
are quite distinct and the climate response to the
ocean feedback (as expressed through F and G) is
highly complex and non-linear. This issue will be
addressed again, in Subsection 4.1, in the context
of the atmospheric coupling to the ocean model.

3. The ocean model

The goal is to construct a qualitatively correct
low-order model of the thermohaline circulation of
the North Atlantic ocean. By limiting the study to
a single ocean basin, the results obtained will not
address the global dynamics of the interaction of
the atmosphere with the deep ocean circulation.
Inclusion of more basins would account for the
specific differences of the global deep ocean cir-
culation from that of the individual basins, shown
by Marotzke (1990) and Wright and Stocker
(1991) to result from inter-basin interactions.
However, as will be shown in Sections 4 and 5, the
dynamics of the single-hemisphere coupled model
are sufficiently complex and interesting to warrant
its study before proceeding to more complicated
designs.

The thermobhaline circulation, in its simplest
form, is characterized by a meridional overturning
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flow; relatively warm surface waters flow north-
ward and cool at high latitudes, sink due to a loss
of buoyancy, and spread southward at depth. The
circuit is completed by a slow, broad upwelling of
the deep, southward flowing water. This purely
temperature driven flow is easily modified by
consideration of the contribution of salinity to the
overall buoyancy; thus, the additional effect of
the exchange of water mass through the processes
of precipitation and evaporation must also be
considered.

A number of approaches to modelling such a
flow are imaginable. For instance, it should be
possible to characterize the ocean circulation in
the form of a meridional plane model, with a
streamfunction proportional to the horizontal
gradients of salinity and temperature. In a proce-
dure analogous to the derivation of the atmo-
spheric model, the fields of temperature (7) and
salinity (S) could then be represented in terms
of a truncated Fourier series expansion, yielding
time-dependent equations for the evolution of
the Fourier components. An example of such an
approach is given by Killén and Huang (1987).
However, because of the vertical structure of T and
S in even a simple thermohaline model (e.g.,
Marotzke et al., 1988), such an expansion involves
a relatively large number of terms and is therefore
not consistent with the stated aim of relative
simplicity.

However, a wide variety of so-called box models
have been used to study the qualitative dynamics
of the thermohaline circulation (see Weaver and
Hughes, 1992 for a review). In these models, the
ocean is represented as a series of interconnected
reservoirs in which 7" and § are thoroughly mixed
and flow between the boxes is directly propor-
tional to the horizontal density gradient. The box
model approach is attractive for the purposes of
this study since such models are conceptually
simple, provide a reasonable, qualitative repre-
sentation of the thermohaline circulation (with
surface flow towards regions of higher density and
return flow at depth) and can represent higher
order, nonlinear behavior such as multiple equi-
libria and self-sustained oscillations (Stommel,
1961; Welander, 1982), behaviors that are also
evident in more complicated zonally averaged
models (Marotzke et al, 1988; Wright and
Stocker, 1991). Furthermore, their limitations
are well understood.
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T, T dr, 1
Qs f; (is ﬁ( VZd_t2='2'q(T3_T1)+KT(TA1_T2)
T
1 R 2ARE v \J K
—Kz,(T,—Ty), (7
| <r—g ? 800 m ?
3 yd q dT; 1
Vs “aT=EQ(T1 —T,)+ Kz (T, —T3,)
+ K7 (T, —T3), (8)
das, 1
Vi =5 4(8: = 85) — K ($1=$3) - Q. (9)
4000 m dr 2
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. . ds, 1
Fig. 2. The geometry of the North Atlantic 3 box model. J, ——=2 — _ (S3—81)—Kz(S,—S;)+ 0., 10
Q, denotes the equivalent salt flux (differential net sur- dr o2 75 1) =52 L (19)
face evaporation), T, and T, represent restoring air as. 1
temperatures with restoring constant K, and g is the Go3 1 _ _
magnitude of the thermohaline circulation. The sense of Vs dr "2 (81— 855) + K7 (S = 53)
the circulation indicated denotes g positive.
+K7,(S,—S3), (11)

The ocean model adopted here is closely related
to the 3-box model of the North Atlantic thermo-
haline circulation presented by Birchfield (1989).
The basic geometry of the ocean model is shown in
Fig. 2. The North Atlantic, which is considered
to be isolated from the rest of the world ocean,
is represented by a deep ocean box and two near-
surface boxes, the latter boxes extending from the
equator to 45°N, and then from 45°N to 70°N.
The ocean depth is fixed at 4 km, with the surface
boxes 800 m deep. As in Birchfield (1989), the
ocean model is forced by differential heating and
net evaporation at the surface. However, this
forcing is represented here as a restoring law on
temperature and a flux boundary condition on
salinity. In addition, to limit the number of free
parameters, horizontal eddy mixing is neglected.
A further extension of this study might involve the
incorporation of horizontal eddy mixing, which
could crudely represent the effects of the wind-
driven ocean circulation on the large-scale
meridional overturning flow (Birchfield, 1989).
The horizontal eddy mixing coefficients could then
be coupled to the atmospheric model through the
mean zonal wind X, representing the mid-latitude
component of the wind-stress curl.

With the application of conservation of heat,
salt and water mass, the equations describing T
and S in the 3-box model become:

"

1
=§q(T2— T3)+KT(TA1—TI)
— Ky (T, —Ty), (6)
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where g in eqs. (6)-(11) is the thermohaline
circulation with the flow as indicated in Fig. 2
denoted by positive values. ¥ is the box volume,
T; and §; denote the volume average temperature
and salinity, and K7, is the vertical eddy mixing
coefficient of box j. K is the temperature restoring
constant, such that V/K gives a restoring time-
scale (see below), and Q, is the volume averaged
equivalent salt flux, proportional to the differential
net surface evaporation.

Birchfield (1989) argued that the magnitude of
the thermohaline circulation should be determined
by the local production of dense water, which
would tend to increase the mean density of the box.
Since the vertical density gradients in boxes 1 and
2 are both proportional to the density of the deep
water box as well as the density of the surface box,
the thermohaline circulation can then be defined
by:

q=i(m—pz), (12)

where a linear equation of state is assumed and u
is a hydraulic transport coefficient. The choice of
p=4x10""m?s! gives the appropriate order of
magnitude for the North Atlantic thermohaline
circulation (e.g., Gordon, 1986). It should be noted
that the form of eq. (12) is typical of box models in
that the thermohaline circulation is decoupled
from the process of convection and deep water

formation. However, the more sophisticated



480

zonally-averaged ocean model of Wright and
Stocker (1991) also leads to a form for the
meridional transport like eq. (12), that is, the flow
is ultimately driven by the meridional pressure
(density) gradient.

The vertical eddy diffusion coefficients K, and
K, are set to 5.276 x 10° m* s ', which yields an
equivalent time-scale of O(500-1000 years) for the
surface boxes, a value consistent with diffusive
processes. Analysis of egs. (6)-(11) reveals that
large-scale gravitational stability is not guaran-
teed; in particular, for the case of collapsed flows
(¢ =0), convective overturning should eventually
occur in response to increasing low-latitude sur-
face salinity. Consequently, the vertical density
gradients between the surface and deep boxes
are computed at each time step; in case of large-
scale static instability, the vertical eddy diffusion
coefficient is increased by a factor of 10% This
approach is consistent with convective adjustment
procedures that have appeared elsewhere (Cox,
1984; Weaver and Sarachik, 1990).

In models with a Newtonian boundary condi-
tion on temperature, the upper layer of the ocean
is restored to an appropriate reference temperature
on a fast time-scale of the order of 1-2 months.
A typical choice of a restoring time-scale for a 50 m
surface layer is 30 days (Marotzke and Willebrand,
1991). In the present model, neglecting advection
and with K1 » K, , the solution to eq. (6) can be
written as:

Ti(t)=T, + [T1(0)— Ty Jexp (—ﬁ—ft), (13)

where T, is the restoring temperature and the
term V,/K; is the restoring time-scale. Eq. (13)
indicates that the volume average temperature of
box 1 should be restored to T, on the time-scale
V,/Kr. Since one needs to account for mixing
through a deep layer in which stable stratification
exists, this time-scale should be long in com-
parison to that of the 1-2 month period for the
surface mixed layer noted above. Consequently,
the restoring constant K is set equal to 3.5 x 108
m?® s !, which yields a restoring time-scale for the
deep layer of O(75 years).

The precise choice for the deep-layer restoring
time-scale is somewhat arbitrary, but does not
qualitatively effect the dynamics, provided it is
significantly less than the diffusive time-scale for
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salinity implied by eq. (9), in the limit for no
advection. This requirement preserves the possi-
bility of multiple steady states resulting from the
circulation-salinity feedback mechanism (Stommel,
1961; Rooth, 1982), as will be shown below. The
relatively long time-scale of 75 years means that
high-frequency ocean modes (decadal time-scales
and less) are not represented in the model. How-
ever, since the ocean model is highly averaged
spatially, it is not possible to simulate the advec-
tive mechanisms responsible for these modes
(Weaver and Sarachik, 1991) in any case. These
limitations should be noted when the results from
the coupled model simulations are presented in
Section 5.

Eq. (6)-(12) are put into non-dimensional form
by application of the following scaling:

Y
TO aTO
*
god
q* Vi+V,+ 7V,

where o« and B are the coefficients of heat and
salt expansion, respectively and T, and ¢g* are a
reference temperature and thermohaline circula-
tion. This results in the following, non-dimensional
equations for the ocean model:

dT/ i ! ! !
ngp=59T2—T2)+Kx(Ty,— T})

— Ky (T, —T%), (14)
a7y 1 ) ,
r2ﬁ=5q'(T;—T;)+K'T(TA2— 5)

— Ky (Ty—T4), (15)
a7, 1
rgy =3 4(Ti= T2+ Ky (Ti = T3)
ds; 1
"1d—t,1='2'11'(5'z—5'3)

—K5(S1—S3) -0, (17)
as;, 1, ., ,
rzE,z=‘2“](Ss_Sx)

—K5(S,— 8 + Q% (18)
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ds; 1
Py =54/(S1— 55+ K5 (81— 3)
K7(S3—5%), (19)

where the prime denotes a non-dimensional
variable and:

T)—(S:—-S1]

Hereafter, the primes will be dropped when refer-
ring to non-dimensional variables; however, all
results will be presented in terms of the dimen-
sional equivalents except where the non-dimen-
sional value is necessary for the elucidation of a
particular point. Table 2 lists the values of the
parameters used for all integrations of the ocean
model.

By setting the left-hand sides of egs. (14)}-(19) to
zero and expanding the resultant equations in
powers of ¢ one can derive a Sth-order equation
describing the steady-state solutions of the ocean
model:

g° + 4K, (K7 + K3) ¢° — 44K, Z4*
+16K3(Kr+ Kz) g+ 32AK2 K1 Q,

+164K3Z =0, (20)
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where K; =K, =K, and the buoyancy torque
Z=Kp(Ty,— Ty,)—20Q;. The parameter 1 is the
constant of proportionality in the expression for
non-dimensional ¢ such that 1 = uaT,/q*.

Eq. (20) permits at most three real roots. Equi-
librium solutions are plotted as a function of Q, for
fixed restoring temperatures in Fig. 3. The essence
of the behavior is similar to Birchfield (1989) in
that for small Q, (positive buoyancy torque,
differential heating dominant over evaporation),
the flow is towards the North with relatively
warm/saline surface waters and cold/fresh deep
water (T and S not shown), while for large Q,
(negative buoyancy torque), the flow is reversed

Table 2. Dimensional and equivalent non-dimensional ocean model constants

Dimensional Dimensional Non-dimensional Non-dimensional
constant value constant value
V. 0.832x 10" m? ry 16.495
v, 2.592 x 106 m3 7y 5.295
Vs 10.300 x 10 m rs 1.332
K+ 3.5x10°m3*s ! K 0.350
K (diffusive) 5276 x10° m3 " K5 0.05276
K, (convective) 5276 x 108 m? “ Ky 52.76
q* 10 x 10® m? -' — —
o 9.622x10° K‘ — -
B 7.755%x 1074 — —
T, 298.15K — —
u 4 x 1010 3 *1 _— —
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with a warm/saline deep ocean. However, for inter-
mediate values of Q, there exist multiple equilibria,
corresponding to two positive (strong, weak) and
one reversed thermohaline circulation. As will be
shown in Subsection 4.2, it is in this intermediate
region of Q, that the time-dependent solutions also
exhibit complex behavior.

4. The coupled model

4.1. Atmospheric coupling

The atmospheric model couples to the ocean
model through the parameters F and G, corre-
sponding to the meridional and zonal gradients in
diabatic heating. One can relate changes in F and
G directly to the temperatures in the upper ocean
boxes, T, and T,. As shown in Section 3, two
basic equilibrium ocean states result from the box
model dynamics, corresponding to warm, salty (g
positive) and cold, fresh (¢ small or negative) high
latitude waters. Thus, the warm, salty solution
should result in a reduced meridional gradient
in diabatic heating (F), while the zonal gradient
in diabatic heating (G) should be increased (in
winter), in association with the increased high
latitude ocean temperatures. Correspondingly, the
collapsed flow should lead to increased values of F
and decreased values of G, in association with
cooler high-latitude ocean temperatures. In order
to associate G with 7 in this way, there is an
implicit assumption concerning the heating of the
continent, namely, that a basic zonal gradient
exists between the ocean and land regions (warmer
land summer, colder land winter), upon which
changes induced by fluctuations in the ocean tem-
perature T are superimposed.

The atmospheric coupling is then represented
by allowing F and G to vary in a seasonal cycle
upon which longer term variations associated with
changes in the upper ocean temperatures are
superimposed:

F(t)=Fy+ Fycos wt+ Fy(T,—T),),
G(t)=Go+ G, coswt+ G, T,

(21)
(22)

where w is the annual frequency and ¢ = 0 at winter
solstice. Making the assumption that the annual
average F for a collapsed flow (¢~ 0, T~ 0.944,
T,~0.993) is of the order of the wintertime F for
normal g, recognizing that for normal transport,
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Fo+ Fy(T, — T,) =~ 7 units and letting F, = 2 yields
Fy=6.65 and F,=479. Making the further
assumptions that the annual average G for a
collapsed flow is order zero, and that for normal
flow, G=1.32 (-1.16) at winter (summer) sol-
stice yields Gy + G, T, ~0.08 units, G, = —3.60,
G,=1.24 and G,=3.81.

These assumptions, while somewhat arbitrary,
insure that F and G remain bounded by qualita-
tively plausible constraints for collapsed flows. In
addition these assumptions insure that for normal
ocean flow, F corresponds to the standard values
of Lorenz (1984, 1990) while G attains a range that
permits intransitive atmospheric behavior (active/
inactive) in the summer and chaotic behavior in
the winter (see Table 1 and Fig. 1). This range of G
also permits transitory blocking to occur in either
season when the seasonal cycles in F and G are
included. This result seems reasonable, since tran-
sitory blocking is a fairly common occurrence in
the real atmosphere (Rex, 1950ab; Treidl et al.,
1981; Knox and Hay, 1985).

In Subsection 2.1, it was shown that the
seasonal “climates” as defined by the atmospheric
model attractors are quite distinct and the climate
response to the ocean feedback can be highly
complex. However, the coupling expressed by eqs.
(21)-(22) results in what amount to very small
variations in F and G for typical deviations of
the ocean circulation about the normal value
(corresponding to the strong positive equilibrium
solution discussed in Section 3). For example,
experience with the coupled model suggests that
variations of g are on the order of 0.4 Sv; this yields
correspondingly small deviations in the surface
volume-averaged ocean meridional temperature
gradient T, — T, (order 0.30°C) and high-latitude
surface volume-averaged ocean temperature T,
(order 0.13°C). Thus, the deviations in F (G)
associated with these changes in the ocean circula-
tion amount to 0.05 (0.002) units, in contrast to
seasonal variations in F (G) of 4 (2.48) units. It is
natural to ask whether these variations associated
with the ocean circulation (which are 0.1 to 1% of
the seasonal cycle) are significant?

The answer to this question for non-linear flows
is not obvious. Frequently, it is difficult to seperate
variations that are the result of specific causes from
the larger natural variability, which for chaotic
flow, may simply reflect a reorganization that
is the consequence of “internal” rather than

Tellus 47A (1995), 4



CLIMATE VARIABILITY

“external” forcing. However, it was shown in Sub-
section 2.2 that the dynamical behavior of the
atmospheric model is highly complex within
relatively narrow windows in F (for fixed G) and G
(for fixed F); thus, the suggestion is that the
relatively small variations resulting from adjust-
ments in the ocean circulation might indeed be
significant.

A direct attempt at answering this question was
made by examining the behavior of egs. (1)—(3) for
small deviations about the “normal” F and G with
a seasonal cycle superimposed. Fig. 4 shows the
frequency of winter blocking, defined as the 100
year running average of blocking winters (where
marginal and blocking winters are defined by 0.5
and 1, respectively, and a chaotic winter is 0; see
Section 5 for specific definitions), for two pairs of F
and G. The differences portrayed in the figure are
illustrative of two important points. It is clear that
there is significant “internal” long-term variability
even for fixed values of F and G (as measured by
the variation of blocking frequency along a given
curve), a result that is consistent with recent work
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with eq. (1)-(3) by Pielke and Zeng (1994); further
evidence will be presented in the next section.
Although this “natural variability” is the dominant
feature of the curves, specific differences in block-
ing frequency between the two F — G pairs are also
evident. A statistical test shows that the differences
in the mean blocking frequency for the two F— G
pairs are significant at a very high level of con-
fidence (well above 99 % ); that is, the differences in
blocking frequency are not likely due to chance
variation but rather reflect some fundamental dif-
ference in the “climate” of the two modes. Since
F and G will undergo continuous incremental
adjustments to changes in the ocean state as
indicated by eqs. (21)—(22), an important feedback
between the deep ocean circulation and climate is
indeed possible. This ocean to climate feedback
then initiates new changes in the ocean circulation
(see Subsection 4.2 below) and so on. Further-
more, because of the non-linear nature of these
mutual adjustments, any a priori predictions
about the coupled system response are not
possible.
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Fig. 4. 100-year centered moving average frequency of occurrence of winter blocking as a function of two seasonally
varying F— G pairs. The frequencies were obtained from continuous 2500-year integrations of the seasonal
atmospheric model. The solid line is for F=8.975 and G = 1.321, while the dashed line is for F=9.025 and G =1.319,
both at winter solstice.
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4.2. Ocean coupling

The ocean model couples to the atmospheric

model through the restoring temperatures T, and
T4, and the equivalent salt flux (differential net
surface evaporation) Q.. Since X in the atmo-
spheric model relates directly to the meridional
temperature gradient, the restoring temperatures
are defined by:
Ta (1) =T, —yX(2), (23)
where y and T,, are constants. Assuming that
Ta,— T4, =0.06708 (20°C) for average (chaotic)
winter conditions (with X' = 1.054) and letting T,
remain fixed at 1.00 (25°C) yields y = 0.06364.

The equivalent salt flux should be tied to the
hydrological cycle, involving both river runoff and
the atmospheric meridional transport of water
vapor. The equivalent salt flux is then defined by:

Qs([) = Qrunoff + [Qwv] + inv

where Q... Is that portion of the freshwater flux
due to runoff from the rivers into the ocean basin
and [Q,.,], Q.. are proportional to the mean
and transient eddy components of the total atmo-
spheric water vapor transport, respectively.

Birchfield (1989) found a bifurcation point in
his ocean model such that, for equivalent salt
flux below a critical value, solutions displayed a
damped oscillatory behavior, while higher values
lead to amplifying vacillations and ultimately a
complete flow reversal (Fig. 6 in Birchfield, 1989);
in both cases, the solutions eventually attained a
steady-state. The modified model presented here
exhibits this same behavior, for intermediate
values of Q,. As shown in Fig. 5, this bifurcation
point is near 0.0023 (0.23 x 10°m®>s~! in dimen-
sional terms). Therefore, setting non-dimensional
Q,=0.0020 for annual average conditions and
using the facts that two-thirds of the net freshwater
flux into the northern part of the North Atlantic is
due to runoff (Broecker etal, 1990) and that
approximately one-half of the total meridional
water vapor transport at mid-latitudes is accom-
plished by the transient eddies (Peixoto and Oort,
1992, p. 285-293), eq. (24) is rewritten as:

(24)

Q,(1) =0.00166 + 0.00022( Y2 + Z2). (25)

This parameterization is made possible by the
further assumption that the eddy water vapor
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Fig. 5. The time-dependent thermohaline circulation for
non-dimensional values of Q. on either side of the
solution bifurcation point.

transport is directly proportional to the eddy
sensible heat flux Y2+ Z? (Stone and Yao, 1990).

A short time series of non-dimensional Q, based
upon this parameterization is shown in Fig. 6, for
the uncoupled atmospheric model with seasonal
cyclesin Fand G (eq. (21)—(22) with normal values
for T and T,). Over seasonal time-scales, eq. (25)
produces a pattern consistent with atmospheric
observations, with relatively high values in winter
and low values in summer (Peixoto and Oort,

3

2.8

daily

seasonal

15 16 17 18 19 2 21 22 23 24 25
Time(year)

Fig. 6. Time-dependent behavior of Q. as computed

from the seasonal atmospheric model for a one year

period (mid-summer to mid-summer). Shown are daily

and seasonal values (obtained from a 90-day centered

moving average).
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Fig. 7. The time-dependent thermohaline circulation for
3500 year integrations of perpetual atmospheric condi-
tions. Shown are winter chaotic, winter/summer block-
ing, summer active and summer inactive conditions. See
text for details.

1992). However, the “synoptic-scale” variability
in Q, is considerable, with fluctuations about
the seasonal mean on the order of 10-50%. In
numerical model simulations, Gutowski et al.
(1992) found evidence for such episodic pulsing in
the meridional moisture transport, related to the
occurrence of rapid mid-level drying in the sub-
tropics during eddy growth.

It is of interest to determine the response of the
ocean model to different values of the temperature
and salinity forcing corresponding to 5 cases of
perpetual atmospheric conditions (winter chaotic,
winter block, summer active, summer inactive,
and summer block, respectively). Fig. 7 shows the
time-dependent thermohaline circulations result-
ing from 3500 year integrations of the ocean model
with the above perpetual atmospheric conditions.
Three of the solutions (summer active/block and
winter block) correspond to haline dominated
circulations, in which the high equatorial salinity
(relative to high latitudes) governs the hemispheric
density gradient, leading to a collapse or reversal
of the thermohaline circulation (i.e., equatorial
deep water formation). The time-scale for these cir-
culations to become well established is relatively
shorter in the blocking cases than in the summer
active condition (order 100 versus 1000 years).
In reality, such ocean circulations have not been
detected in either the Atlantic or in the global
mean in the past 10*-10° years. In contrast, the
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winter chaotic and summer inactive cases both
lead to the more realistic positive circulations, with
downwelling at high latitudes. Both of these cases
display the damped oscillatory behavior discussed
above for Q, just below the bifurcation point.

The results of Figs. 5 and 7 suggest that
“normal” conditions (chaotic winter, inactive
summer ) would be associated with a low-frequency
oscillation in the ocean circulation, characteristic
of an equivalent salt flux below the critical value.
However, the feedbacks between the ocean and
atmosphere must also be considered. For example,
during the fast phase of the oscillation, T, (and S,)
will tend to increase in response to increased
advection from low-latitudes. This increase in
high-latitude ocean temperature would lead to a
decrease in F (and an increase in wintertime G). As
discussed in Subsection 4.1, these changes might
then lead to an adjustment in the “climate”, which
would depend upon both the internal state of
the atmospheric system and the external forcing
represented by the change in the ocean circulation.
If these changes lead to an increased frequency of

. winter blocking, this would reinforce high-latitude

warming (through an increase in atmospheric
heating or reduced cooling) but also oppose
increasing salinity through freshening from pre-
cipitation. Both the warming and the freshening
would tend to oppose the increase in the circula-
tion by reducing the meridional density gradient
(surface flow towards higher density, return flow
at depth); thus, one might expect a subsequent
adjustment towards cooler high-latitude ocean
temperatures (advection reduced). These transi-
tions between reasonably distinct climate patterns
which are correlated with the phase of the ocean
circulation might tend to damp the oscillations.
On the other hand, a decrease in the frequency of
winter blocking (in association with the fast phase
of the oscillation) would oppose the high-latitude
warming but reinforce increased salinity in that
region, leading to even stronger ocean circulations.

A further complication must also be considered:
the period required for the quasi-steady ocean cir-
culations of Fig. 7 to develop is long (compared to
atmospheric time scales) even for the most rapid
case. For example, Fig. 8 shows the time series of
the meridional temperature gradient X for a non-
blocking and a major blocking winter. Because of
the continued progression in F and G associated
with the seasonal cycle, the solution resides in that
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Fig. 8. Meridional temperature gradient (X) for (a) non-blocking and (b) major blocking winters from the seasonal

atmospheric model.

part of the model phase space corresponding to
blocking only for a short time (approximately
40 days, which is small relative to the ocean cir-
culation time scales suggested by Fig. 7). As a
result of such transitions, the overall impact of a
winter block on the ocean circulation is reduced
and the time scale for adjustment is correspond-
ingly longer. In the case of the major blocking
versus non-blocking winters shown in Fig. 8, the
increase in the seasonal Q. is approximately 2 %

(as compared to the 15% increase necessary to

move from the damped oscillatory to collapsed
flows shown in Fig. 5), while the increase in the
high-latitude atmospheric temperature T,, is
about 3% (8°C). Accordingly, to examine the
long-term behavior of the ocean circulation and
the associated climate, it is niecessary to turn to
experiments with the fully coupled model, which
are presented in Section 5.

5. The coupled model experiments

Two 10000 year integrations of the ocean-
atmosphere models were run, the first with com-
plete coupling between the atmosphere and ocean
models as described in Section 4, and the second in
which F and G are decoupled from the thermo-
haline circulation (eqgs. (21)-(22) with normal
values of T, and T,). These experiments will be
referred to as the “coupled” and “uncoupled”
model runs, respectively. A comparison of these
runs will allow a determination of the effects of

interactions between the atmosphere and ocean on
the two climate subsystems in this simple model.
The first 5000 years of the integrations are used to
spin-up the coupled system: all results will be
presented for the 5000 years following the spin-up
interval.

Since three fundamental time-scales are asso-
ciated with the ocean model (diffusive/convective,
advective and restoring), one might expect a quasi-
periodic type of behavior to emerge. The Fourier
spectrum of a quasi-periodic function which
depends non-linearly on three periodic functions of
frequency f; contains components at all frequencies
of the form m, f, +m,f,+m;f; where m; are
arbitrary (small) integers (Bergé etal, 1984).
Generally, the spectrum of the signal will be dense,
but with higher power at various combinations of
the fundamental frequencies. Of course, the situa-
tion is further complicated here by the fact that the
advective time-scale is itself a function of the flow.

Fig. 9 shows the time-dependent response of the
ocean circulation to the uncoupled and coupled
atmospheric forcing. The uncoupled model results
(Fig. 92) show the low-frequency oscillatory
behavior characteristic of one of the two basic
modes of the ocean model (see Figs. 5 and 7); the
fundamental frequency of these oscillations is 683
years, corresponding to the diffusive time-scale. In
the coupled case (Fig. 9b), the ocean circulation
again exhibits oscillatory behavior on a frequency
which corresponds to the diffusive time-scale.
However, an important distinction is the apparent
additional power at higher frequencies.
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Fig. 9. The thermohaline circulation for 5000-year integrations (following a 5000-year spin-up) of the (a) uncoupled

and (b) coupled model simulations. See text for details.

A spectral analysis of the two simulations
reveals these distinctions more clearly. Both the
uncoupled and coupled model ocean circulation
data (Fig. 10) exhibit the dense power spectrum
characteristic of a quasi-periodic signal, with the
highest power at the diffusive time-scale (683 years).
However, the coupled model data also show a
greater extension of the power across a broad
range of higher frequencies (i.e, 50-200 year
period).

An examination of the low-frequency oscilla-
tions in the coupled model ocean circulation is
revealing. As shown in Fig. 5, it is the equivalent
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freshwater flux Q. that is responsible for such
oscillations (although for constant Q below a criti-
cal value the oscillations gradually damp until a
basin equilibrium is achieved). However, since in
the coupled model simulation Q; is also a func-
tion of the upper ocean temperatures through
eqs. (21)-(22), an additional feedback can occur.
Additional analysis is necessary to understand
how this process affects the results.

The period from years 300-900 is marked by a
complete oscillation in ¢, which falls to a minimum
near year 650 below 7.7 Sv from a peak value
near 8.1 Sv (Fig. 9b). Reference to eqgs. (14)—(19)
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Fig. 10. Spectral analyses of the thermohaline circulation obtained from the integrations depicted in Fig. 9. Power
spectra shown are for the (a) uncoupled and (b) coupled model simulations.

Tellus 47A (1995), 4



488

indicates how the oscillation is maintained. The
oscillations of temperature and salinity are in
phase in the surface boxes such that 7, and S,
decrease along with the decrease in g; at the same
time 7', and S, are past minimum and are begin-
ning a commensurate increase. The amplitude of
the oscillation is slightly larger in salinity than in
temperature in box 1; in contrast, the amplitude of
the oscillation is slightly larger in temperature than
in salinity in box 2. Consequently, it is the relative
changes in high-latitude salinity and low-latitude
temperature that together govern the changes
in the strength of the thermohaline circulation
through the oscillation.

During the decreasing circulation phase, the
upwelling of relatively cold deep water is reduced
at low latitudes; this allows the heating of the
surface waters by the overlying air to overcome dif-
fusional losses to the deep ocean, and T, increases.
The circulation then begins to strengthen as a
result of the increased thermal component of the
meridional density gradient, in combination with
increases in high latitude salinity; the upwelling
of deep water is then restored sufficiently to begin
reducing the temperature of the low latitude
surface waters. Eventually, this reduction of the
thermal component of the meridional density
gradient begins to weaken the circulation and the
process begins anew.

However, this thermally-driven flow is also
modified by changes in salinity. During the
decreasing circulation phase (which is initially
driven by reductions in low latitude temperature),
decreases in S, occur concurrently because the
diffusive losses into the deep ocean and freshening
by surface fluxes are no longer balanced by gains
through advection from low-latitudes. These
salinity reductions reinforce the weakening of the
circulation. Eventually, increases in high latitude
salinity begin as a result of renewed advection from
low latitudes (due in part to the reduced upwelling

Table 3. Summary of the “climate” derived from
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of relatively fresh water from the deep ocean, such
that S, increases). S, and ¢ then begin to increase
until the advective contribution is sufficiently
reduced by increased upwelling of deep water at
low-latitudes, and the salinity process begins anew.

One might expect that certain preferred climates
would be associated with particular phases of these
low-frequency thermohaline circulation oscilla-
tions. It is possible to define specific winter and
summer atmospheric patterns from the seasonal
mean and variance of the meridional temperature
gradient X. For example, Lorenz (1990) defined
“Inactive” and “active” summers on the basis of the
standard deviation of X. Here, a similar procedure
is employed (based upon an analysis of the time-
dependent solutions of egs. (1)—(3) with seasonal F
and G) to define the following patterns: winter
“block”, winter “marginal-block”, winter “chaotic”,
summer “block”, summer “inactive”, summer
“active” as follows:

winter block: [Xw]<0385

winter marginal-block: 0.85 < [ X ]<0.90

winter chaotic: [Xw]>0.90

summer block: [Xs]1<090

summer inactive: [Xs]>090ando(Xg)<0.3
summer active: [Xs]>090ando(Xs)=0.3,

where [ Xy ], [ Xs] are the seasonal means of X for
the winter and summer seasons, respectively and o
is the standard deviation of X for the indicated
season. The subdivision of winter blocking is
necessary to differentiate between winters with
rapid transitory blocking episodes (marginal-
block, order 1 week) and those with more
extended periods of blocking (order ! month; see
Fig. 8). Using these definitions, it should be
possible to obtain some insight into the variability
of the “climate” as a function of changes in the
ocean circulation.

As a point of reference, Table 3 gives a summary

the coupled and uncoupled atmosphere-ocean model

simulations (5000 years); numbers are the frequency of occurrence, expressed as a percentage

Winter Winter Winter Summer Summer Summer
Simulation block marginal block chaotic inactive active block
coupled 1.7 28.7 69.6 89.9 10.1 0.1
uncoupled 14.6 26.7 58.7 65.2 34.0 0.8
difference —129 +20 +10.9 +24.7 —239 —-0.7
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Table 4. Summary of the “climate” of the low-frequency oscillatory phases (bottom 10% and top 90%)
of the coupled model simulation; numbers are the frequency of occurrence, expressed as a percentage

Winter Winter Winter Summer Summer Summer
Phase block marginal block chaotic inactive active block
slow 2.8 49.0 48.2 91.0 8.8 0.2
g<7.79Sv
fast 0.8 10.5 88.7 90.9 9.1 0.0
g>7958Sv
difference +2.0 +385 —405 +0.1 -03 +0.2

of the climate so-defined, but for the full 5000 years
of the coupled and uncoupled model runs. Overall,
winter climates are characterized by chaotic con-
ditions with frequent interludes of blocking. The
summer climate is generally inactive, but occur-
rences of the active/block modes are not rare. The
main effect of coupling on the overall climate is to
increase the frequencies of chaotic winters and
inactive summers; this has the effect of moderating
the ocean circulation oscillations (Fig. 9), by
reducing the frequency of atmospheric modes
associated with thermohaline collapse (see Fig. 7).

Table 4 presents the climate conditions asso-
ciated with the slow and fast phases of the low-fre-
quency ocean circulation oscillations. Comparison
with Table 3 shows that there is little distinction
between the summer patterns associated with these
oscillation phases. However, during the slow
phases, winter blocks become more frequent and
extended while during the fast phases, winters
are characterized by chaotic conditions with
infrequent blocking transitions. Furthermore,
the residence time in each phase of the oscilla-
tion (slow-transition-fast-transition-slow) is order
100-300 years. Such clear temporal distinctions in
real-world statistics would almost certainly be
interpreted as climatic change.

The high-frequency spectral power noted above
in the coupled model ocean circulation corre-
sponds to oscillations of order 0.2 Sv. Examples
of such oscillations are shown in Fig. 11, for
the years 900-1100, corresponding to the fast-
mode in the low-frequency ocean circulation.
During this period, T, undergoes high-frequency
oscillations which are superimposed upon a slowly
evolving trend. S, changes in concert with the slow
evolution of T,, while T, and S, undergo slow
concurrent modulations. Consequently, the main
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Fig. 11. Thermohaline circulation for the years 900-1100
from the coupled model simulation.

contribution to the high-frequency variations in ¢
is from temperature changes in the high-latitude
surface box. These oscillations, arising due to
thermal imbalances between the advective and
restoring terms of eq. (14), are a direct response
to similar periodicities in the atmospheric signal
(see below). Although the magnitude of these high-
frequency ocean oscillations is small, it does not
follow that they are necessarily insignificant in
terms of the impact on the climate. As discussed in
Section 4, the atmospheric model is quite sensitive
in certain regions of F— G space to small changes
in position; consequently, the response in some
cases might be fluctuations between different
predominant climates.

Consider the thermohaline oscillation beginning
at the circulation minimum near year 970 and
increasing to a peak value near year 990. In year
970, following a series of marginal blocking
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Fig. 12. Spectral analysis of [ X,,] obtained from the (a) coupled and (b) uncoupled model simulations.

winters, the temperature in the high-latitude sur-
face ocean is relatively warm and the ocean cir-
culation is correspondingly slow. However, once
the climate shifts to a higher frequency of chaotic
winters, the high-latitude surface ocean cools and
the circulation increases. This increased circulation
leads to stronger advection of the warm equatorial
surface waters to high-latitudes, which eventually
balances the losses to the (now colder) atmosphere
near year 990. Since the restoring temperature T,
is directly related to the meridional temperature
gradient X through eq. (23), a spectral analysis of
X,, for the coupled model simulation is shown in
Fig. 12a. Comparison with Fig. 10b suggests that
the 20-50 year variations in X, are responsible for
a significant proportion of the high-frequency
oscillations in g throughout the coupled simulation.

Table 5 summarizes the climate conditions

associated with the slow and fast phases of the
high-frequency thermohaline circulation oscilla-
tions shown in Fig. 11. The distinction between the
climates during both phases of the oscillation is
clear; the prime modulating factor is the relative
frequency of the marginal winter blocking modes
and their corresponding effect on high-latitude
temperatures.

A spectral analysis of X, for the uncoupled
model simulation is presented in Fig. 12b. Com-
parison of Figs. 12a and b reveals the preferential
increase in power at the lowest frequencies in the
coupled model simulation, consistent with the
influence of the low-frequency oscillations in the
thermohaline circulation suggested by Table 4.
This is a broad demonstration of the argument
of Hasslemann (1976): the “white-noise” atmo-
spheric signal is converted by the slow (ocean)

Table 5. Summary of the “climate” derived from a high-frequency oscillatory portion (bottom and top
25%) of the coupled model simulation (years 900-1100); numbers are the frequency of occurrence,

expressed as a percentage

Winter Winter Winter Summer Summer Summer
Phase block marginal block chaotic inactive active block
slow 0.0 56.0 440 80.0 20.0 0.0
q<7.858Sv
fast 0.0 119 88.1 78.6 214 0.0
q>793Sv
difference 0.0 +44.1 —44.1 +14 —14 0.0

Tellus 47A (1995), 4
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component of the climate system into higher
variance “red-noise”. There are also indications of
a general shifting of high-frequency power into the
lower frequencies (30-75 years), consistent with
the linkage of the atmosphere-ocean interactions
with preferred climate regimes at interdecadal time
scales.

6. Discussion

In this paper, the dynamic behavior of the
climate system is investigated through the use
of a low-order coupled atmosphere-ocean general
circulation model. The goal of this investigation
has been to gain some qualitative understanding of
how the subtle (non-linear) interactions between
the individual system components may affect the
climate. This subtlety is the result of the com-
plexity of the atmospheric response to changes in
the meridional and zonal gradients in diabatic
heating, which are in part tied to the deep ocean
circulation; the ocean circulation must then adjust
to new patterns of atmospheric forcing, closing the
feedback loop.

Although the ocean model eventually settles
into two basic equilibrium responses to perpetual
atmospheric conditions (steady positive and
collapsed flows) such equilibrium states are never
attained in the coupled system (at least within
10000 years), since the deep ocean flow must con-
tinually adjust to the atmospheric regime changes
associated with particular ocean circulations,
which ultimately leads to new circulations and
new atmospheric regimes. Low frequency quasi-
periodic oscillations in the deep ocean flow are
forced by the interplay between surface fluxes (of
freshwater and heat) and the advective-diffusive
process; these oscillations are modulated by the
correlation of the atmospheric behavior with the
phase of the ocean cycle.

The climate is strongly effected by interactions
with the ocean, leading to distinct atmospheric
patterns for different phases of the ocean oscil-
lations, and a conversion of some of the high-
frequency atmospheric signal to lower-frequencies.
The result that the interdecadal oscillations of the
coupled simulation are primarily generated by the
atmosphere is mandated by the simplicity of
the ocean model. As discussed in Section 3, the
advective mechanisms responsible for the high
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frequency ocean modes are not representable in
this model. However, owing to the richness of the
atmospheric response to small modifications in
the meridional and zonal gradients in diabatic
heating, even modest high-frequency adjustments
in the ocean circulation induced by interactions
with the high-frequency atmospheric component
can also lead to climate change over relatively
short time periods (30-75 year periods).

Naturally one may well ask what such model
results can reveal about the real world? The utility
of such low-order model studies of complex
systems like the climate is in their ability to
highlight the character of the non-linear response
in a much more rigorous manner than is afforded
by qualitative reasoning alone. Thus, the present
model should be considered as a climate-dynamics
thinking tool; the results presented here can be
used to provide additional insight into the
results obtained from more complex models and
observations.

For instance, Greenland ice core data have
recently become available which offer considerable
information on observed temperature variability
on the interdecadal to millenial time scales (GRIP
Project Members, 1993; Dansgaard et al., 1993;
Grootes et al., 1993; Taylor et al., 1993). These
data suggest that there have been rapid transitions
between warm and cold climates in the North
Atlantic during the past 100,000 years or so. These
mode switches may have occurred over periods as
short as a few decades and remained fixed for
periods ranging from 70 years to S000 years.
Atmospheric temperature changes associated with
these transitions may have been as much as 10°C.
Taylor et al. (1993) noted that these fluctuations
were likely part of a larger atmospheric pattern
that extended over the North Atlantic and
Northwest Europe, reflecting forcing by the North
Atlantic Ocean.

The model results presented here suggest that
the low-frequency circulation-salinity feedback
mechanism, modulated by the linkage of the
atmosphere to the phase of the ocean cycle, can
qualitatively mimic this observed behavior. The
time-scale for this process is quasi-periodic; super-
imposed upon the basic diffusive time-scale of the
system are the higher frequencies resulting from
advection (which is itself a function of the flow)
and higher-order atmospheric components. Thus,
spectral peaks occur in the range of interdecadal to
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millenial time-scales. It is the coupling of the
atmosphere with the ocean that allows the system
to adjust relatively rapidly.

For example, consider the low-frequency oscil-
lation in the thermohaline circulation (between the
years 300-900) discussed in Section 5. A mode
switch from a fast to a slow thermohaline flow
was already underway as a result of increased
upwelling of cold waters in the low-latitude surface
box, a process which occurs on the diffusive time-
scale. However, the transition to the slow mode
was forced over a shorter (50 year) period by
increased atmospheric blocking and correspond-
ing decreases in high-latitude salinity, reinforc-
ing the already weakening meridional density
gradient. This transition in the thermohaline flow
was accompanied by an equally rapid adjustment
in high-latitude atmospheric temperatures. Once
the rapid transition was completed, the diffusive
time-scale for restoration of the thermohaline
circulation required that the changed climate (see
Table 4) remain in place for several hundred years.
In order to test whether this mechanism could be
responsible for the observed climatic transitions in
the ice-core data, one would need information that
could reveal the density structure of the Atlantic
Ocean and some measure of the equivalent salt
flux forcing during these intervals. Experiments
with a high resolution, synchronously coupled
atmosphere-ocean general circulation model
might also provide some insight concerning the
viability of this mechanism for more realistic
conditions.

Also of considerable interest is the deduction
from the Greenland ice-core data that the climate
of the present (Holocene) interglacial period
has been much more stable than that of the last
(Eemian) interglacial period. The available
evidence also suggests that the Eemian interglacial
was somewhat warmer than today (GRIP, 1993).
There is some basis from both observations and
general circulation model experiments for conclud-
ing that a warmer climate would be associated
with an enhanced hydrological cycle (Peixoto and
Oort, 1992, p. 287-291; Manabe and Stouffer,
1993). Within the context of the present model,
since higher amplitude oscillations in the ocean
circulation are driven by a larger equivalent salt
flux (to the limit of a flow bifurcation; see Fig. 5),
one could argue that a reduction in equivalent salt
flux might have taken place between the Eemian
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and Holocene interglacials as a result of the cooler
present-day climate and that this reduction in
equivalent salt flux has lead to the stability of the
present interglacial period. Again, observational
evidence of changes in the equivalent salt flux in
combination with detailed modelling studies are
needed to verify this scenario.

One advantage of a simple system such as the
coupled model presented in this paper is that a
detailed analysis of the dynamics can be made.
In particular, it may be possible to gain some
additional insight into the parameter dependence
of the model solutions by performing a bifurca-
tion analysis of the system. For example, what
is the full parameter dependence of the two equi-
librium ocean circulation solutions depicted in
Fig. 57 What parameters (other than equivalent
salt flux) may govern the time-dependent tran-
sitions between the two modes? Once a transition
between modes is established (say, to a thermo-
haline collapse), can the original mode be
reestablished? Such an analysis is beyond the
scope of the present study, but will be undertaken
in a future paper.

The results of such studies might be used to sup-
port the formulation of more complex modelling
efforts. For instance, the thermohaline circulation
in the present study is limited to a single basin;
this has allowed a study of the interaction of an
Atlantic-type deep circulation with a dynamic
atmosphere. Inclusion of more basins would allow
a simulation of the present day global “conveyor
belt” (Gordon, 1986), as well as a variety of
instability processes that could lead to transitions
between different equilibria. Such a goal could be
achieved within the constraints of the ocean box
model dynamics, as shown by Marotzke (1990)
and Wang and Birchfield (1992). The atmospheric
component could be likewise expanded, perhaps
by incorporating parallel versions of the Lorenz
(1984) model. Although such an expansion would
require a two to three-fold increase in the number
of time-dependent equations, the level of sim-
plicity would still be sufficient to allow a practical
exploration of the dynamics of the coupled system.

An important component of the climate system
for time-scales of order 10° to 10* years that has
been neglected in this study is the cryosphere. In
particular, interactions with the atmosphere and
ocean through polar ice formation and melting
might have substantial time-dependent effects on

Tellus 47A (1995), 4
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solar forcing (eq. (21)) through changes in reflec-
tivity, and equivalent salt fluxes (eq. (25)) through
runoff and the export of sea-ice to the North
Atlantic (Aagaard and Carmack, 1989). A low-
order approach to ice-sheet dynamics could be
attempted, for example, following the work of
Wertman (1964, 1976) and Kallén et al. (1979).
Such modifications to the current model might
allow for a more thorough investigation of the
climate sub-system interactions during glacial and
interglacial periods, and the possible modes of
transition between these states.
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