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ABSTRACT
This study addresses the role of convective available potential energy (CAPE) in the intensification of simulated 
tropical cyclones. Additionally, it also examines the ‘wind-induced surface heat exchange’ (WISHE) theory in which 
CAPE is non-existent during intensification. We use a hierarchy of models with different complexity. A low-order 
tropical cyclone model forms the simplest model. It is found that the damping of CAPE by fast convective exchange 
as assumed in the WISHE theory inhibits substantial intensification in the model. This result can be explained by the 
dominance of the secondary circulation over surface heat transfer in the growth stage. It leads to entrainment of low 
entropy air into the eyewall resulting in the weakening of the cyclone. Other simulations reveal that the intensification 
rate increases with increasing initial CAPE and that the inner core CAPE is smaller than that of the ambient region. 
Investigations with the more complex Ooyama model yield qualitatively similar results. In this model, two types of 
convection are considered. The first one is based on frictional convergence in the boundary layer and the second one 
describes a convective adjustment including a precipitation efficiency. Only frictionally induced convection supports 
tropical cyclone intensification while the second one strongly acts to dampen the cyclone. Finally, the complex 
nonhydrostatic cloud model CM1 is used where the initial CAPE is varied. This model also exposes the existence of 
radially increasing CAPE during intensification. The experiments of this study indicate a positive relationship between 
the radial CAPE gradient and the intensification rate which disagrees with the basic assumption of WISHE models. 
The results emphasise the role of the secondary circulation for transporting high entropy air into the tropical cyclone 
inner core, and therefore should be considered in a proper intensification theory as has been done in the rotating 
convection paradigm by Montgomery and Smith.

Keywords: tropical cyclone intensification, convective available potential energy, wind-induced surface heat exchange, 
eyewall and secondary circulation

1.  Introduction

A complete and comprehensive theory on tropical cyclone in-
tensification is still a work in progress. Many studies and ex-
tensive research have been dedicated to understanding the be-
haviour of tropical cyclones but in more recent times most of 
the focus is more on intensification (Montgomery and Smith, 
2017). Several theories (see Montgomery and Smith, 2014) on 
intensification have been put forward where each has its own 
limitations. However, they do provide some insight into the 
tropical cyclone’s dynamics which has proven to be very use-
ful in our understanding of intensification. Although there are 
many theories which address the problem from many different 
angles, there is still one question that has not gotten sufficient 
attention, and that is how does convective available potential en-
ergy (CAPE) fit into the theory of intensification. We still do not 
know the exact role CAPE plays while a storm is intensifying.

Ooyama (1969) was one of the first to successfully simulate 
a tropical cyclone’s life cycle. He used a simple model which 
divided the atmosphere into only three layers: The thin plan-
etary boundary layer (PBL), the middle troposphere and the 
upper troposphere. In this model, inflowing air in the frictional 
boundary layer converges and supplies the heat and moisture 
feeding the eyewall clouds which can only exist in the presence 
of local convective instability. Entrainment in the middle layer 
leads to an import of angular momentum and intensification. 
Charney and Eliassen (1964) proposed before a linear theory 
where a tropical cyclone can develop and grow as a coopera-
tive interaction with the cumulus convective activity and the 
cyclonic disturbance. The difference between the two as stated 
by Montgomery and Smith (2014) lies in the way latent heat is 
treated. This cooperative interaction is called conditional insta-
bility of the second kind (CISK).
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noted by Hendricks et al. (2004) in a simulation of tropical 
cyclone formation. These deep rotating convective structures 
form in the inner core of the cyclone where they add to the 
large-scale circulation of the tropical cyclone (Montgomery and 
Smith, 2014). The formation mechanism depends like in the 
Ooyama model on the existence of local CAPE. The rotating 
convective paradigm also includes a description of intensifica-
tion in the azimuthally averaged view. It includes two spin-up 
mechanisms, namely the tangential wind intensification by an-
gular momentum import inside and above the boundary layer. 
The first mechanism involves gradient wind imbalance while 
the second one can be described in terms of the Sawyer-Elias-
sen equation based on the gradient wind balance. Frisius and 
Lee (2016) found that both mechanisms can already be iden-
tified within the simple three-layer model by Ooyama (1969).

Although Montgomery et al. (2009) revealed the existence 
of CAPE during the complete intensification process in their 
presented simulations, its role is not entirely clear for the final 
spin-up phase in which the tropical cyclone attains hurricane 
strength and forms an eyewall. Certainly, CAPE is a necessary 
element for the initial phase where the VHTs spin-up and subse-
quently merge. However, it is not obvious how the VHTs could 
support the two axisymmetric spin-up mechanisms as presented 
by Montgomery and Smith (2014). The heating by these VHTs 
would lead to a decrease of gradient wind and spin down if they 
would occur outside of the RMGW. Indeed, Frisius and Has-
selbeck (2009) found in a cloud resolving model that tropical 
cyclone intensification is most rapid if no convective activity 
appears outside of the developing core. Moreover, the absence 
of a wind-speed dependence of surface fluxes still leave room 
for intensification without CAPE as demonstrated in the model 
by Frisius (2006). In the present study, we intend to shed light 
on these issues. If existence of CAPE turns out to be important, 
the intensification mechanism based on the models of Emanuel 
(1997), Gray and Craig (1998), Frisius (2006) and Emanuel 
(2012) would be questionable.

Persing and Montgomery (2005) investigated the influence 
environmental CAPE would have on modelled hurricane inten-
sity by making adjustments to environmental CAPE that did 
not affect the surface and outflow temperatures. By performing 
simulations with an axisymmetric model they came to the con-
clusion that any maximum potential intensity (MPI) theory that 
favours CAPE’s contribution should not be considered since 
they were not able to find justification for CAPE’s inclusion. 
This may not be quite the case for intensification. CAPE pro-
vides the energy that is available for convection and this affects 
the strength of the latent heat release which in turn affects the 
strength of the angular momentum import of the developing 
storm. The initial amount of CAPE can have an impact just as 
much as the CAPE that is being generated while the storm is 
intensifying.

In our paper, we investigate the role of CAPE for tropical 
cyclone intensification with a hierarchy of tropical cyclone 

Later a new approach to cyclogenesis was proposed where 
Emanuel (1986) and Rotunno and Emanuel (1987) questioned 
the idea that a cyclone develops in a conditionally unstable en-
vironment. Emanuel further states that the storm is exclusively 
driven and maintained by surface fluxes of heat and moisture. 
This concept resulted in the so-called ‘Wind induced surface 
heat exchange’ (WISHE) theory for tropical cyclone intensifi-
cation which does not rely on existing CAPE in the atmosphere. 
In the present study, we define WISHE as an intensification 
mechanism where convection acts so fast that CAPE vanish-
es and the temperature of the atmosphere is directly linked to 
the entropy of the boundary layer. Therefore, local warming of 
the atmosphere and associated cyclone intensification can only 
take place by wind-induced surface heat and moisture fluxes 
from the ocean surface which supports a feedback loop. In this 
way, the definition coincides with that given by Gray and Craig 
(1998).

Later studies by Emanuel (1997), Gray and Craig (1998), 
Frisius (2006) and Emanuel (2012) demonstrated with highly 
simplified and idealised tropical cyclone models, that tropical 
cyclones can intensify without CAPE. Then, the acquired latent 
heat is immediately consumed by convection thus creating a 
moist neutral atmosphere. However, the models used in these 
studies contain many assumptions which could be misleading. 
Although it is true that surface fluxes form a necessary factor 
for intensification it is not clear whether it is the only factor. 
E.g. Schecter (2011) found that CAPE increases prior to the 
rapid intensification phase in the Ooyama model and also in 
an idealised tropical cyclone simulation with the cloud-resolv-
ing model RAMS-6.0. Montgomery et al. (2009) have argued 
that the WISHE approach to intensification is misleading. They 
put forth the vortical hot tower theory that indeed incorporates 
the existence of CAPE during tropical cyclone development. 
Their study was motivated by an earlier study by Van Sang et 
al. (2008) in which they investigated the significance of surface 
fluxes of latent and sensible heat, and moisture. It was prov-
en by simulations with the cloud-resolving model MM5 that 
even when the wind speed dependence of surface heat fluxes 
is capped there is little reduction in wind intensification. This 
result was already detected by Frisius (2006) in a much simpler 
model based on the zero potential vorticity assumption. These 
are important findings since they challenge the essence of Ema-
nuel’s air–sea interaction theory. Emanuel (1986) and Rotunno 
and Emanuel (1987) state that intensification is highly depend-
ent on the rate at which water from the underlying ocean is 
evaporated, and this in turn is dependent on the speed of the in-
flowing air. Instead, the two companion papers by Van Sang et 
al. (2008) and Montgomery et al. (2009) along with Montgom-
ery and Smith (2014) and Montgomery et al. (2015) support the 
rotating convective paradigm that describes the basic process of 
spin up to a mature hurricane vortex. This paradigm indicates 
that intensification is a result of the presence of hot plume vor-
tical structures called vortical hot towers (VHTs) which were 
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models. This has the advantage that on one hand we can un-
derstand the mechanism in the simpler models while the results 
of the sophisticated models give us more confidence in the rel-
evance of the mechanism. The comparison of the models must 
of course be sufficiently rigorous to avoid that similar results 
appear for different reasons. The outline of the paper is as fol-
lows. In Section 2, we present a conceptual model of intensifi-
cation where we focus mainly on the aspects of intensification 
according to our interpretation of it. In Sections 3 and 4, the 
issue of CAPE is investigated with a simple low-order tropical 
cyclone model and a modified version of Ooyama’s three-lay-
er model,1 respectively. Section 5 describes the complex cloud 
model CM1 and how numerical sensitivity experiments of trop-
ical cyclone formation were configured. Section 6 presents the 
results of these experiments. The final Section 7 discusses the 
outcome of this study.

2.  Conceptual Model of Intensification

We describe a conceptual model which highlights the key pro-
cesses of intensification. The model corresponds to the azi-
muthally averaged view of the rotating convection paradigm by 
Montgomery and Smith (2014) (see their Fig. 13d). Our focus 
is exclusively on the transitioning phase where the storm in-
tensifies from a tropical storm to become a mature hurricane 
or typhoon. Figure 1 shows the conceptual model for tropical 
cyclone intensification. In this model, there are five processes 
supporting the intensification process:

(1) � Boundary layer inflow and spin up of ambient air mass;
(2) � Evaporation over the sea;
(3) � Rising of air in the eyewall;
(4) � Latent heat release in the eyewall;
(5) � Gradient wind adjustment to the modified temperature 

field.

These five reinforce each other in the intensification process 
as suggested by the results of a previous study based on the 
Ooyama-model (Frisius and Lee, 2016).

This mechanism should hold regardless of if the cyclone is 
truly axisymmetric or not.2 As air flows into the cyclone over 
the warm ocean waters it carries high angular momentum in-
ward although some amount is lost by surface drag. Through 
the process of evaporation it increases enthalpy and CAPE is 
generated.3 This high enthalpy is transported to the eyewall and 
overshoots the radius of maximum gradient wind (RMGW). 
Due to the deacceleration by the overshoot the air flows up-
ward into the free troposphere where convection consumes the 
CAPE. The unbalanced boundary layer dynamics leading to the 
overshoot turns out to be important for generating an updraught 
inside of the RMGW (see Frisius and Lee, 2016). The convec-
tive activity releases enough latent heat to compensate adiaba-
tic cooling because of the increase in boundary layer entropy 
with time and some existing CAPE. The negative radial gradi-
ent of warming at the outward side of the updraught induces a 
spin-up of the tangential wind by the gradient wind adjustment 
mechanism that can be well described by the Sawyer-Eliassen 
equation based on the balance approximation. Indeed, Shapiro 
and Willoughby (1982) showed with this equation that heating 
inside of the wind maximum leads to inflow and angular mo-
mentum import. Furthermore, Frisius and Lee (2016) found 
that in the Ooyama model the latent heat release is the most 
important process for the spin-up of the tangential wind above 
the boundary layer. The increase in gradient wind causes in turn 
a stronger boundary layer inflow, more angular momentum 
import and more evaporation from the sea surface. A positive 
feedback loop results.

As noted by Frisius and Schönemann (2012) there can be a 
negative vertical entropy gradient in the boundary layer due to 
the fact that the boundary layer air experiences an increase of 
entropy due to surface fluxes. Such a negative entropy gradient 
creates a convectively unstable environment thus having CAPE. 
On the other hand, convection acts to reduce the thermodynam-
ic disequilibrium that exists between the troposphere and the 
boundary layer. Therefore, surface fluxes of heat and moisture 
are necessary for maintaining the CAPE.

In the following, we explain the possible impact of CAPE on 
intensification. The tropical cyclone’s most intense winds are 
located beneath the eyewall. In the eyewall, air flows approxi-
mately along slantwise surfaces of constant angular momentum 
(Willoughby, 1988). This yields a flow that is neutral to sym-
metric instability if the up- and outward flow is fast enough to 
nearly conserve its specific entropy. We can take full advantage 
of this fact by replacing the radius r with a new radial coordi-
nate, namely the potential radius R introduced by Schubert and 
Hack (1983). It is given by

 

where v denotes the tangential wind, f the Coriolis parameter 
and M = vr +  fr2/2 the angular momentum. Entropy surfaces 
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Fig. 1. Conceptual model of intensification.
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intensity builds entirely on the radial decrease of boundary 
layer entropy s

b
. However, there is no clear mechanism why it 

should do so. The surface enthalpy fluxes increase s
b
 at the radi-

us of maximum winds. Then, the radial gradient of s
b
 becomes 

positive in the inner core of the cyclone so that Equation (2) 
does not yield a solution. Indeed, Fig. 5 of Montgomery et al. 
(2009) reveals in the intensification phase no enhanced negative 
gradient of equivalent potential temperature in the boundary 
layer at the RMW which cannot be true if WISHE theory is cor-
rect. Furthermore, it can be shown that heating by wind speed 
dependent surface fluxes leads to outward migration of the tan-
gential wind maximum (see Frisius, 2006). Emanuel (1997), 
Gray and Craig (1998) and Frisius (2006) circumvented this 
issue by introducing a factor taking into account that convection 
at larger radii mainly acts to moisten and not to heat the atmos-
phere because of a dryer atmosphere. Montgomery et al. (2009) 
doubted the physical justification of this factor and interpreted 
it as an ad hoc parameter. Later, Emanuel (2012) modified his 
theory by taking into account that the outflow temperature T

out
 

is not a constant but depends on the outflow stratification. With 
the assumption of a constant Richardson number in the out-
flow he was able to describe intensification by WISHE without 
a correction factor. However, Persing et al. (2013) found on the 
basis of CM1 model simulations that the predictions of the re-
vised theory do not hold. In our study, we suppose that vanish-
ing CAPE (or SCAPE) is too strong a model constraint and that 
CAPE indeed represents an important key factor for tropical 
cyclone intensification.

3.  Intensification in a low-order tropical 
cyclone model

Schönemann and Frisius (2012) developed a low-order tropical 
cyclone model that is sketched in Fig. 2. The model is divided 
into three regions: eye, eyewall and ambient region. Each re-
gion has a partition into the free atmosphere and boundary lay-
er. The model variable is specific entropy s and gradient wind 
balance is assumed. Entropy is considered as an anomaly of a 
reference value of the far field boundary layer. The boundary 
layer entropy of the ambient region rises by surface fluxes and 
declines by vertical mixing due to convection. The entropy of 
the ambient region free atmosphere is assumed to be constant 
due to its large volume. The entropy of the boundary layer be-
low the eyewall can also increase by surface fluxes. Here, how-
ever, the radial boundary layer mass flux is redirected in the 
vertical direction so that ascent and condensation takes place 
in the eyewall. In the eyewall, the atmosphere is assumed to 
be neutral to symmetric instability so that isentropes and an-
gular momentum isolines are parallel. The boundaries of the 
eyewall form angular momentum surfaces where the potential 
radius R

1
 and R

2
 are constant in time. Consequently, the physi-

cal radii r
b1

 and r
b2

 enclosing the eyewall boundary layer move 

run in the neutral case vertically in potential radius space and, 
therefore, entropy becomes a vertically independent variable. 
As noted by several authors such as La Seur and Hawkins 
(1963), the circulation in a tropical cyclone is observed to be 
approximately in gradient wind balance. The saturation entro-
py gradient in the atmosphere is related to the gradient wind 
through the thermal wind balance equation (Emanuel, 1986). 
Using the thermal wind balance equation, Frisius and Schöne-
mann (2012) found in potential radius space the approximate 
relation:

 

where v
b
 is the tangential wind at the top of the boundary layer, 

T
s
 the sea surface temperature, T

out
 the outflow temperature, s

b
 

the specific boundary layer entropy and E
SC

 the slantwise CAPE 
(SCAPE). The first term on the right-hand side of Equation (2) 
yields the thermal wind when the stratification is neutral to 
slantwise convection. This assumption has been used in the po-
tential intensity theory by Emanuel (1986) and in the simplified 
WISHE model by Emanuel (1997). Obviously, further intensity 
can result when SCAPE increases in radial direction. Therefore, 
heating in the eyewall induces a larger intensity increase when 
SCAPE is present since the heating reduces SCAPE of the eye-
wall and increases the radial SCAPE gradient. This corresponds 
to a negative radial temperature gradient which is correlated 
with the wind intensity at the surface. Large initial SCAPE has 
a high potential to create a significant radial increase of SCAPE 
in the intensification phase but a requisite is that the release of 
SCAPE occurs predominantly in the inner core of the cyclone 
where the frictionally induced inflow converges. The effect of 
heating can be clearly seen in one of the model experiments 
performed by Montgomery et al. (2009) (see their Fig. 5). In 
this run, the equivalent potential temperature above the bound-
ary layer rises inside of the radius of maximum winds (RMW) 
while outside of this radius there is only a little increase. This 
results in a positive gradient of SCAPE and a tangential wind 
increase by the gradient wind adjustment. According to WISHE 
theory no SCAPE is present during intensification. Therefore, 

(2)
v2

b

R
= −

1

2

(
T

s
− T

out

)�s
b

�R
+

1

2

�E
SC

�R
,

Fig. 2. Sketch of the low-order tropical cyclone model.
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nected with a constant angular momentum surface is roughly 
consistent with their model output (see their Fig. 23).

The model has been modified by adding convective exchange 
in the eyewall besides the vertical transport due to the frictional 
convergence in the boundary layer. Furthermore, the convective 
exchange in the ambient region only takes place in the unstable 
case, i.e. when s

bi
 > s∗

a
. Then, we can test the WISHE theory for 

intensification. An element of this theory is that convection acts 
so fast that the atmosphere is always in a moist neutral state. 
Therefore, intensification should be possible for very small τ

C
. 

Schönemann and Frisius (2012) revealed indeed a WISHE in-
stability in the linearised model. However, they did not consider 
this instability in the non-linear model. The model dynamics 
allow intensification by the WISHE mechanism in the extreme 
case τ

C
 → 0. Then, we have s∗

i
 = s

bi
 and s

ba
 = s∗

a
. In this case 

Equation (5) becomes unnecessary and Equation (3) can be 
combined with Equation (4) so that the indeterminate convec-
tive flux term is eliminated. This has the consequence that the 
low-order model reduces to one equation for eyewall entropy:

 

This equation can explain some intensification by WISHE at 
the beginning since the surface fluxes heat the eyewall imme-
diately. It describes the adaption of the eyewall to sea surface 
entropy s

oi
 with the time scale

 

Later, however, the frictionally induced secondary circulation 
entrains low entropy air so that intensification is hampered. 
This process takes place with the time scale

 

and it leads to transport of low entropy air of the environment  
(s∗

a
) into the eyewall. Figure 3 displays these time scales as a 

function of tangential wind v
b2

. Obviously, the WISHE time 
scale τ

W
 is only at low vortex intensity larger than that of the sec-

ondary circulation, τ
S
. The time scale τ

S
 becomes much smaller 

than τ
W
 in the range where v

b2
 takes reasonable values for a typi-

cal intensification phase. From these circumstances we can con-
clude that the entropy fluxes of the secondary circulation dom-
inate the budget of the eyewall entropy. This is in accordance 
with the study of Wang and Xu (2010) who found in a cloud 
resolving model that inward boundary layer enthalpy transport 
is important to the energy balance in the eyewall of a mature 
tropical cyclone. The WISHE models by Emanuel (1997), Gray 
and Craig (1998), Frisius (2006) and Emanuel (2012) have no 
clearly defined boundary layers and do not include this process 

(6)

ds
∗
i
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s
∗
a
− s
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i

M
i
+ M
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s
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C

H

2H
b
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)(
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i

) M
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W
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b
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H
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|| + ||vb2

||
) M

i
+ M

bi

M
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.

(8)�
S
=

M
i
+ M

bi

Ψ
b2

in the course of the development. The eye responds passively 
to the development of the eyewall. Therefore, no equations for 
the eye are needed in this model. It is assumed that above the 
boundary layer angular momentum conservation and gradient 
wind balance holds. Therefore, the eyewall boundary represents 
a material surface and its inward movement results from gra-
dient wind adjustment. The moist potential vorticity vanishes 
because there is a congruence of angular momentum and moist 
entropy surfaces. This has the consequence that the tangential 
wind adapts to the predicted temperature field. The slab-bound-
ary layer of the model has diagnostic balanced dynamics, i.e. 
the inflow velocity becomes a function of the gradient wind at 
the top of the boundary layer. The shortcomings of the balanced 
slab-boundary layer has been discussed by Smith and Mont-
gomery (2008) and Frisius and Lee (2016) in the context of the 
Ooyama model. However, we believe that these shortcomings 
have not such a strong impact in the low-order model since it 
does not resolve the radial wind profile which sensitively influ-
ences the radial heating profile. Instead, it is assumed that all 
heating takes place in the eyewall region inside of the RMGW 
which corresponds to the result of unbalanced boundary layer 
dynamics. The governing equations of the low-order tropical 
cyclone model read

 

 

 

In these equations the indices b, i, and a refer to boundary layer, 
eyewall and ambient region, respectively. The asterisk * sym-
bolises that the quantity is evaluated by assuming water vapour 
saturation, and (…) is the Heaviside step function. Further-
more, M denotes the mass of the corresponding region, H

b
 the 

boundary layer height, Ψ
b2

 the radial boundary layer mass flux 
at radius r

b2
, C

H
 the surface transfer coefficient for enthalpy, s

o
 

the entropy at the sea surface, δ an entrainment parameter, τ
C
 

the time scale of convection and τ
E
 the time scale of Newtonian 

cooling that represents a simple parameterisation of radiation 
in the model. v

b1
 and v

b2
 are the gradient winds at the inner and 

outer sides of the eyewall, respectively. The quantities v
b1

, v
b2

, 
Ψ

b2
, M

bi
, s

oi
 and s

oa
 are functions of the saturation entropy in the 

eyewall, s∗
i
. For more details of the model we refer to Schöne-

mann and Frisius (2012). Schönemann and Frisius (2012) 
showed that the intensification rate in the low-order model is 
proportional to 

√
C

H
C

D
. This is qualitatively consistent with 

CM1 simulations performed by Persing et al. (2013) (see their 
Fig. 21). Furthermore, the assumption that the RMW is con-

(3)
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.
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τ
C
 = 10 h is used unless otherwise stated. All other model pa-

rameters are listed in Table 1. The first experiment is the ref-
erence experiment REF in which s∗

i
 and s

bi
 have a finite value 

(0.6 J/kg/K) while s
a
 and s

ba
 are set to zero. In this way a weak, 

initial vortex in a neutrally stratified undersaturated atmosphere 
is prescribed.

In the second experiment, initial environmental CAPE is in-
cluded (HIGHCAPE) by reducing the temperature of the ambient 
region, T

a
 by 2.5 K. In the third experiment (STABLE), the tem-

perature T
a
 is increased by 2.5 K which stabilises the atmosphere. 

The fourth experiment WISHE integrates Equation (6) so that the 
development of any CAPE is suppressed. The fifth experiment 
NOEXCHANGE includes an infinite time scale τ

C
 so that no con-

vective exchange does take place in the ambient region.
Figure 4 shows the time series of v

b2
 for the various experi-

ments. All experiments start with a tangential wind v
b2

 of about 
11  m/s. Experiment REF and HIGHCAPE reveal substantial 
intensification to a hurricane-type vortex within two days while 
in experiment WISHE only a marginal increase of wind speed 
takes place. Experiment STABLE exhibits a very fast decay of 
the vortex. The final tangential wind in experiment HIGHCAPE 
is with v

b2
 = 65 m/s much higher than in experiment REF where 

v
b2

  =  51  m/s is observed. Therefore, the steady-state tropical 
cyclone does indeed depend on environmental CAPE which 
disagrees with Persing and Montgomery (2005). Furthermore, 
experiment HIGHCAPE exhibits a faster development com-
pared to experiment REF. There is no gestation period in this 
model since it is assumed that the eyewall region is saturated 
outright at the beginning with the consequence that develop-
ment starts immediately. We note that we can also destabilise 
and stabilise the atmosphere by modifying the boundary layer 
relative humidity. In this case the differences in the intensifica-
tion phase are significantly smaller and the final intensities co-
incide (not shown). Therefore, the sensitivity of intensification 
to initial CAPE depends highly on how the CAPE is included. 
When CAPE is just included by modifying the boundary layer 
the effect turns out to be small since the boundary layer entropy 
can be modified very rapidly by surface fluxes and convective 
downdrafts. The situation is different when CAPE results by 
cooling of a deep free atmospheric layer. Then, the stratifica-
tion can only be modified slowly by convection due to the high 
heat capacity of the layer. In the case of a deep stable layer 
the surface fluxes can hardly remove the stability. This is like-
ly the reason why tropical cyclogenesis cannot occur below a 
certain threshold SST. Experiment NOEXCHANGE exhibits a 
development similar to HIGHCAPE. Obviously, the convective 
exchange due to a finite τ

C
 does have a damping effect on inten-

sification and final intensity. The latter result was already found 
by Schönemann and Frisius (2012).

Experiment WISHE shows no intensification since the fric-
tionally induced secondary circulation transports low entropy 
air into the eyewall. This is understandable since for an ini-
tial tangential wind of 11 m/s the time scale for the secondary 

properly. Emanuel (1997) introduced a parameter β to crude-
ly account for downdrafts in the boundary layer. However, this 
parameter does not only reduce the boundary layer entropy, it 
also incorrectly reduces the radial advection that diminishes the 
eyewall entropy. Therefore, two competing effects are modified 
and it is not evident which one becomes dominant. Gray and 
Craig (1998) and Frisius (2006) introduced the β parameter in 
a different way by assuming that less latent heating occurs out-
side of the eyewall due to the dryer air. But in this approach 
no downdrafts into the boundary layer are considered. Without 
convective fluxes CAPE cannot remain zero and upward mass 
fluxes must be compensated by downward mass fluxes when the 
convergence of boundary layer winds is not dominant.

To investigate the mechanism of intensification in this mod-
el we performed five numerical experiments. In these experi-
ments, the relative humidity of the boundary layer and the free 
atmosphere are set to 80% and the sea surface temperature is 
set to 28 °C. These are conditions favourable for tropical cy-
clogenesis. For the time scale of convective exchange the value 
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Fig. 3. Time scale of WISHE τ
W
 (red curve) and of the secondary 

circulation τ
S
 (green curve) as a function of tangential wind v

b2
.

Table 1.  Parameter values for the low order tropical cyclone model 
experiment REF.

Notation Value Meaning

r
ba

420 km Outer radius
τ

E
 48 h Time scale for Newtonian cooling

τ
C

10 h Time scale of convection
C

H
0.003 Surface transfer coefficient for enthalpy

C
D

0.003 Drag coefficient
H 13.5 km Height of free atmosphere layer
H

b
1.5 km Boundary layer height

f 5 × 10−5 s−1 Coriolis parameter
δ 0.25 Entrainment parameter
R

1
90 km Inner potential radius of eyewall

R
2

180 km Outer potential radius of eyewall
T

t
203.15 K Tropopause temperature

T
s

301.15 K Sea surface temperature
h

a
80% Relative humidity, ambient region

h
b

80% Relative humidity, boundary layer
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circulation greatly falls below the WISHE time scale (see Fig. 
3). Therefore, the low-order model considered here does not 
allow intensification purely based on WISHE.

It appears that CAPE does play a role for intensification in 
the box model. We calculate the following expressions:

 

which can approximately be identified with SCAPE of the eye-
wall (E

SC,i
) and the ambient region (E

SC,a
), respectively (see Ema-

nuel, 1994). Figure 5 shows the development of E
SC,i

 and E
SC,a

 for 
the experiments REF, HIGHCAPE and NOEXCHANGE. All 
cases reveal an increase of SCAPE in the intensification phase. 
After intensification SCAPE attains a nonzero and constant lev-
el. Furthermore, we see that SCAPE of the ambient region ex-
ceeds that of the eyewall region increasingly during the intensifi-
cation phase. This causes an enhancement of gradient wind and 
intensification rate due to the thermal wind balance equation (2). 
Indeed, the other term in this equation, namely, the radial gradi-
ent of boundary layer entropy is rather weak since s

bi
 exceeds s

ba
 

only by a small amount. Therefore, an important key element of 
the WISHE and potential intensity theories building on vanish-
ing CAPE is not fulfilled in the low order model. The substantial 
amount of eyewall SCAPE in the steady state turns out to be a 
somewhat unrealistic result that is related to the large mass of the 
eyewall region in the low order tropical cyclone model. From the 
results we can conclude that CAPE does play a crucial role for 
intensification in the simple low-order model. In the next section 
we check if this is true in the more complex Ooyama model.

4.  Intensification in Ooyama’s three-layer 
model

Figure 6 sketches the Ooyama model that comprises three lay-
ers having the depths h

b
, h

1
 and h

2
. A free interface separates 

the middle and the upper layer while the interface between  
the boundary layer and middle layer is fixed but permeable. 

(9)E
SC,i

=
(
T

s
− T

t

)(
s

bi
− s∗

i

)
, E

SC,a
=
(
T

s
− T

t

)(
s

ba
− s∗

a

)
,

Fig. 4. Tangential wind v
b2

 as a function of time for the experiments 
REF (red curve), HIGHCAPE (green curve), STABLE (blue curve), 
WISHE (magenta curve) and NOEXCHANGE (black curve).

Fig. 5. E
SC,i

 (solid curves) and E
SC,a

 (dashed curves) as a function of time 
for the experiments REF (red curves), HIGHCAPE (green curves) and 
NOEXCHANGE (black curves).

Fig. 6. Sketch of Ooyama’s three-layer model.
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deep convection takes place when the entrainment parameter η 
exceeds 1. Therefore η − 1 becomes a measure for deep con-
vective instability. Without deep convective instability tropical 
cyclogenesis cannot take place since the necessary entrainment 
induced inflow in the middle layer is absent in this case. There-
fore, we consider η  −  1 as the relevant convective instability 
parameter. To compensate the boundary layer mass flux Q

b
 a 

downward massflux
 

must occur due to mass conservation.
The Ooyama model only includes convective exchange trig-

gered by frictional convergence in the boundary layer. Frisius 
and Lee (2016) found with a stability analysis that for reasonable 
η values no convective instability can occur in the absence of sur-
face friction. The original Ooyama model cannot describe inten-
sification solely based on the WISHE mechanism since CAPE 
can build up in regions without frictional convergence. This cor-
responds to the situation when we set the convective time scale τ

C
 

to infinity in the low-order model presented in the previous sec-
tion. In the present paper, we wish to include also convection that 
does not depend on frictional convergence. Therefore, we have 
modified formulas for the mass fluxes in the case η > 1 as follows

 

 

 

 

where β = β(r,t) denotes the precipitation efficiency. It should 
account for the case when nonprecipitating convection just 
moistens the atmosphere without a net latent heat release. For 
β  =  1 all condensated water will precipitate while for β  =  0 
no precipitation takes place. For intermediate cases we have 
0  < β  <  1. In the WISHE models by Emanuel (1997), Gray 
and Craig (1998) and Frisius (2006) a radially decreasing β was 
necessary to obtain intensification. Note that this effect is also 
implicit in the above treated low-order model since in the am-
bient region convection does not lead to latent heating while in 
the eyewall region all condensated water precipitates. Although 
β might be an ad hoc parameter as mentioned by Montgomery 
et al. (2009), it will be used in this model to reveal if intensifica-
tion with nonexistent CAPE can only take place by prescribing 
such a parameter. The precipitation efficiency is considered as 

(14)Q
1,b

= −
1

2
(w − |w|),

(15)Q
1,2

= (� − 1)

(
Q

b
+

� − 1

�
C

h
b

)
�,

(16)Q
b,1

=

(
Q

b
+

� − 1

�
C

h
b

)
(1 − �),

(17)Q
b,2

=

(
Q

b
+

� − 1

�
C

h
b

)
�,

(18)Q
1,b

= −
1

2
(w − |w|) + � − 1

�
C

h
b
,

The densities of the two lower layers are identical while the 
upper layer has a density which is by a factor ε smaller. In the 
boundary layer micro-turbulent exchange and surface fluxes 
from the ocean surface become relevant. Convection can per-
vade all interfaces leading to mass fluxes Q

b,1
, Q

b,2
 and Q

1,2
. 

First, there can be a convective updraught from the boundary 
layer into the upper layer associated with the mass flux Q

b,2
. 

The flux Q
b,1

 describes detrainment of mass from this updraught 
in the middle-layer which is characteristic of shallow convec-
tion. Deep convection is on the other hand accompanied by an 
entrainment mass flux Q

1,2
 from the middle layer into the up-

draught. Mass conservation in the boundary layer requires the 
existence of a downdraught mass flux Q

1,b
 from the middle layer 

into the boundary layer. Hydrostatic Boussinesq equations gov-
ern the flow in the model. The Ooyama model attracted wide 
attention in the scientific community (e.g. DeMaria and Schu-
bert, 1984, DeMaria and Pickle, 1988, Smith, 1997, Dengler 
and Reeder, 1997, Camp and Montgomery, 2001, Schecter and 
Dunkerton, 2009, Frisius and Lee, 2016) and is considered as 
a simple model for explaining tropical cyclone intensification. 
A detailed description of the model was provided by Ooyama 
himself (Ooyama, 1969). The Ooyama model used here is an 
extended version in which unbalanced dynamics is included. 
The governing equations are listed in the Appendix A. A more 
detailed description of this model version was given in Frisius 
and Lee (2016).

The Ooyama model has a simple parameterisation scheme 
for the mass fluxes between the various layers.4 It is assumed 
that the upward convective mass fluxes are proportional to the 
frictionally induced positive vertical velocity w at the top of the 
boundary layer so that

 

 

 

where Q
b
 = 1/2(w + |w|) and η denotes the entrainment param-

eter given by
 

In this formula θ
e
 is the equivalent potential temperature (EPT) 

and the indices b, 1 and 2 refer to the boundary layer, middle 
layer and upper layer, respectively. Again, the asterisk * denotes 
a quantity evaluated under the conditions of water vapour satu-
ration. A constant value is assumed for θ

e,1
 while �∗

e,2
 is propor-

tional to the depth of the upper layer. A switch from shallow to 

(10)Q
1,2

=
1

2
[(� − 1) + |(� − 1)|]Q

b
,

(11)Q
b,1

=
1

2
[(1 − �) + |(1 − �)|]Q

b
,

(12)Q
b,2

= Q
b
− Q

b,1
,

(13)� = 1 +
�

e,b
− �

∗
e,2

�
∗
e,2

− �
e,1

,
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where V
max,0

  =  10  m/s is the maximum tangential wind and 
r

0
 = 50 km the radius where the maximum occurs. No flow is in-

itially present in the upper layer. Table 2 lists the model param-
eters used for this experiment. Convection is only triggered in 
REF_OOYAMA by frictional convergence which corresponds 
to τ

C
 → ∞. Furthermore, the β parameter is set to one so that 

the effect of a radially decreasing precipitation efficiency is ig-
nored. Experiment REF is identical to REF

–
OOYAMA except 

for switching on the additional convective exchange with a time 
scale of τ

C
 = 24 h. The experiments HIGHCAPE and STABLE 

conform to REF but they include different initial stratifications. 
In HIGHCAPE the initial EPTs θ

e,1
 and �∗

e,2
 are decreased by 5 

and 10  K, respectively while in STABLE these temperatures 
are raised by the same amounts. Experiment WISHE adopts the 
additional convective scheme with a time scale of τ

C
 = 1 min. 

Then, the time scale is so short that CAPE vanishes approxi-
mately during the complete simulation. Experiment WISHE_
DRY includes a radially decreasing precipitation efficiency. At 
the beginning it has the following profile:

 

This profile yields a dry region beyond the radius r
0
 where the 

tangential wind is maximised initially. Then, the conditions for 
intensification according to the aforementioned WISHE models 
are fulfilled since the precipitation efficiency decreases radially 
at the radius of maximum winds.

Figure 7 shows time series of maximum tangential wind of 
the middle layer and the radius where this maximum occurs. 
The time developments of maximum tangential wind agree in 
many qualitative aspects with those obtained with the low-or-
der model (cf. Fig. 4). However, we can also see some quali-
tative differences. Experiments REF and HIGHCAPE do not 
approach a steady state and reveal instead a slow decay of inten-
sity after the tangential wind has maximised. A very slow devel-
opment occurs in experiment STABLE instead of a rapid decay 
as observed in the low-order model. The experiment WISHE 
also does not reveal significant intensification. The introduc-
tion of a radially decreasing precipitation efficiency in experi-
ment WISHE_DRY even causes a slow decay of intensity. The 
experiment REF_OOYAMA reaches the highest intensifica-
tion rate and it exhibits a very slow decay in the later stages. 

(23)�(r, t = 0) =
1

2
−

1

2
tanh

( r − r
0

10 km

)
.

a fluid property of the middle layer. Therefore, it is governed 
by the equation
 

where u
1
 denotes the radial wind of the middle layer and the 

condition β = 0 has been applied at the lateral boundary. The 
surface fluxes were calculated with a bulk scheme as in the low 
order tropical cyclone model. The surface transfer coefficients 
for momentum and enthalpy coincides and result from the pa-
rameterisation C

D
 = C

H
 = 0.0005(1 + V

b
/8.33) where V

b
 denotes 

the wind speed in the boundary layer. In the Ooyama model we 
use a simple expression for CAPE, namely:
 

where c
p
 denotes the specific heat at constant pressure and 

α  =  10 a thermodynamic constant introduced by Ooyama 
(1969). The energy E

C,O
 must be positive for the appearance of 

deep convection.
A relationship similar to Equation (2) can be derived within 

the Ooyama model. Ooyama (1969) assumes upright convec-
tion and, therefore, it is more appropriate to evaluate the ther-
mal wind balance equation in physical space. This equation 
becomes at a small radius where we can assume cyclostrophic 
balance:

 

Here, v
1
 and v

2
 denote middle- and upper-layer tangential winds, 

respectively. The expression on the left-hand side of this equa-
tion measures the intensity of the thermal wind and it is likely 
related to the maximum wind speed of the vortex. Similar to 
Equation (2), further intensity may arise when CAPE increases 
in radial direction.

For the numerical experiments we use this simple axisym-
metric three-layer model in an unbalanced configuration as 
described in Frisius and Lee (2016). The numerical model 
employs 2400 stretched radial grid points having a distance 
of 250 m and 2500 m in the inner and outer parts of the do-
main, respectively. Horizontal diffusion is necessary to avoid 
the build-up of sharp gradients. The model adopts a diffusion 
coefficient of ν

h
 = 1000 m2/s. More information on the numer-

ical method and model parameters are given in Frisius and Lee 
(2016). The reference experiment REF_OOYAMA is identical 
to experiment UNBAL in Frisius and Lee (2016) except for the 
initialisation of boundary layer EPT, θ

e,b
 which is set identical to 

�
∗
e,2

 in order to have zero CAPE initially. The initial vortex has a 
balanced tangential wind profile of the form

 

(19)
��

�t
= −u

1

��

�r
,

(20)E
C,O

=
c

p

�

(
�

e,b
− �

∗
e,2

)
,

(21)
v2

1

r
−

v2

2

r
= −

c
p

�

��
e,b

�r
+

�E
C,O

�r
.

(22)v
j
= 2V

max,0

r∕r
0

1 +
(
r∕r

0

)2
for j = 1, b,

Table 2.  Parameter values for Ooyama model experiment REF.

Notation Value Meaning

ε 0.9 Upper to middle layer density ratio
h

b
1 km Boundary layer height

H
1

5 km Mean middle layer depth
H

2
5 km Mean upper layer depth

f 5 × 10−5 s−1 Coriolis parameter
θ

e,1
332 K Middle layer EPT

�
∗
e,2

342 K Ambient value of upper layer EPT
�
∗
e,s

372 K Ambient value of sea surface EPT
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es the intensification rate substantially and allowing only lit-
tle CAPE by using a short time scale for convective exchange 
(about 1 min) does not lead to a mentionable increase of wind 
speed. Therefore, a significant amount of CAPE is necessary for 
intensification to take place in the Ooyama model. We can draw 
the conclusion that either the Ooyama model or the WISHE 
models does not explain tropical cyclone intensification prop-
erly. In the WISHE models the neglect of entrainment of low 
entropy air into the boundary layer could be a serious deficien-
cy. On the other hand, the assumption of a time invariant middle 
layer entropy in Ooyama’s model could also be unsuitable.

The additional convective scheme used in the present model 
has some similarity with the quasi-equilibrium scheme includ-
ed by Zehnder (2001) and Schecter (2011) in an Ooyama-like 
model. However, the convective mass fluxes of their scheme 
relate to the disequilibrium between the boundary layer and 
middle layer. Then, decreasing the time scale would lead to a 
moist stable and not moist neutral state as in the WISHE model. 
Schecter (2011) found a decrease of intensification rate by the 
inclusion of this scheme besides the primary convergence based 
scheme. Zhu et al. (2001) used in a three layer tropical cyclone 
model a similar scheme where the convective mass fluxes are 
proportional to CAPE (their modified Arakawa scheme). They 
also detect a substantially weaker tropical cyclone intensifica-
tion compared to a run based solely on a convergence based 
convection parameterisation.

Figure 8 shows various experiments’ radial profiles of tan-
gential wind v

1
 and CAPE E

C,O
 at the time when the profile 

maximum of tangential wind v
1
 exceeds 50% of the time max-

imum of v
1
. All simulations reveal nonzero CAPE at nearly all 

radii. Narrow radial ranges with zero CAPE only occur inside 
the RMW in all shown experiments except for STABLE. These 
are located inside of the eyewall where a downdraught trans-
ports low entropy air into the boundary layer. It is noticeable 
that CAPE in experiment REF_OOYAMA has the largest val-
ues inside of the eyewall while in the other experiments this is 
not the case. This happens because CAPE accumulate in the 
inner core when frictional convergence does not occur in the ab-
sence of additional convective exchange. CAPE increases with 
radius immediately outside the RMW in all experiments except 
for STABLE. The associated radial CAPE gradient seems to 
correlate with the intensification rate. This result suggests a 
positive impact of a radially increasing CAPE on intensifica-
tion within the Ooyama-model which is in agreement with the 
thermal wind balance equation.

5.  Description of CM1 and experimental 
configuration

We conduct further experiments with the nonhydrostatic cloud 
resolving model CM1, version 18. The model was developed by 
George Bryan at NCAR (Bryan and Fritsch, 2002; Bryan and 

Therefore, convection solely based on frictional convergence 
leads to the most rapid intensification and a better maintenance 
of the storm. This experiment corresponds to experiment NO-
EXCHANGE in the low-order model in which we found equiv-
alent results. The radius of maximum winds (RMW) decreases 
during the intensification phase in experiments REF, HIGH-
CAPE and REF_OOYAMA. After intensification a slow in-
crease of RMW is observed. In experiment STABLE the RMW 
becomes larger during the first six days and then declines slow-
ly. The continuous outward migration of RMW in experiment 
WISHE is consistent with the findings of Frisius (2006) where 
it was shown that the WISHE mechanism causes this migration 
in the absence of an outward decreasing precipitation efficien-
cy. Experiment WISHE_DRY exhibits some RMW contraction 
during the first 4 days but the RMW migrates outwards thereaf-
ter despite the radially decreasing precipitation efficiency.

The results clearly show that the WISHE mechanism can-
not cause intensification within the Ooyama model. Relaxing 
CAPE to neutrality by the convection parameterisation reduc-

Fig. 7. (a) Maximum middle layer tangential wind as a function of time 
for the experiments REF (red curve), REF_OOYAMA (black curve), 
HIGHCAPE (green curve), STABLE (blue curve), WISHE (magenta 
curve) and WISHE _DRY (light blue curve). (b) as in (a) but the radius 
of maximum v

1
 is shown.
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transfer coefficient of C
H
 = 0.0012 for heat and moisture while 

the surface drag coefficient C
D
 results from a parameterisation 

that is based on findings of Fairall et al. (2003) at low wind 
speeds and of Donelan et al. (2004) at high wind speeds. By this 
parameterisation the surface drag coefficient becomes

 

where V
10 m

 denotes the horizontal wind speed at 10 m height, 
V

0
 = 5 m/s and V

1
 = 25 m/s. The grid spacing is set to 2 km with 

600 grid points in each horizontal direction and 40 model levels 
in the vertical having a 500 m grid spacing are adopted. The 
model is time-integrated by adopting the Klemp-Wilhelmson 
time-splitting, vertically implicit scheme with a large time step 
of 7s and 4 intermediate short time steps. To test the sensitivi-
ty of the tropical cyclones intensification to CAPE we need to 
analyse its radial distribution at the time of maximum intensifi-
cation. First we define CAPE as:

 

(24)C
D
=

⎧
⎪⎨⎪⎩

10
−3 V
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< V

0
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−3
�
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�
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1

(25)E
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= ∫
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LNB

z
LFC
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T

v,p
− T

v,e

T
v,e

dz,

Rotunno, 2009) and it can conduct simulations in axisymmetric, 
2D and 3D configurations. In our experiments we use the 3D 
configuration. The model solves non-linear time dependent gov-
erning equations having eleven prognostic variables: The three 
components of velocity (u,v,w), the perturbation Exner function 
(non-dimensional pressure) (π′), perturbation potential tempera-
ture (θ′), and the mixing ratios for water vapour (q

v
), cloud water 

(q
c
), rain (q

r
), cloud ice (q

i
), snow (q

s
) and graupel (q

g
).5 An f-

plane is assumed, and the Coriolis parameter is set to 5 × 10−5 s−1. 
The boundary conditions are periodic in all directions and at the 
surface we assume an ocean having a fixed sea surface tempera-
ture of 28 °C. For a more detailed description of CM1 see Bryan 
and Fritsch (2002) and Bryan and Rotunno (2009).

We use the default configured namelist for tropical cyclone 
simulation except for some changes as described below.6 We 
switched off the radiation scheme of CM1 for all experiments 
and mimicked this process by a simple relaxation method as 
described by Rotunno and Emanuel (1987). For cloud micro-
physics the double-moment scheme by Morrison et al. (2005) 
excluding hail is applied. The micro-turbulent exchange and 
dissipative heating is parameterized by a Smagorinsky-type 
scheme with different coefficients for vertical and horizontal 
exchange. The surface exchange scheme employs a constant 

Fig. 8. Radial profiles of tangential wind v
1
 (black curve) and CAPE E

C,O
 (red curve) in the Ooyama-model at the time when the intensity reaches 

50% of its time maximum for the experiments (a) REF_OOYAMA, (b) HIGHCAPE, (c) REF and (d) STABLE.
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condensate precipitates immediately. Then, the CAPE value is 
with 2519 J/kg/K much closer to the result of Dunion (2011).

Figure 9 shows the initial vertical temperature profiles of 
the three experiments together with the moist adiabat resulting 
from the initial condition of experiment REF. All temperature 
profiles have an inversion at about 17 km height but an already 
very stable layer occurs above 14 km so that the level of neutral 
buoyancy is well below 17 km in all three cases. Since the moist 
adiabat is largely independent of the added temperature anoma-
ly T′ it is obvious from the various profiles that CAPE decreases 
with increasing ∆T

t
. The initial vortex is identical to that used 

by Rotunno and Emanuel (1987) in their axisymmetric model 
as given by their Equation (37). It has a maximum tangential 
wind of about 12 m/s at a radius of 100 km. The outer radius 
beyond which the tangential wind vanishes is 412.5 km. The 
tangential wind decreases linearly with height until the lower 
bound of the sponge layer at 20 km height where winds become 
zero.

6.  Results of the CM1 experiments

Figure 10 shows the time evolution of maximum horizontal 
wind speed for the three CM1 experiments. Obviously, environ-
mental CAPE accelerates the tropical cyclone intensification in 
CM1. In experiment LOWCAPE a very slow intensification 
rate arises so that the tropical cyclone does not reach hurricane 
strength (33 m/s) before 4.5 days (108 h). On the other hand, 
a category 5 hurricane (69 m/s) according to the Saffir Simp-
son scale evolves within 75 h in experiment HIGHCAPE. The 
evolution in experiment REF lies in between. However, we see 
that the actual rates of intensification in HIGHCAPE and REF 
are quite similar. Therefore, the evolution in HIGHCAPE takes 
place earlier but not really faster in comparison to experiment 
REF. The latter result was not found in the low-order model 
(see Fig. 4) and also not in the Ooyama model (see Fig. 7a). The 
final intensities of REF and HIGHCAPE are quite similar. This 
agrees with the finding of Persing and Montgomery (2005) that 
the environmental CAPE has no influence on final intensity. We 
do not know how much the intensity rises further in experiment 
LOWCAPE but it is obvious that the tropical cyclone intensifies 
slower in comparison to REF and HIGHCAPE in contradiction 
to Persing and Montgomery (2005). The different method for 
determination of the initial sounding could explain this result. 
Persing and Montgomery (2005) found the sounding of their 
‘low CAPE run’ by running the model without vortex until a 
neutral state arises as was also done by Rotunno and Emanuel 
(1987). This leads to a different temperature and moisture pro-
file. However, in the present LOWCAPE experiment only the 
temperature sounding is modified with the consequence that 
the relative humidity attains in the mid-troposphere a smaller 
value compared to REF and HIGHCAPE. It is conceivable that 
the lower initial relative humidity mainly explains the slower 

where Z
LFC

 is the level of free convection in the boundary lay-
er, Z

LNB
 the level of neutral buoyancy, g the acceleration due to 

gravity, T
v,p

 the virtual temperature parcel of the moist adiabat 
and T

v,e
 the virtual environmental temperature. For the calcula-

tion we used an open source FORTRAN code.7 We did an azi-
muthal averaging with respect to the surface pressure minimum 
to get the radial distribution.

Three experiments are conducted for different vertical tem-
perature profiles. The moist tropical (MT) sounding found by 
Dunion (2011) is adopted to provide the base state conditions 
for the reference experiment REF. In the other two experiments 
the Dunion sounding was cooled or warmed by adding a hori-
zontally uniform temperature anomaly of the form

where z denotes the height and ∆T
t
 the temperature anomaly 

at a height of 10,000  m. Note that T′ increases or decreases 
further for larger heights. In experiment HIGHCAPE the at-
mosphere is cooled by setting the temperature profile param-
eter to ∆T

t
 = −5 K. Experiment LOWCAPE starts on the other 

hand with a warmer atmosphere where ∆T
t
 = 5 K. The three 

experiments LOWCAPE, REF and HIGHCAPE have different 
initial CAPE values, namely 28.8  J/kg, 952  J/kg and 2435  J/
kg, respectively. Therefore, we can assume that the initial at-
mosphere in LOWCAPE is nearly neutrally stratified. Dunion 
(2011) found a much higher CAPE value (1922 J/kg) for his 
sounding which presumably results from the neglection of con-
densate loading and virtual temperature effects. We also calcu-
lated CAPE by assuming a pseudoadiabatic ascent where all 

(26)T � = ΔT
t

z
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Fig. 9. Initial vertical temperature profiles for the CM1 experiments 
REF (red curve), HIGHCAPE (green curve) and LOWCAPE (blue 
curve). The black curve shows the moist adiabat resulting from the 
initial condition of experiment REF.
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development in CM1. Furthermore, the differences between 
the model physics of CM1 and that of the axisymmetric model 
used by Persing and Montgomery (2005) could also explain the 
contradiction. In the latter model, ice was absent in the cloud 
microphysical scheme and it is known that tropical cyclones 
intensify faster without ice (see, e.g. Frisius and Hasselbeck, 
2009).

Figure 11 displays snapshots of CAPE and surface pressure 
for the three CM1 experiments at selected time points during 
intensification (marked by black circles in Fig. 10). In all three 
cases the tropical cyclone core is clearly visible in the surface 
pressure field. There, zero or very low CAPE values arise, but 
with increasing radius the CAPE becomes larger and beyond a 
certain radius it decreases again. In LOWCAPE the CAPE field 
is very asymmetric while in REF and HIGHCAPE a closed ring 
with positive CAPE can be detected. However, HIGHCAPE 
also shows a prominent wavenumber 2 asymmetry in CAPE  
at larger radii. Figure 12 shows radial profiles of azimuthally 
averaged CAPE together with tangential wind at the level of 
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Fig. 10. Maximum azimuthally averaged wind speed as a function of 
time for CM1 experiments REF (red curve), HIGHCAPE (green curve) 
and LOWCAPE (blue curve). The black circles indicate time points 
representative for the intensification phase. These were selected for the 
further analysis.

Fig. 11. CAPE (coloured shadings) and surface pressure (isolines) for (a) experiment LOWCAPE at t  =  107  h (contour interval 2.5  hPa), (b) 
experiment REF at t = 87 h (contour interval 5 hPa) and (c) experiment HIGHCAPE at t = 66 h (contour interval 5 hPa).
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Figure 13 displays the azimuthally averaged EPT, radial 
wind and vertical wind for experiment REF at the selected 
time point. This graph reveals the thermal structure and the 
secondary circulation in the inner core of the intensifying 
tropical cyclone. The fields agree with the conceptual model 
sketched in Fig. 1 as high entropy air in the boundary layer 
flows inward to the eyewall where the vertical motion turns 
into a slantwise outflow with a negative radial gradient of 
θ

e
. Very low EPTs occur in the lower part of the troposphere 

immediately above the boundary layer. Fast convective ex-
change like in the WISHE models would likely decrease 
the boundary layer entropy in such a way that the eyewall 
would soon dissolve leading to a cyclone decay. The figure 
also shows a weak radial gradient of boundary layer entropy 
under and outside of the eyewall which accords with the low 
order tropical cyclone model but disagrees with the WISHE 
theory that must build on a substantial negative gradient of 
this quantity.

maximum wind speed for the three experiments at the same se-
lected time points. We see that a positive radial CAPE gradient 
occurs immediately outside the radius of maximum tangential 
wind in all three cases.8 In experiment LOWCAPE, the CAPE 
gradient is very weak while in REF and HIGHCAPE the CAPE 
profiles have similar slopes between the radii 20 and 70 km. This 
could possibly explain the similar intensification rates of these 
two experiments. In any case, the CM1 simulations also show 
that CAPE exists during intensification and that it increases ra-
dially outside of the RMW. This is consistent with observational 
studies by Frank (1977), Bogner et al. (2000) and Molinari et al. 
(2012) in which the authors found that CAPE decreases toward 
the cyclones centre. We also performed corresponding simula-
tions with the axisymmetric CM1 model. The results agree qual-
itatively with the 3D simulations. However, the cyclone grows 
faster and reaches a higher intensity in the axisymmetric set-up, 
and the CAPE fields are noisier in space and time. The differ-
ences are consistent with the findings of Persing et al. (2013).

Fig. 12. Radial profiles of azimuthally averaged tangential wind (black curve) at the level of maximum wind speed (z = 750 m) and CAPE (green 
curve) for (a) experiment LOWCAPE at t = 107 h, (b) experiment REF at t = 87 h and (c) experiment HIGHCAPE at t = 66 h.
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circulation supports intensification because it transports high 
entropy air from larger radii into the eyewall which is consist-
ent with findings by Wang and Xu (2010) within a complex 
tropical cyclone model. Environmental CAPE supports inten-
sification while a stable atmosphere causes a decay of the ini-
tial perturbation in the low-order model. Qualitatively similar 
results were obtained with Ooyama’s three layer model. This 
model also does not support intensification without allowing 
CAPE to develop. Even the inclusion of a radially decreasing 
precipitation efficiency as introduced by Emanuel (1997) does 
not suffice to initiate a WISHE feedback. This is in agreement 
with Montgomery et al. (2009) and Montgomery et al. (2015) 
who disproved the necessity of a WISHE feedback for intensi-
fication and found nontrivial CAPE in their simulated tropical 
cyclone developments. On the other hand, it was found that 
Ooyama’s convection parameterisation scheme solely based on 
frictional convergence yields the fastest intensification and a 
higher persistence of the mature vortex. Additional convective 
exchange causes a decrease of CAPE and this lessens the in-
tensification rates. In the Ooyama model, the radial gradient 
of CAPE outside of the eyewall seems to be correlated with 
the intensification rate. This result is in agreement with the 
conceptual model. The simulations with the cloud resolving 
model CM1 also reveal an impact of initial CAPE on inten-
sification. In the high initial CAPE experiment intensification 
starts earlier and is much faster than in the simulation with little 
initial CAPE. Also in CM1 the intensification rate indicates a 
relation to the radial CAPE gradient outside of the RMW. A 
radial CAPE gradient enhances the gradient wind at the surface 
which in turn leads to higher boundary layer inflow and mass 
fluxes into the developing eyewall. For this process unbalanced 

7.  Conclusion

In this study, we investigated the role of CAPE for tropical 
cyclone intensification by using a hierarchy of models having 
different complexity. With the conceptual model we explained 
the possible mechanism of intensification enhancement due to 
CAPE. It is assumed that generated CAPE by surface fluxes 
does not decay immediately by convection. Then, a substan-
tial amount of high entropy air reaches the eyewall where it 
releases the latent heat. There are two aspects for enhanced 
intensification. First the higher amount of latent heat increas-
es the negative radial temperature gradient. Second, the ab-
sence of convection outside the eyewall avoids a decrease of 
the negative radial temperature gradient. Both effects causes 
an increase of gradient wind which accelerates the intensifica-
tion due to a stronger frictional inflow and higher surface heat 
fluxes. The WISHE theory excludes this mechanism since it 
is assumed that convection removes CAPE immediately. We 
challenged this assumption by testing it in two tropical cyclone 
models. The first one is a simple low-order model in which 
the vortex is divided into five regions. We showed that in this 
model the tropical cyclone cannot attain hurricane strength by 
assuming immediate convection although the WISHE mecha-
nism works for small amplitude vortices. The reason for the ab-
sence of substantial intensification is that low entropy air of the 
ambient region gets into the eyewall by the frictionally induced 
secondary circulation. This mechanism forms an effective 
brake for intensification in the low-order model when CAPE 
is not present. On the other hand, it was found that the tropical 
cyclone intensifies significantly when CAPE can be generat-
ed by surface fluxes. Then, the frictionally induced secondary 

Fig. 13. Radial cross section of azimuthally averaged EPT (coloured shadings, K), radial wind (black isolines, contour interval 2 m/s) and vertical 
wind (thick white isolines, contour interval 1 m/s) for CM1 experiment REF at t = 87 h.
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as for the calculation of the time scales for WISHE and the sec-
ondary circulation in the low-order model (see Fig. 3). It can also 
explain the result by Wang and Xu (2010) who found that surface 
fluxes have little impact on the entropy budget in the inner core. 
These arguments show that the radially integrated surface flux-
es of water vapour in the boundary layer is rather an important 
element for intensification than the local surface fluxes below 
the eyewall. Frictionally induced boundary layer inflow must su-
pervene to bring the entropy rich air into the developing eyewall. 
Then, the intensification can also take place when convective 
neutrality is only enforced in the vicinity of the eyewall. That the 
surface transfer coefficient for enthalpy is highly correlated with 
intensification rate in complex models as found by Craig and 
Gray (1996), Gray and Craig (1998) and Emanuel (2012) indeed 
speaks in favour for the preceding and must not be a confirma-
tion of the WISHE models used by these authors.

The results of this study do not mean that a wind-induced 
feedback between surface fluxes and wind intensification cannot 
take place. Montgomery et al. (2015) found that the fastest inten-
sification results in the CM1 model without capped surface heat 
fluxes though the WISHE feedback is not a necessary process 
for intensification. There is still such a feedback loop but it must 
include the role of the frictionally induced secondary circulation 
which transports the high entropy air into the core of the tropical 
cyclone before convection consumes all existing CAPE. More 
evidence for the role of CAPE on tropical cyclone intensification 
could be gained by further investigations with the complex cloud 
resolving model CM1. So far we didn’t show that the reduc-
tion of CAPE by enhanced convection in CM1 would actually 
reduce the intensification as found in the low-order model and 
Ooyama’s model. This could be analysed by the introduction of 
a convective adjustment scheme like that of Betts-Miller (Betts, 
1986). This issue will be investigated in a future study.
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dynamics appear only important in the boundary layer where 
the frictionally induced inflow brings air inside of the RMGW. 
Above the boundary layer the balanced dynamics should be 
quite well satisfied as shown by Bui et al. (2009). From these 
results we propose that a radial gradient of CAPE supports 
tropical cyclone intensification and is possibly a necessary in-
gredient.

There are two types of convection that can occur within a trop-
ical cyclone. The first one is convection induced by frictional 
convergence and the second one occurs due to other processes 
like precipitation induced downdrafts. For the latter we may use 
the term natural convection. Only frictionally induced convec-
tion supports tropical cyclone intensification while natural con-
vection constrains the development because it reduces the entro-
py of the boundary layer air that will eventually be entrained into 
the eyewall. Models may reveal intensification where only fric-
tionally induced convection occur. Besides the original Ooyama 
model, such a scenario can occur in axisymmetric nonhydrostat-
ic models in which latent cooling processes like evaporation, 
sublimation and melting are ignored (see Frisius and Hasselbeck, 
2009). Then, the tropical cyclone intensifies extremely fast (see 
Fig. 3 of Frisius and Hasselbeck, 2009) and it has a large amount 
of CAPE outside the eyewall (see Fig. 10b of Frisius and Hassel-
beck, 2009). On the other hand, with cloud ice microphysics and 
all latent cooling processes included a much slower intensifica-
tion results. Then, irregular natural convection occurs outside of 
the eyewall and it reduces the CAPE (see Fig. 10a of Frisius and 
Hasselbeck, 2009). These results are in good agreement with our 
finding that a short convective time scale τ

C
 has a strong damping 

effect in the low-order model and the Ooyama model. The ab-
sence of intensification in the limit τ

C
 → 0 suggests that the sim-

ple WISHE models by Emanuel (1997), Gray and Craig (1998), 
Frisius (2006) and Emanuel (2012) are not appropriate for under-
standing the intensification. We can understand this in principle 
by a simple scale consideration. Suppose the surface wind speed 
is approximately 30 m/s and the surface transfer coefficient for 
enthalpy has the value C

H
 = 0.0012 as in the CM1 model. Then, 

water vapour enters the atmosphere from below with the diffu-
sion velocity 0.0012 × 30 m/s = 0.036 m/s. In contrast, water 
vapour in the boundary layer is transported radially with a wind 
speed of about 5 m/s inward. Consider a circular ring below the 
eyewall with a vertical depth of 1 km and a radial extension from 
10 km to 20 km. Then, the mass of water vapour that enters this 
volume per time unit by radial advection is 2πr1000 m × 5 m/s 
qρ = 0.817 × 109 kg/s q, where q denotes the specific humidi-
ty and ρ the density having an assumed value of 1.3 kg/m3. On 
the other hand, only a mass of π[(20,000  m)2  –  (10,000  m)2] 
× 0.036 m/s δq

s
ρ = 0.0441 × 109 kg/s δq

s
 evaporates from the 

surface below the circular ring where δq
s
 denotes the specific 

humidity difference between 2 m height and the surface. Obvi-
ously, the secondary circulation dominates the moisture budget 
in the eyewall while the contribution from surface fluxes is quite 
unimportant. This scale analysis is based on the same arguments 
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Notes

  1. � For simplicity we refer the three-layer model to as the Ooyama 
model.

  2. � Montgomery and Smith (2014) found in a three-dimensional 
model that eddy dynamics contribute to the formation of the 
eyewall cloud. On the other hand, Persing et al. (2013) showed that 
the intensification mechanism also works in axisymmetric models 
though the evolution is less coherent in their specific axisymmetric 
model simulations.

  3. � We note that CAPE is not a fluid property, i.e. it does not exclusively 
depend on the properties of the specific fluid parcel. Therefore, 
generation refers to the area integrated CAPE.

  4. � Strictly speaking the Q
j
,
k
 are mass fluxes divided by reference 

density.
  5. � See ‘The governing equations for CM1’ on the web site  

http://www.mmm.ucar.edu/people/bryan/cm1/ for the full equation 
set.

  6. � The model CM1 version 18 with the preconfigured name 
list can be downloaded via the link http://www2.mmm.ucar. 
edu/people/bryan/cm1/cm1r18.tar.gz.

  7. � A copy of the code is provided on the website  
ftp://texmex.mit.edu/pub/ emanuel/TCMAX/.

  8. � We did not calculate SCAPE because its determination is elaborate 
in a three-dimensional flow field. However, we expect that CAPE 
and SCAPE look qualitatively similar. Furthermore, SCAPE is 
always larger than CAPE in a cyclone with outward slanted angular 
momentum surfaces. Therefore, the existence of CAPE proves that 
also SCAPE is nonzero.
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• � Tangential momentum equation of the free atmosphere 
layers

 

• � Radial momentum equation of the boundary layer
 

• � Tangential momentum equation of the boundary layer
 

• � Budget equation for boundary layer EPT
 

• � Continuity equation of the middle layer
 

• � Continuity equation of the upper layer
 

• � Continuity equation of the boundary layer
 

• � Hydrostatic equation of the middle layer
 

• � Hydrostatic equation of the upper layer
 

In these equations H denotes the mean layer depth, P 
the kinematic pressure anomaly, ζ = f + r−1∂(rv)/∂r the ab-
solute vorticity, and g the gravity acceleration. The terms 
D

v,X
, D

h,X
 and D

s,X
 describe the tendencies of quantity X due 

to vertical exchange between the layers, horizontal mixing 
and surface fluxes, respectively. All other notations are as 
in Section 4.
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Appendix A. Governing equations of the Ooyama 
model

The Ooyama model comprises the following governing equations:

• � Radial momentum equation of the free atmosphere layers
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, j = 1, 2,
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